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The balance between carbon outgassing and carbon burial controls Earth’s climate on geological 
timescales. Carbon removal in carbonates consumes both atmospheric carbon and ocean carbonate 
alkalinity sourced from silicate weathering on the land or seafloor. Reverse weathering (RW) refers 
to clay-forming reactions that consume alkalinity but not carbon. If the cations (of alkalinity) end 
up in clay minerals rather than in the carbonates, carbon remains as atmospheric CO2, warming the 
climate. Higher silicate weathering fluxes and warmer temperatures are then required to balance the 
carbon cycle. It has been proposed that high dissolved silica concentrations resulting from the absence 
of ecologically significant biogenic silica precipitation in the Precambrian drove larger RW fluxes than 
today, affecting the climate. Here, we present the first fully coupled carbon-silica cycle model for post-
Hadean Earth history that models climate evolution self-consistently (available as open source code). 
RW fluxes and biogenic silica deposition fluxes are represented using a sediment diagenesis model that 
can reproduce modern conditions. We show that a broad range of climate evolutions are possible but 
most plausible scenarios produce Proterozoic warming (+5 K relative to without RW), which could 
help explain the sustained warmth of the Proterozoic despite lower insolation. RW in the Archean is 
potentially more muted due to a lower land fraction and sedimentation rate. Key model uncertainties are 
the modern reverse weathering flux, the rate coefficient for RW reactions, and the solubility of authigenic 
clays. Consequently, within the large uncertainties, other self-consistent scenarios where Proterozoic RW 
was unimportant cannot be excluded. Progress requires better constraints on parameters governing RW 
reaction rates including explicit consideration of cation-limitations to Precambrian RW, and perhaps new 
inferences from Si or Li isotopes systems.

© 2020 The Authors. Published by Elsevier B.V. This is an open access article under the CC BY license 
(http://creativecommons.org/licenses/by/4.0/).
1. Introduction

The carbon cycle controls Earth’s climate evolution on long 
timescales. Silicate weathering is a temperature dependent net 
sink for atmospheric CO2, and thus provides a natural thermostat 
to buffer Earth’s climate against the secular increase in solar lu-
minosity (Walker et al., 1981). However, this thermostat may be 
modulated by “reverse weathering” reactions that produce clays 
on the seafloor, which consume ocean carbonate alkalinity gener-
ated by silicate weathering, but unlike carbonates do not consume 
atmospheric carbon (Garrels, 1965; Isson et al., 2019; Isson and 
Planavsky, 2018; Mackenzie and Kump, 1995). In this study, we 
investigate whether changes in the reverse weathering flux over 
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Earth history could plausibly have caused a warmer Precambrian 
climate by enabling more CO2 to remain in the atmosphere and 
less carbon to be extracted into carbonates.

Forward weathering of silicates on the continents or seafloor 
can be represented by the following overall reaction, which de-
livers dissolved cations (Ca2+), bicarbonate, and dissolved silica to 
the oceans:

2CO2 + 3H2O + CaSiO3 → Ca2+ + 2HCO−
3 + H4SiO4 (1)

The dissolved cation and alkalinity are ultimately deposited as car-
bonate on the seafloor according to the following reaction:

Ca2+ + 2HCO−
3 → CaCO3 + CO2 + H2O (2)

The net result of equations (1) and (2) is that 1 mol of atmospheric 
CO2 is consumed:

CO2 + 2H2O + CaSiO3 → CaCO3 + H4SiO4 (3)
 under the CC BY license (http://creativecommons.org/licenses/by/4.0/).
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Weathering of the continents and seafloor (equation (1)) is tem-
perature dependent (Coogan and Dosso, 2015; Krissansen-Totton 
and Catling, 2017), and so acts as planetary thermostat. Numerous 
studies have applied carbon cycle models incorporating this conti-
nental weathering buffer—and sometimes with seafloor weathering 
also—to predict Earth’s climate evolution over time (Krissansen-
Totton et al., 2018; Sleep and Zahnle, 2001; Tajika and Matsui, 
1992). Earth’s carbon cycle evolution also controls ocean pH evo-
lution because pH is set by atmospheric CO2 and the inventory 
of dissolved weathering products (Krissansen-Totton et al., 2018; 
Tajika and Matsui, 1992).

The dissolved silicic acid produced by weathering may ulti-
mately precipitate as silica:

H4SiO4 → SiO2(s) + H2O (4)

This silica precipitation could be either biogenic or abiotic. Siever 
(1992) outlined the classic view of the Precambrian silicon cycle 
whereby all silica precipitation is assumed abiotic because biolog-
ical silica precipitation had not yet evolved. Moreover, none of the 
abiotic silica precipitation was primary, but rather formed diage-
netically via silicification of carbonate rocks, absorption by clay 
minerals, or evaporitic precipitation of silica. Ocean dissolved silica 
was assumed to be at silica saturation, or approximately 1500 μM 
(Siever, 1992).

Recent evidence, reviewed by Conley et al. (2017), suggests that 
marine dissolved silica concentrations may have been below amor-
phous silica saturation for part of the Precambrian. Cyanobacteria 
such as Synechococcus precipitate substantial intracellular silica, 
possessing Si:P ratios comparable to that of diatoms (Baines et 
al., 2012). This could explain why Archean cherts formed from 
primary Si grains that precipitated in the water column (Stefu-
rak et al., 2014). There is also compelling phylogenetic evidence 
for active Si transporters emerging in eukaryotes sometime be-
tween the Mesoproterozoic and the Ediacaran (Conley et al., 2017). 
With that said, the extent to which biology modulated the Pre-
cambrian silica cycle is unknown; there is no clear evidence from 
the fossil record to support significant Precambrian biogenic silici-
fication. Moreover, chert is absent from organic rich shales in the 
mid-Proterozoic, contrary to what we would expect if silica precip-
itation from cyanobacteria—the ostensible primary producers—was 
large.

The silica cycle may affect the carbon cycle, climate, and ocean 
pH via reverse weathering reactions (Garrels, 1965; Isson et al., 
2019; Mackenzie and Garrels, 1966; Mackenzie and Kump, 1995). 
Changes in clay-forming reactions could explain the evolution of 
seawater chemistry during the Cenozoic (Dunlea et al., 2017; Hig-
gins and Schrag, 2015). Reverse weathering refers to a variety of 
clay-forming reactions that consume alkalinity without consuming 
carbon, thereby retaining CO2 in the atmosphere-ocean system:

amorphous Al silicate + cation + H4SiO4 + HCO−
3

→ cation Al silicate + CO2 + H2O (5)

cation + H4SiO4 + HCO−
3 → cation silicate + CO2 + H2O (6)

The two alternative equations denote that there are a range of 
reverse weathering reactions, some of which alter cation-poor sil-
icates, while others form silicates from exclusively aqueous re-
actants. The effect of reverse weathering can be understood as 
follows. In the absence of equations (5) or (6), cations and bi-
carbonate generated by continental weathering (equation (1)) will 
eventually form carbonate-bearing rock, thereby removing alkalin-
ity and carbon from the ocean (2). However, if instead reverse 
weathering reactions consume alkalinity, then carbon remains in 
the atmosphere-ocean system. Intuitively, if the reverse weather-
ing flux is large, then a greater flux of forward weathering (and 
therefore higher surface temperatures) are required to ensure car-
bonate burial matches carbon inputs from volcanism.

Considerable uncertainty exists over the magnitude of the mod-
ern reverse weathering flux. Tréguer and De La Rocha (2013) es-
timated the global reverse weathering sink to be 1.5 Tmol Si/yr, 
whereas Laruelle et al. (2009) and Tréguer et al. (1995) provide 
lower estimates of 1.0 Tmol Si/yr and 0.6 Tmol Si/yr, respectively. 
All these estimates are based, in part, on laboratory leaches of sed-
iments to isolate biogenic silica and clays. However, it has recently 
been argued that traditional leaches underestimate authigenic sil-
icates and that cosmogenic 32Si abundances provide a more ac-
curate measure of diagenetic Si deposition (Rahman et al., 2016; 
2017). In fact, Rahman et al. (2017) calculated 4.5-4.9 Tmol Si/yr 
for the modern reverse weathering sink based on 32Si measure-
ments in representative marine sediments. Rahman et al. (2019)
revaluated Si inputs, namely submarine groundwater discharge, 
and concluded that a balanced Si cycle potentially requires an even 
larger reverse weathering sink. It should be noted, however, that 
these large reverse weathering estimates are based on extrapola-
tions from a limited number of sites.

Even if reverse weathering is not a major silica sink today, in 
the Precambrian before the advent of ecologically significant bio-
genic silica precipitation, ocean silica concentrations were likely 
elevated (Conley et al., 2017; Siever, 1992). Isson and Planavsky 
(2018) argued that these elevated silica levels may have increased 
the reverse weathering flux, maintained high levels of CO2, and 
warmed the Precambrian climate. A sediment diagenesis model 
coupled to a carbon cycle model was used to show high Precam-
brian pCO2, thereby helping to explain the apparent lack of glacial 
deposits in the mid Proterozoic (Kasting, 2005). Additionally, Isson 
and Planavsky (2018) proposed that reverse weathering is strongly 
pH dependent, and thus may have buffered ocean pH and CO2 dur-
ing the Precambrian.

Here, we investigate the role of reverse weathering on Earth’s 
climate evolution by applying the first fully coupled carbon-silicon 
cycle model across all of Earth’s history. We believe this is an im-
provement over imposing dissolved silica concentrations through 
time (e.g. Isson and Planavsky, 2018) because it explicitly and self-
consistently balances carbon fluxes, alkalinity fluxes, and silicon 
fluxes. We also considered a range of initial (modern) conditions 
for modern reverse weathering fluxes, reflecting literature esti-
mates. As noted above, recent papers have argued that the mod-
ern reverse weathering flux is considerably larger than traditional 
estimates. If true, this makes unlikely a large change in reverse 
weathering—and therefore a change in climate—across the Precam-
brian/Phanerozoic boundary.

2. Methods

2.1. Carbon-silica cycle model

We coupled the carbon cycle model from Krissansen-Totton et 
al. (2018) to a new model of silicon cycling. The updated Python 
code is available on the lead author’s Github upon publication. The 
biogenic silica sink flux, Fbio (mol Si/yr), and authigenic clay re-
verse weathering sink flux, FRW (mol Si/yr), are parameterized us-
ing a sediment diagenesis model described below. The abiotic silica 
sink flux, FAbio (mol Si/yr), is related to dissolved silica concentra-
tions in the ocean, whereas dissolved silica sources are dependent 
on continental weathering flux, Fsil (mol C/yr), and seafloor weath-
ering flux, Fdiss (mol C/yr). The evolution of dissolved silica in the 
ocean is determined by the following equation:

d[Si]
dt

= RSil:Alk(FW) (2Fsil + 2Fdiss) /M O

− (Fbio + FRW + FAbio) /M O (7)
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Here, RSil:Alk(FW) is the stoichiometric ratio of silicon to alkalinity 
release by continental and seafloor (forward) weathering reactions, 
which is assumed to be 0.5 (equation (1)). A factor of 2 is required 
to convert the equivalent carbon weathering fluxes to alkalinity 
fluxes. [Si] is the concentration of dissolved silica in the ocean 
(mol/kg) and M O is the mass of the ocean (kg).

The abiotic silica sink, FAbio, is parameterized using a power 
law dependent on silica saturation, as described in Appendix B. 
The only unknown parameter in the equation describing abiotic 
silica precipitation flux is the reaction coefficient, which was cho-
sen to reproduce estimated Precambrian [Si] levels (Conley et al., 
2017). However, our results are relatively insensitive to the choice 
of this coefficient (not shown). Note that estimated Precambrian 
[Si] levels (Conley et al., 2017) are potentially below amorphous 
silica saturation (Siever, 1992) because (i) Fe-Si gels, which likely 
precipitated in Precambrian oceans, have Si solubility below that of 
amorphous silica, and (ii) the Si homeostasis mechanisms of some 
cyanobacteria such as Synechococcus results in intracellular silica 
precipitation that may have decreased Precambrian [Si], although 
note the counterarguments to Precambrian biogenic silicification 
described above. In any case, whether the reaction coefficient is 
chosen to reproduce saturated or slightly undersaturated Precam-
brian dissolved silica does not strongly affect our results (the error 
envelope of model outputs tends to overlap with saturated [Si] lev-
els).

The silica cycle is coupled to the carbon cycle model by adding 
a reverse weathering term to the ocean alkalinity budget:

dA O

dt
= − J (A O − A P )

M O
+ 2

Fsil

M O
+ 2

Fcarb

M O
− 2

Pocean

M O

− RAlk:Si(RW) FRW

M O
(8)

Here, R Alk:Si(RW ) is the ratio of alkalinity to silicon consumed 
by reverse weathering reactions. A range of 2 to 4 (Isson and 
Planavsky, 2018) is uniformly sampled in our carbon cycle calcu-
lations. Other terms in the ocean alkalinity budget are the same 
as in Krissansen-Totton et al. (2018): A O is ocean alkalinity (mol 
eq kg−1), A P is pore space alkalinity (mol eq kg−1), J is a mixing 
term with the pore space (kg yr−1), Fcarb is the carbonate weath-
ering flux (mol C yr−1), and Pocean is carbonate precipitation in the 
ocean (mol C yr−1). Appendix B contains the complete set of equa-
tions governing carbon, alkalinity, and silica fluxes in the model.

Unless stated otherwise, all nominal model outputs assumed 
negligible atmospheric methane throughout Earth history to high-
light the dynamics of CO2 cycling and reverse weathering. How-
ever, planetary redox budget considerations (Catling et al., 2001) 
and recent direct inferences of Archean rates of hydrogen escape to 
space from Xe isotopes (Zahnle et al., 2019) coupled with geologic 
evidence for low levels of tropospheric H2 (Kadoya and Catling, 
2019), all suggest high levels (∼0.5%) of methane in the Archean. 
We thus also present carbon-silica cycle outputs in supplementary 
materials with a modified climate model where 100 ppm and 1% 
methane are imposed in the Proterozoic and Archean, respectively 
(Krissansen-Totton et al., 2018).

2.2. Sediment diagenesis model

A sediment diagenesis model is used to calculate biogenic sil-
ica burial and reverse weathering fluxes. This model is not in-
tended to be an exhaustive treatment of diagenetic processes in 
marine sediments. Instead, the model is presented as a plausible, 
self-consistent set of calculations that illustrates a wide range of 
outcomes due to uncertainties in key parameters.

We implemented a three-component reaction-diffusion model 
that tracks dissolved silica, biogenic silica, and authigenic clays as 
Fig. 1. Schematic diagram showing sediment diagenesis model with typical vertical 
profiles for dissolved silica concentrations (red lines) and silica in authigenic clays 
(green lines). Solid lines denote representative Precambrian profiles where ocean 
silica concentrations are high due to the absence of biogenic silica precipitation and 
decrease with depth in sediments due to conversion to authigenic clays. Dashed 
lines denote typical Phanerozoic values where dissolved silica concentrations are 
low in the ocean but increase with depth in sediments due to the dissolution of 
biogenic silica. (For interpretation of the colors in the figure(s), the reader is referred 
to the web version of this article.)

a function of depth in sediments. A full description of the sed-
iment diagenesis model is given in the supplementary materials 
(Appendix C). Here, we provide the key equation governing au-
thigenic clays formed via reverse weathering. The rate of reverse 
weathering (μmol/cm3/s) is described by:

f R
(
C Si, x, Aclay, zA

) =⎧⎪⎪⎪⎨
⎪⎪⎪⎩

0, where C Si ≤ S A

kRW
(
exp(−x/zA) + 10−5

)(
C Si
S A

− 1
)

, where C Si > S A

0, where Aclay > 50 wt.%
of sediments

(9)

Here, x (cm) is sediment depth, C Si (μmol/cm3) is dissolved sil-
ica concentration, Aclay (in wt.%) is the concentration of reverse 
weathering clays in sediments. The sediment model is illustrated 
in Fig. 1. The three variables that have the strongest influence on 
the reverse weathering flux over Earth history are:

1) kRW (μmol/cm3/s), the reaction coefficient for reverse weath-
ering reactions,

2) zA (cm), the e-folding depth governing the decrease in reverse 
weathering with depth,

3) S A (μmol/cm3), the solubility of authigenic silicates.

These three variables are uncertain and may vary spatially due 
to differences in cation availability, sedimentation rates, and sedi-
ment porewater chemistry.

The literature has various estimates for the rate coefficient 
for reverse weathering reactions. Ehlert et al. (2016) fit a sed-
iment diagenesis model to sediment core data from the Peru-
vian shelf to obtain a reverse weathering coefficient of kRW =
3.5 × 10−6 μmol/cm3/s (110 μmol/cm3/yr). Isson and Planavsky 
(2018) assumed kRW is pH-dependent and ranged from approxi-
mately 5 × 10−7 μmol/cm3/s (pH = 8.0) to 5 × 10−9 μmol/cm3/s



4 J. Krissansen-Totton, D.C. Catling / Earth and Planetary Science Letters 537 (2020) 116181

Table 1
Choices for key parameters controlling reverse weathering fluxes. Bold are fitted to modern conditions using inverse methods, unbolded were chosen heuristically to fit 
modern conditions. Here, T&D MCs refers to modern conditions matching modern silica cycle flux estimates from Tréguer and De La Rocha (2013), whereas Rahman MCs 
refers to modern conditions matching modern silica cycle flux estimates from Rahman et al. (2017). Remaining parameters are shown in Table S1 in Appendix E.

Scenario Reverse weathering reaction coefficient, kRW

(μmol/cm3/s)
Plausible range: 4 × 10−6 to 10−10

Authigenic silicate solubility, S A

(mM)
Plausible range: 0.20-1.0

e-folding depth of reverse weathering, zA

(cm)
Plausible range: 1-1000

Proximal 
coastal

Distal 
coastal

Open 
ocean

Proximal 
coastal

Distal 
coastal

Open 
ocean

Proximal 
coastal

Distal 
coastal

Open 
ocean

Fig. 2 (T&D MCs): Not 
self-consistent. RW 
imposed from 
Isson and 
Planavsky (2018)

N/A N/A N/A N/A N/A N/A N/A N/A N/A

Fig. 3 (T&D MCs): 
Nominal self-consistent 
model with low 
modern reverse 
weathering

10−6 10−7 10−8 0.25 0.25 0.25 1.42 1.42 1.42

Fig. 4 (Rahman MCs): 
Nominal self-consistent 
model with high 
modern reverse 
weathering

3.9 × 10−6 3 × 10−9 3 × 10−7 0.25 0.25 0.25 1.42 1.42 1.42

Fig. 5 (T&D MCs): RW 
parameters chosen to 
minimize RW in 
Precambrian

9.8 × 10−9 7.1 × 10−9 1.8 × 10−7 0.23 0.40 0.63 201 6.2 283

Fig. 6 (T&D MCs): RW 
parameters chosen to 
maximize RW in 
Precambrian

4 × 10−6 2 × 10−6 10−6 0.3 0.3 0.8 201 6.2 283

Fig. 7 (T&D MCs): No 
supply limit for RW

1.8 × 10−06 5.4 × 10−7 5.7 × 10−9 0.6 0.9 0.82 8.3 10.4 420
(pH = 6.5). For comparison, silicon uptake rates in Amazon delta 
sediments are around 1.3 × 10−6 μmol/cm3/s (Michalopoulos and 
Aller, 2004), which suggest an effective kRW around this order of 
magnitude for dissolved silica levels comparable to authigenic clay 
saturation. In contrast, silica consumption rates in sediment cores 
from the Sea of Okhotsk are around 10−10 to 10−11 μmol/cm3/s
(Wallmann et al., 2008), therefore implying much smaller values 
for kRW . When fitting kRW we therefore assumed a log uniform 
prior from 3.8 × 10−6 to 10−10 μmol/cm3/s. Isson and Planavsky 
(2018) assumed that kRW is strongly pH dependent, with a pH22

rate law. This is based on a polynomial fit to greenalite nucle-
ation experiments in Tosca et al. (2016, their Fig. 2b), where a 
strong pH dependence is attributable to the exponential depen-
dence of nucleation on saturation state (Rasmussen et al., 2019). 
Whether this saturation state dependence reflects the overall pH 
dependence of reverse weathering depends on whether reverse 
weathering is dominated by nucleation or crystal growth domi-
nated. In any case, greenalite precipitation drops to zero at pH 
values <∼7.0. However, sediments in alkaline lakes such as Lake 
Turkana in Kenya (pH∼9.2) undergo extensive reverse weathering 
as evidenced by alkalinity consumption not associated with car-
bonate formation (Yuretich and Cerling, 1983). Thus, we explore 
the addition of a strong pH dependence of reverse weathering in 
our analysis but find that it is less important than changing bio-
genic silica precipitation and dissolved silica concentrations in the 
ocean (Appendix A).

The solubility of authigenic silicates, S A , varies with clay com-
position and porewater chemistry. For authigenic clays formed 
by opal alteration, solubility estimates range from 0.22 μmol/cm3

(Loucaides et al., 2010) to 0.33 μmol/cm3 (Dixit et al., 2001). In 
Amazon delta sediments, dissolved silica asymptotes to around 
0.5 μmol/cm3, which suggests a comparable value for authigenic 
clay solubility (Michalopoulos and Aller, 2004). Isson and Planavsky 
(2018) estimate S A using pH-dependent greenalite solubility de-
rived from Tosca et al. (2016). For plausible Precambrian Fe2+ con-
centrations, S A (greenalite) ranges from 0.01 μmol/cm3 (pH = 8) 
to 2.0 μmol/cm3 (pH = 7.25) (Tosca et al., 2016, Fig. 13). Greenalite 
does not precipitate at pH < 7.25 because its solubility is greater 
than amorphous silica solubility. We adopt a uniform prior for S A

(average for all authigenic clays) ranging from 0.2 μmol/cm3 to 
1.0 μmol/cm3 (0.2-0.1 mM) when fitting S A .

There is also uncertainty in the e-folding depth of reverse 
weathering, zA . Reverse weathering reactions may decline with 
depth in sediments due to consumption of cations, especially alu-
minum (Ehlert et al., 2016), porosity decrease, or pH decrease. 
Ehlert et al. (2016) derive a value of zA = 1.4 cm from fitting a 
sediment diagenesis model to sediment core data. However, Wall-
mann et al. (2008) reported reverse weathering increasing across 
the top 1-2 m of sediments, which would imply zA values that are 
very large (effectively no decay in reaction rate with depth). We 
adopt a log uniform prior for zA from 1 cm to 1000 cm when fit-
ting zA .

The model ocean is partitioned into the proximal continental 
shelf (∼0.5% seafloor area), distal continental shelf (∼7.5% seafloor 
area) and open ocean (∼92% seafloor area) to allow for different 
sedimentation rates and kinetics in these different settings (see 
supplementary materials for details).

Sediment diagenesis parameters such as dissolution reaction 
coefficients, the exponential decay of biogenic silica dissolution 
due to opal maturation and porosity decline, the exponential decay 
of authigenic clay formation due to cation availability and poros-
ity decline, and the mean biogenic flux are not known exactly, 
but instead have plausible ranges. Point estimates were chosen 
to reproduce modern conditions such as the correct biogenic sil-
ica burial fluxes, reverse weathering fluxes, approximate [Si] and 
biogenic silica concentrations at depth, and the ratio of biogenic 
sedimentation to permanent silica burial. This was either done 
heuristically or with a Markov Chain Monte Carlo (MCMC) retrieval 
depending on the case considered. Appendix E explains these es-
timates and procedures in detail, whereas Table 1 summarizes the 



J. Krissansen-Totton, D.C. Catling / Earth and Planetary Science Letters 537 (2020) 116181 5

Fig. 2. Carbon cycle and climate evolution over Earth history with imposed reverse weathering, which is an illustrative case only because the silica cycle is not self-
consistent. The solid blue and dashed blue lines show the median and 95% confidence intervals, respectively, for our nominal carbon cycle evolution assuming negligible 
reverse weathering throughout Earth history (Krissansen-Totton et al., 2018). The solid black line and gray shaded regions show the median and 95% confidence intervals, 
respectively, from the same carbon cycle model modified to include a reverse weathering flux as a fraction of the total dissolved silica sink (C), imposed by adopting 
the median frw curve in Isson and Planavsky (2018). Elevated reverse weathering in the Proterozoic leads to somewhat higher atmospheric CO2 (B) and temperature (D) 
envelopes. Subfigure (E) shows how the continental silicate weathering flux (black line and gray shaded) is higher in the Precambrian to balance the carbon cycle under 
elevated reverse weathering (red shaded). Individual data points represent proxy data, which are described in detail in Krissansen-Totton et al. (2018).
reverse weathering parameter choices for the analyses presented 
in the main text.

The sediment diagenesis model produces (i) reverse weathering 
as a function of [Si] and biogenic silica precipitation as a func-
tion of [Si] for cases with biogenic silica deposition (Phanerozoic) 
and (ii) reverse weathering as a function of [Si] for no biogenic sil-
ica deposition. We fit 1D polynomials to these diagenesis model 
outputs to avoid calling the sediment diagenesis model in carbon 
cycle calculations (Appendix C). Since we are focusing on changes 
between the Proterozoic and Phanerozoic, we do not consider the 
effect of biological innovations during the Phanerozoic. Instead, we 
adopt parameterization (i) to determine reverse weathering and 
biogenic silica fluxes during the Phanerozoic, and smoothly tran-
sition to function (ii) over the preceding 0.5 Ga (Appendix C). 
Function (ii) governs reverse weathering for the remaining Pre-
cambrian. This transition was chosen to reflect recent estimates of 
the timing of the emergence of biogenic silica precipitation in the 
Neoproterozoic (Conley et al., 2017), although there is still consid-
erable uncertainty in this timing (see Section 1).

3. Results

The first results (Fig. 2) are illustrative and did not use the 
self-consistent, coupled C-Si cycle model described above. Instead, 
we imposed the reverse weathering flux through time using the 
average reverse weathering fraction ( frw ) curve derived in Isson 
and Planavsky (2018) and incorporated this into our carbon cy-
cle model (Krissansen-Totton et al., 2018). Here, frw is the fraction 
of total Si consumed through reverse weathering that Isson and 
Planavsky (2018) calculated from their sediment diagenesis model 
and an assumed seawater silica concentrations curve through time. 
The results in Fig. 2 show a comparison to carbon cycle outputs 
where reverse weathering is assumed to be negligible throughout 
Earth history. Consistent with the carbon cycle calculations of Is-
son and Planavsky (2018), we find increased reverse weathering 
in the Precambrian results in higher CO2 and temperatures than 
in the negligible reverse weathering case. However, Earth’s overall 
climate evolution is not dramatically changed by the inclusion of 
reverse weathering in this scenario. This is due to (i) the large un-
certainties in other carbon cycle parameterizations drowning out 
the reverse weathering transition at 0.5-1.0 Ga, and (ii) our carbon 
cycle model being intrinsically less sensitive to reverse weathering 
changes than that of Isson and Planavsky (2018) (see Appendix F 
for detailed comparative calculations).

Next, we show the results of our self-consistent, coupled C-
Si cycle model where reverse weathering and biogenic silica de-
position are parameterized using our sediment diagenesis model. 
These model outputs are shown in Fig. 3. In this nominal sce-
nario, reaction coefficients and boundary conditions in the sedi-
ment diagenesis model were chosen to correctly produce modern 
silica cycle fluxes as estimated by Tréguer and De La Rocha (2013), 
and to approximately reproduce the fractional reverse weathering 
history in Isson and Planavsky (2018) to test its self-consistency 
(compare Fig. 2(C) to Fig. 3(I)). This model produces dissolved sil-
ica abundances through time (Fig. 3(H)) consistent with literature 
estimates (Conley et al., 2017). In the Archean, reverse weather-
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Fig. 3. Carbon cycle and climate evolution over Earth history with self-consistent silica cycle evolution. The solid blue and dashed blue lines denote the negligible reverse 
weathering run as in Fig. 2. Grey, blue, and red shaded regions denote 95% confidence intervals for the carbon-silica cycle model with reverse weathering. Subfigure (G) 
shows biogenic silica (black), abiotic silica precipitation (blue) and reverse weathering (red) silica sink fluxes. Subfigure (H) shows the dissolved silica concentration in the 
ocean, and (I) shows the reverse weathering flux as a fraction of the total silica sink. Grey, blue, and red shaded regions denote 95% confidence intervals for carbon and 
silicon cycle variables. As in Fig. 2, the Proterozoic climate is warmer due to the elevated reverse weathering flux.
ing is lower than in the Proterozoic (Fig. 3(E)) because reverse 
weathering fluxes are controlled by sedimentation rates, and these 
are assumed to be proportional to continental land fraction. Pre-
cambrian sedimentation rates and the precise functional relation-
ship between continental land fraction and global sedimentation 
rates are unknown (Eriksson et al., 2013; Veizer and Mackenzie, 
2003), but our assumed proportionality captures the expectation 
that siliciclastic deposition would be lessened with smaller sub-
aerial continental area. Proterozoic temperature (Fig. 3(D)) and 
pCO2 (Fig. 3(B)) are made higher by including reverse weathering.
Fig. 2 and 3 suggest that elevated reverse weathering warmed 
Earth’s climate by ∼3-6 K in the Proterozoic. However, this result 
is sensitive to parameter choices and functional dependencies in 
the sediment diagenesis model, in addition to assumptions about 
initial (modern) conditions.

It is possible to create plausible model runs that show a dif-
ferent climate history. For example, Fig. 4 shows coupled C-Si 
cycle outputs where the modern Si cycle fluxes follow recent es-
timates described in Rahman et al. (2017). Here, the modern re-
verse weathering flux is considerably higher than early estimates 
by Tréguer and De La Rocha (2013) (4.5-4.9 Tmol Si/yr vs. 1.5 
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Fig. 4. Carbon cycle and climate evolution over Earth history with self-consistent silica cycle evolution and modern silica fluxes and parameters fitted to match Rahman et 
al. (2017). Grey, blue, and red shaded regions denote 95% confidence intervals for the carbon-silica cycle model with reverse weathering. Subfigure (G) shows biogenic silica 
(black), abiotic silica precipitation (blue) and reverse weathering (red) silica sink fluxes. Subfigure (H) shows the dissolved silica concentration in the ocean, and (I) shows 
the reverse weathering flux as a fraction of the total silica sink. Grey, blue, and red shaded regions denote 95% confidence intervals for carbon and silicon cycle variables. In 
this scenario, the modern reverse weathering flux is relatively large, and so there is only a modest change in reverse weathering between the Proterozoic and Phanerozoic. 
Consequently, surface temperature and CO2 evolutions are comparable to the negligible reverse weathering case (solid blue and dashed blue lines).
Tmol/yr). The reaction coefficients were fitted to reproduce these 
modern conditions in Fig. 4 (see Appendix E for details). Simi-
larly, Fig. 5 shows another example where reverse weathering has 
a minor effect on Earth’s climate history. As in Fig. 3, we produce 
Tréguer and De La Rocha (2013) modern conditions, but in this 
case the fitted parameters ensured a negligible change in the re-
verse weathering flux between the Proterozoic and Phanerozoic.

It is also possible to select parameters from within the plau-
sible ranges in Table 1 to deliberately engineer a large change in 
reverse weathering (Fig. 6). In this scenario, the Proterozoic is ∼15 
K warmer than if reverse weathering were negligible. This would 
require some analyses of Proterozoic paleosols to have underesti-
mated pCO2 (Sheldon, 2006). The Proterozoic continental silicate 
weathering fluxes are 3-10 times higher than modern weathering 
fluxes in Fig. 6. This probably does not exceed the theoretical sil-
icate weathering upper limit set by the supply of erodible rock, 
which is around 1000 Tmol/yr for modern Earth-like land fractions 
(Foley, 2015). However, if global weathering fluxes were as large 
as Fig. 6(E) suggests, then a larger fraction of the Earth’s weather-
able surface might become supply-limited, thereby decreasing the 
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Fig. 5. Carbon cycle and climate evolution over Earth history with self-consistent silica cycle evolution and modern silica fluxes and parameters fitted to match Tréguer and 
De La Rocha (2013). The solid blue and dashed blue lines denote the negligible reverse weathering run as in Fig. 2. Grey, blue, and red shaded regions denote 95% confidence 
intervals for the carbon-silica cycle model with reverse weathering. Subfigure (G) shows biogenic silica (black), abiotic silica precipitation (blue) and reverse weathering (red) 
silica sink fluxes. Subfigure (H) shows the dissolved silica concentration in the ocean, and (I) shows the reverse weathering flux as a fraction of the total silica sink. Grey, 
blue, and red shaded regions denote 95% confidence intervals for carbon and silicon cycle variables. In this scenario, the reverse weathering flux is relatively insensitive to 
changes in the dissolved silica content of the ocean, and so there is only a modest change in reverse weathering between the Proterozoic and Phanerozoic. Consequently, 
surface temperature and CO2 evolutions are nearly identical to the negligible reverse weathering case.
sensitivity of global weathering to climate, and resulting in even 
higher temperatures and pCO2 levels. For these reasons, we be-
lieve the scenarios presented in Fig. 3, 4, and 5 are more likely 
than the extreme Proterozoic warming in Fig. 6.

The sensitivity of these results to the pH-dependence of reverse 
weathering and Precambrian methane levels are discussed in Ap-
pendix A. In general, absolute changes in pH are small, and so the 
effect of a pH dependence proposed by Isson and Planavsky (2018)
is minor (Fig. S1). This result is further validated by considering a 
more mechanistic diagenesis model that explicitly captures organic 
matter remineralization, dissolved inorganic carbon, carbonate al-
kalinity, and pH as a function of depth in anoxic sediments (Ap-
pendices A and C). Similarly, imposing high Precambrian methane 
levels results in somewhat higher temperatures and lower CO2

levels, but does not dramatically change the climate evolution sce-
narios outlined above (Fig. S2).

Finally, it should be noted that the diminished effect of re-
verse weathering in the Archean is not guaranteed. If the model 
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Fig. 6. Carbon cycle and climate evolution over Earth history with self-consistent silica cycle evolution and modern silica fluxes and parameters chosen to match Tréguer and 
De La Rocha (2013) and to maximize the effect of reverse weathering in the Precambrian. The solid blue and dashed blue lines denote the negligible reverse weathering run 
as in Fig. 2. Grey, blue, and red shaded regions denote 95% confidence intervals for the carbon-silica cycle model with reverse weathering. Subfigure (G) shows biogenic silica 
(black), abiotic silica precipitation (blue) and reverse weathering (red) silica sink fluxes. Subfigure (H) shows the dissolved silica concentration in the ocean, and (I) shows 
the reverse weathering flux as a fraction of the total silica sink. Grey, blue, and red shaded regions denote 95% confidence intervals for carbon and silicon cycle variables. In 
this scenario, the reverse weathering flux is sensitive to changes in ocean dissolved silica content (kRW values are large and S A values are low). Consequently, Proterozoic 
pCO2 and temperatures are very high.
is modified to remove any supply limit for and land fraction de-
pendence of reverse weathering, then surface temperatures are 
warmer throughout the entire Precambrian, relative to the no re-
verse weathering case (Fig. 7). Whether Fig. 7 or Fig. 3–6 are bet-
ter representations of Earth’s climate evolution depends on which 
reverse weathering reactions dominated the global flux. Modern 
sediments with high silica concentrations are limited by terrige-
nous mineral supply (Ehlert et al., 2016; Van Cappellen and Qiu, 
1997), but it is unclear whether Precambrian sediments would be 
similarly supply limited.
4. Discussion

Why is there so much variability in our model outputs? Equa-
tion (9) for the sediment diagenesis model has reverse weathering 
linearly proportional to dissolved silica content. Ocean dissolved 
silica is estimated to have decreased by a factor of ∼20 during 
the transition from the Precambrian to Phanerozoic (Conley et al., 
2017), and so we might naively expect the Precambrian reverse 
weathering flux to be much higher than the modern flux. How-
ever, global compilations reveal that the dissolved silica content in 
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Fig. 7. Carbon cycle and climate evolution over Earth history with self-consistent silica cycle evolution and modern silica fluxes and parameters chosen to match Tréguer and 
De La Rocha (2013) and with no supply limit on reverse weathering. This represents a scenario where the dominant Precambrian reverse weathering reactions nucleate clays 
from solution and do not require sedimentary precursors (eq. (6)). The solid blue and dashed blue lines denote the negligible reverse weathering run as in Fig. 2. Grey, blue, 
and red shaded regions denote 95% confidence intervals for the carbon-silica cycle model with reverse weathering. Subfigure (G) shows biogenic silica (black), abiotic silica 
precipitation (blue) and reverse weathering (red) silica sink fluxes. Subfigure (H) shows the dissolved silica concentration in the ocean, and (I) shows the reverse weathering 
flux as a fraction of the total silica sink. Grey, blue, and red shaded regions denote 95% confidence intervals for carbon and silicon cycle variables. Here, the absence of supply 
limit means that even in the Archean when the subaerial land fraction was smaller than today, the effect of reverse weathering on climate is potentially significant.
modern ocean sediments–which is what controls reverse weath-
ering rates–is typically a few hundred μM (Frings, 2017; Isson 
and Planavsky, 2018). These elevated abundances relative to the 
ocean concentrations are due to the dissolution of biogenic sil-
ica (Ehlert et al., 2016). Additionally, Precambrian ocean dissolved 
silica concentration may have been below amorphous silica sat-
uration (Conley et al., 2017). These factors combined mean that 
dissolved silica concentrations in Precambrian sediments were, at 
most, only a factor of a few higher than in modern sediments. 
Furthermore, sedimentation rates across most of the open ocean 
are low, and so reverse weathering reactions in the Precambrian 
often become supply limited across much of the seafloor (see sup-
plementary figures), although even if this supply limit is omitted 
the reverse weathering response to changed [Si] is less than lin-
ear (Fig. 7). A linear relationship between reverse weathering and 
dissolved silica content likely only held under high sedimentation 
rates on the continental shelf.

Considerable uncertainty in the reaction coefficient, kRW , and 
the solubility of authigenic clays, S A , also contribute to variability 
in model results. If the reaction coefficient, kRW , falls at the lower 
end of the nominal range, then the change in reverse weathering 
that results from increasing ocean dissolved silica concentration is 
modest (Table 1). Similarly, high authigenic silicate saturation, S A , 
ensures a less than linear response in reverse weathering to an 
increase in dissolved ocean silica concentration (Table 1).

The model outputs presented in this study suggest enhanced 
reverse weathering could have warmed the Proterozoic by ∼5 K 
(Fig. 3). Alternatively, negligible Proterozoic warming (Fig. 4 and 5) 
and dramatic warming of ∼15 K (Fig. 6) are also possible, although 
the latter scenario is probably the least likely because it contradicts 
Proterozoic CO2 proxies (Sheldon, 2006) and predicts dramatically 
enhanced continental weathering fluxes.

Model uncertainty is caused, in part, by the wide range of es-
timates of the modern reverse weathering flux. If the modern flux 
is large, as suggested by Rahman et al. (2017) and illustrated in 
our Fig. 4, then there is less capacity for a dramatic increase in 
reverse weathering fraction at the Phanerozoic-Proterozoic bound-
ary. However, when considering different estimates for the modern 
reverse weathering flux, the broader implications for the modern 
carbon and alkalinity budgets must be considered. One potential 
problem with the large reverse weathering fluxes proposed in Rah-
man et al. (2017) is that for both the modern silica and carbon 
cycles to be balanced, the modern carbon outgassing flux must be 
3-7 Tmol C/yr (Fig. 4). If a larger portion of the alkalinity sourced 
from the weathering of silicates and carbonates is consumed by 
reverse weathering, then the resulting lowered carbonate burial 
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results implies lower outgassing to balance the carbon budget. 
This required outgassing flux is low compared to most estimates, 
which converge around 6-10 Tmol C/yr (Berner, 2004; Lee and 
Lackey, 2015). Another important caveat here is that our model-
ing framework implicitly assumes that all forms of alkalinity are 
interchangeable. In practice, an elevated modern reverse weather-
ing sinks for K+ cations may not affect the carbon budget because 
K+ does not contribute to carbonate sinks, and therefore elevated 
K-rich clays may only require a larger riverine supply from con-
tinental weathering. Better empirical constraints are needed not 
only on the total modern reverse weathering flux, but also on the 
individual cation contributions, as well as the possible effect of 
cation-exchange reactions in both sedimentary and hydrothermal 
systems.

Kanzaki and Murakami (2018a) developed a detailed silicate 
weathering model to calculate how the temperature dependence of 
silicate weathering changes as a function of atmospheric composi-
tion. Specifically, higher pCO2 results in a lower effective activation 
energy for silicate weathering and therefore a weaker weathering 
feedback (Kanzaki and Murakami, 2018b). We do not consider this 
feedback in this study to isolate the effect of reverse weathering. 
For plausible Precambrian pCO2 ranges (10−3 to 1 atm), the weath-
ering model presented in Kanzaki and Murakami (2018b) predicts 
effective activation energies ranging from ∼140 kJ/mol to ∼14 
kJ/mol, which corresponds to e-folding temperatures ranging from 
5 K to 45 K. The combined uncertainties in the CO2-dependence 
and temperature dependence of continental weathering in our 
model (Krissansen-Totton et al., 2018) effectively encompass this 
range of e-folding temperatures.

In contrast to evidence for snowball episodes in the Neopro-
terozoic and early Paleoproterozoic, the apparent absence of glacia-
tion between 1.0-1.8 Ga has typically been interpreted as implying 
a persistently warm mid-Proterozoic climate (Kasting, 2005). This 
is difficult to reconcile with lower solar luminosity and Proterozoic 
pCO2 estimates from paleosols (Sheldon, 2006), and so hypotheses 
for warming the Proterozoic have been proposed such as elevated 
atmospheric methane (Catling et al., 2002; Pavlov et al., 2003) 
or nitrous oxide (Buick, 2007; Roberson et al., 2011; Stanton et 
al., 2018). The extent to which marine sulfate and/or inefficient 
degradation of organic matter may have prevented Proterozoic at-
mospheric CH4 accumulation (Fakhraee et al., 2019; Laakso and 
Schrag, 2019; Olson et al., 2016), and the possible contribution 
from terrestrial CH4 fluxes (Zhao et al., 2017) are subjects of ongo-
ing debate.

This study, and that of Isson and Planavsky (2018), suggest that 
elevated reverse weathering could easily provide ∼5 K warming in 
the Proterozoic, thereby helping explain mid-Proterozoic warmth. 
The decline in ocean dissolved silica concentrations in the Neopro-
terozoic and Paleozoic caused by the rise of ecologically significant 
biogenic silica precipitation results in cooling (e.g. Fig. 3, 6, S2) ap-
proximately coincident with Neoproterozoic snowball episodes, al-
though note that the emergence of ecologically significant biogenic 
silica precipitation may postdate snowball episodes (see section 1). 
Our nominal model outputs predict a diminished role for reverse 
weathering—and therefore no additional warming—in the Archean 
due to lower continental land fraction (Korenaga et al., 2017) and 
increasing total carbon throughput (Marty et al., 2019). Alterna-
tively, if reverse weathering is not limited by the supply of silicates 
from the continents, then reverse weathering may also contribute 
to warmer temperatures in the Archean (Fig. 7). Finally, it should 
be noted that elevated Proterozoic temperatures are not necessar-
ily required by our model (e.g. Fig. 4, 5), and may not even be 
necessary given proposed evidence for mid-Proterozoic glaciation 
(Geboy et al., 2013; Kuipers et al., 2013), although some purported 
mid Proterozoic glaciations may in fact be Neoproterozoic in age 
(Alvarenga et al., 2019).
Our results are highly sensitive to unconstrained parameters in 
sedimentary diagenesis models, and so additional empirical con-
straints are required to determine the importance of Precambrian 
reverse weathering for Earth’s carbon cycle evolution and possi-
ble contribution to Proterozoic warmth. Possible constraints could 
come from Si isotopes, better quantification of clay minerals in the 
Precambrian, or an improved mechanistic understanding of diage-
netic processes, which we discuss subsequently, in turn.

Trower and Fischer (2019) performed an inverse analysis of Si 
isotope data over Earth history to predict the silica clay sink as 
a fraction of total silica deposition over Earth history. This cannot 
be used to constrain reverse weathering through time because this 
total clay deposition term does not differentiate between authi-
genic clay formation that consumes alkalinity (i.e. reverse weather-
ing), and clay formation that produces alkalinity (kaolinite-forming 
weathering reactions). Since the Si isotopic abundance of the authi-
genic clay reservoir through time is unknown, the isotope system 
cannot be solved to isolate the reverse weathering fraction (Trower 
and Fischer, 2019). Instead, Trower and Fischer (2019) adopted the 
frw curve in Isson and Planavsky (2018) to predict the Si isotopic 
ratio of the authigenic clay reverse weathering reservoir through 
time. The frw model outputs presented in the various scenarios in 
this paper can similarly be used to predict the Si isotopic ratio of 
reverse-weathering clays through time.

Given current available data, the Si isotope system cannot be 
used to constrain the reverse weathering fraction through time. 
Fig. S9 in Appendix D shows a statistical analysis of the Si isotope 
record presented in Trower and Fischer (2019) where the reverse 
weathering fraction is solved for rather than imposed. This analysis 
demonstrates that more Si isotope data, preferably data that sepa-
rates alkalinity-consuming clays and alkalinity-producing clays, are 
required to constrain the reverse weathering fraction.

Isson and Planavsky (2018) presented a literature compilation 
of greenalite, minnesotaite, and stilpnomelane through time as 
suggestive evidence for elevated clay formation in the Precambrian. 
These minerals were chosen because of their probable marine ori-
gin. But since all three minerals are iron-bearing and/or commonly 
found in banded iron formations, their occurrence through time 
may reflect banded iron formation deposition in the Precambrian. 
In particular, the minnesotaite occurrence data closely resembles 
the record of banded iron formation deposition. The Si isotope 
analysis presented in Trower and Fischer (2019) demonstrated that 
banded iron formations were probably a negligible contributor to 
the Precambrian silica budget. Additionally, the Proterozoic con-
tinental shelf waters were likely predominantly euxinic or oxic, 
which would predict K, Na, or Mg-bearing reverse weathering 
products rather than Fe-bearing clays such as greenalite and min-
nesotaite. Note also that the literature compilation in Isson and 
Planavsky (2018) is based on “number of papers published” rather 
than distinct greenalite/minnesotaite occurrences, and thus does 
not distinguish early diagenesis from later alteration.

Progress could also be made with an improved mechanistic un-
derstanding of authigenic clay kinetics within anoxic sediments. 
Better experimental constraints on clay formation kinetics, includ-
ing their pH and redox sensitivities, the saturation states of authi-
genic phases, and the kinetics of cation cycling in different marine 
settings could enable precise reverse weathering model predic-
tions. Although our analysis suggests the pH dependence of re-
verse weathering is of secondary importance compared to changes 
in ocean dissolved silica content (Appendix A), an enhanced pH-
dependence cannot be completely ruled out without a more de-
tailed mechanistic understanding of clay forming feedbacks. Such 
an approach could also help shrink the uncertainties in Precam-
brian climate calculations (Fig. 3, 4, 5, 6, and 7).

A final, related caveat is that our reverse weathering formu-
lation effectively assumes that silica abundances are the primary 
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limitation on global reverse weathering fluxes. We accounted for 
possible cation limitations empirically by sampling a range of e-
folding depths, authigenic saturation concentrations, and reaction 
coefficients in our sediment diagenesis model, and by exploring 
a rudimentary mechanistic model in the supplementary materi-
als with an explicit treatment of pH and organic matter oxidation. 
However, the empirical ranges we adopt are derived primarily from 
modern settings, including river deltas with sizeable terrigenous 
inputs of weathered cations and organic matter (e.g. Michalopou-
los and Aller, 2004). Precambrian sediments may have been much 
more severely cation-limited, and so it is possible that an im-
proved mechanistic treatment of these other limitations to authi-
genic reactions might disfavor strongly elevated Precambrian re-
verse weathering scenarios.

5. Conclusions

The geological carbon cycle controls Earth’s climate and ocean 
chemistry evolution. The carbon cycle may be modulated by the 
silica cycle because reverse weathering reactions remove ocean 
alkalinity whilst retaining atmospheric CO2. A decline in reverse 
weathering caused by the proliferation of biogenic silica precipita-
tion at the end of the Proterozoic has been hypothesized to have 
triggered dramatic climate cooling and could help explain a warm 
Proterozoic climate.

By applying a coupled C-Si cycle model, we find that a broad 
range of climate evolutions is possible. Under most plausible sce-
narios, elevated reverse weathering in the Precambrian results in a 
Proterozoic climate that is ∼3-6 K warmer than if reverse weath-
ering were ignored. However, self-consistent scenarios with neg-
ligible changes in reverse weathering throughout Earth history—
implying that the silica cycle does not affect climate evolution—are 
also consistent with modern constraints. Scenarios with extremely 
large changes in reverse weathering, implying ∼15 K warming in 
the Proterozoic, are less likely but cannot be ruled out.

The evolution of biogenic silica precipitation and subsequent 
decline in dissolved ocean silica content has the strongest reverse 
weathering effect on Earth’s carbon cycle evolution. In contrast, a 
strong pH-dependence for reverse weathering reactions has little 
effect on Earth’s climate or ocean pH evolution.

Key uncertainties are the modern reverse weathering flux, and 
parameters in a sediment diagenesis model that affect the global 
reverse weathering rate. In particular, the rate coefficient for re-
verse weathering reactions has large uncertainty, and if it is small, 
reverse weathering could be relatively unimportant in the Precam-
brian. Also, whether authigenic clays are highly soluble or not can 
affect the efficacy of reverse weathering.

Additional empirical constraints such as those from Si or Li iso-
topes, better quantification of reverse weathering reaction kinetics, 
and refined estimates of Phanerozoic reverse weathering fluxes are 
required to fully assess the magnitude of the effect of reverse 
weathering on Earth’s climate evolution. An improved mechanis-
tic treatment of reverse weathering kinetics including cation- and 
terrigenous-matter limitations on authigenic reactions would be 
especially helpful for evaluating the likelihood of large Precam-
brian RW fluxes.
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Supplementary material 

Appendix A: Additional sensitivity tests 

The effect of pH 

Fig. S1 is identical to Fig. 3 except that the equation governing the reverse weathering flux has an ocean 

pH to the power of 22 dependence when the biogenic silica precipitation flux drops to zero, following an 

assumed equation in Isson and Planavsky (2018). This has a relatively minor effect on carbon cycle 

evolution: the Precambrian reverse weathering flux is lower than in the no pH-dependence case (Fig. 

S1E), and consequently Precambrian temperatures and pCO2 levels are slightly lower than the no pH-

dependence case (Fig. S1B and D). This effect is small because cooling introduced by the pH-dependent 

reverse weathering decline is offset by the silicate weathering thermostat (the carbon cycle must still be 

balanced). Consequently, fractional reverse weathering (Fig. S1I) is lower than in the no pH-dependence 

case and surface temperature and pCO2 are only slightly lower than the no pH-dependence case. It is 

also worth noting that even with a pH22 dependence, absolute changes in pH are small, and so the effect 

of this pH dependence is relatively minor. For example, a change from pH=7.4 to pH=7.2 across the 

Proterozoic results in a 1.8-fold change in reverse weathering. This is much smaller than the 8-fold 

change in reverse weathering between the Phanerozoic and Proterozoic (Fig. S1E).  

One potential criticism of this approach to incorporating a pH-dependence is that an overall ocean pH22 

dependence doesn’t account for possible feedbacks in sediments between organic carbon oxidation, 

alkalinity consumption, and pH. To explore these effects, we modified our sediment diagenesis model to 

track organic carbon, alkalinity, dissolved inorganic carbon, and pH (see Appendix C for details). The 

overall sensitivity to or reverse weathering to pH was less sensitive than pH22, suggesting that the 

conclusions drawn from Fig. S1 are reasonable. However, it is possible that a more complex model that 



2 
 

better captures the pH and cation-concentration dependence of different amorphous clay saturation 

states may possess a stronger overall pH dependence.  

High Precambrian methane 

Fig. S2 is identical to Fig. 3 except that we have imposed CH4 abundances of 100 ppm during the 

Proterozoic and 1% in the Archean (Fakhraee et al. 2019; Kasting & Brown 1998; Olson et al. 2016; 

Zahnle et al. 2019) as representative of a ‘high CH4’ scenario. Unsurprisingly, this results in a somewhat 

warmer Precambrian than in Fig. 3, given that imposed CH4 has no negative feedback on CH4 itself. 

Carbon dioxide levels are lower than in Fig. 3 (and pH is higher) to ensure a balanced carbon cycle 

against methane induced warming. 

  



3 
 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

Fig. S1: The effect of a strong pH dependence on reverse weathering. Grey shaded regions show the 

nominal C-Si model from Fig. 3, and blue shaded regions show the same model but with a pH22 reverse 

weathering dependence when biogenic silica precipitation is zero. Differences are minimal because the 
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absolute change in pH over the Proterozoic is small and because the weathering thermostat responds to 

the reduced reverse weathering flux. 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

Fig. S2: Carbon cycle and climate evolution over Earth history with self-consistent silica cycle evolution 

and high Precambrian methane. The solid blue and dashed blue lines denote the negligible reverse 
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weathering run as in Fig. 2. Grey, blue, and red shaded regions denote 95% confidence intervals for the 

carbon-silica cycle model with reverse weathering (identical to Fig. 3 except for addition of high 

methane). Subfigure (G) shows biogenic silica (gray), abiotic silica precipitation (blue) and reverse 

weathering (red) silica sink fluxes. Subfigure (H) shows the dissolved silica concentration in the ocean, 

and (I) shows the reverse weathering flux as a fraction of the total silica sink. Grey, blue, and red shaded 

regions denote 95% confidence intervals for carbon and silicon cycle variables.  

Appendix B: Carbon-silica cycle model 

The full set of equations governing the time-evolution of carbon, alkalinity, and silica reservoirs are as 

follows: 

 

( )

( )

( )

( )

( )

O PO out carb ocean

O O O O

Alk:Si(RW) RWO sil carb ocean

poreO PP

P P

poreO P dissP

P P P

Sil:Alk(FW) sil diss bio RW Abi

2 2 2

2 2

[ ]
2 2

O P

O O O O O

O

J C CdC F F P

dt M M M M

R FJ A AdA F F P

dt M M M M M

PJ C CdC

dt M M

PJ A A FdA

dt M M M

d Si
R F F M F F F

dt

− −
= + + −

− −
= + + − −

−
= −

−
= + −

= + − + +( )o OM

  (1) 

Here, OC  and PC  are the concentrations of carbon (mol C kg-1) in the atmosphere-ocean and seafloor 

pore space, respectively. The carbon concentration in the pore-space is equivalent to the Dissolved 

Inorganic Carbon (DIC) abundance, P PC DIC= , whereas carbon in the atmosphere-ocean reservoir is 

equal to marine dissolved inorganic carbon plus atmospheric carbon, 2O OC DIC pCO s= +  , where s  

is a scaling factor equal to the ratio of total number of moles in the atmosphere divided by the mass of 

the ocean, ( )20

O1.8 10 moless M=   . Similarly, O O=ALKA  and P P=ALKA  are the carbonate 
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alkalinities in the atmosphere-ocean and pore space, respectively (mol eq kg-1). The global outgassing 

flux (mol C yr-1) is specified by outF , whereas the rates of continental silicate weathering and carbonate 

weathering are silF  and carbF , respectively (mol C yr-1). Seafloor weathering from basalt dissolution (mol 

eq yr-1) is dissF , and the precipitation flux of carbonates (mol C yr-1) in the ocean and pore space are 

given by oceanP   and poreP , respectively. The mass of the ocean and the pore space are given by 

21

O 1.35 10 kgM =   and 19

P 1.35 10 kgM =  , respectively (Caldeira 1995). A mixing term, J = 1.3×1015-

6×1016 (kg yr-1) describes exchange with the seafloor poor space. Unless otherwise state, all parameters, 

nominal parameter ranges and functions are described in Krissansen-Totton et al. (2018) or the main 

text. Unknown parameters were sampled exactly as described in Krissansen-Totton et al. (2018). The 

abiotic silica sink, AbioF , is parameterized by the following equation:  

 

4.4

Abio
( )

Si
Abio

sat

C
F k

S T

 
=  

 
  (2) 

The power law exponent is taken from Carroll et al. (1998). A sediment diagenesis model (see section 

2.2) cannot easily be used to predict abiotic silica precipitation because abiotic silica precipitation 

probably occurs sporadically in evaporative settings (Maliva et al. 2005). Our parameterization of abiotic 

silica precipitation is analogous to standard parameterizations of carbonate precipitation using a power 

law related to supersaturation by an empirical exponent (Opdyke & Wilkinson 1993). The reaction 

coefficient , Abiok  (mol/yr) is a fitted parameter chosen to reproduce best estimates of ocean silica 

concentrations through time  (Conley et al. 2017). The temperature (T) dependence on amorphous silica 

solubility (Gunnarsson & Arnórsson 2000) is given by: 

 
( )6 2

108.476  485.24/   2.268 10   3.068
( 10)

T T log T

satS T
−− − −  +

=   (3) 
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As noted in the main text, our results are relatively insensitive to choices of Abiok . 

Appendix C: Sediment diagenesis model 

This section outlines the sediment diagenesis model used to create the parameterizations for biotic 

silica precipitation and reverse weathering fluxes in the carbon cycle model. The precipitation of 

authigenic clays and dissolution of biogenic silica in ocean sediments is modeled using a reaction-

diffusion model similar to those described in Schink et al. (1975), Aller (2014), and Ehlert et al. (2016). 

The governing equations are: 

 ( )
2

2

1 1
( , , , ) , , , ,Si Si Si

C B Si B RW Si A A

dC d C dC
D f C B x K f C x A S z

dt dx dx


 
= + − −   (4) 

 
2

2

1
( , , , )B B Si B

dB d B dB
D f C B x K

dt dx dx



= − −   (5) 

 ( )
2

2
, ,

clay clay clay

A R

dA d A dA
D f C x A

dt dx dx
= + −   (6) 

Here, SiC  (μmol/cm3) is the concentration of dissolved silica in sediments, B  (μmol/cm3) is the 

concentration of biogenic silica, clayA  (μmol/cm3) is the concentration of authigenic silica in clays, x  

(cm) is depth in sediments. Numerical constants are taken from Schink et al. (1975): CD  = 4×10-6 (cm2/s) 

is the molecular diffusion coefficient for dissolved silica modified for pore space tortuosity,  = 0.8 is 

sediment porosity,   (cm/s) is sedimentation rate, and BD  = 5×10-8 cm2/s is the transport coefficient 

for biogenic silica. The transport coefficient for authigenic clays, AD , is assumed to be negligible (10-15 

cm2/s) to account for the fact that there is no bioturbation in the Precambrian and that concentrations 

of authigenic clays are controlled by reverse weathering and advection only. The rate of biogenic silica 
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dissolution, Bf  (μmol/cm3/s), and reverse weathering , Rf  (μmol/cm3/s), are defined by the following 

functions: 

 

( )
,

( , , , )

0,

fx

B f

B B f

f

C C
K e B C C

f C B x K C

C C

−
 −
 

= 




  (7) 

 

( ) ( )5

0,

, , , exp( / ) 10 1 ,

0, 50 % of sediments

Si A

Si
R Si clay A RW A Si A

A

clay

where C S

C
f C x A z k x z where C S

S

where A wt

−

 


 
= − + −   

 
 

 

 (8) 

Here, BK =10-9 s-1 is the biogenic silica dissolution coefficient,   (1/cm) governs the decay of silica 

dissolution with depth due to opal maturity, and fC =1.0 μmol/cm3  is the saturation concentration for 

dissolved silica (DeMaster 2003; Ehlert et al. 2016; Rickert et al. 2002). Note that the dissolution of 

biogenic silica ceases when dissolved concentrations exceed the saturation concentration. Similarly, the 

reverse weathering reactions cease when dissolved silica is undersaturated with respect to authigenic 

phases, or when >50% of sediments (by mass) have already undergone clay forming reactions, except 

where stated otherwise. The remaining variables in equation (8) are defined in the main text. 

The system of equations described above are solved using the following boundary conditions: 

 
max

max max

0

0

( 0) , 0, ,

0, ( 0) 0, 0

B

x x x B

x x x x

FdC dB
C x C

dx dx D

dB dA
A z

dx dx

= =

= =

= = = =

= = = =

  (9) 
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Here, BF  (μmol/cm2/s) is the diffusion flux of biogenic silica at the sediment-ocean interface, maxx = 100 

cm is the nominal lower limit of our sediment model, and  0C Si=  is the average ocean dissolved silica 

concentration, which is calculated dynamically in the carbon-silica cycle model. The reaction-diffusion 

equations were solved numerically in Python using the solve_bvp function in SciPy (Jones et al. 2014). 

Fig S3 and S4 show example outputs from the sediment diagenesis model from the Phanerozoic and 

Precambrian, respectively.  

 

 

 

 

 

 

 

 

 

Fig. S3: Steady state calculations from the sediment diagenesis model. Dissolved silica concentrations 

(top left), derivative of dissolved silica (top middle), biogenic silica concentrations (top right), derivative 

of biogenic silica (bottom left), authigenic clay concentrations (bottom middle), and derivative of 

authigenic clay concentrations (bottom right) are plotted as a function of depth in the sediments. This 

calculation represents a modern state where ocean bottom water concentrations of dissolved silica are 
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low (<0.1 umol/cm3) but increase with depth due to biogenic silica dissolution. Dissolved silica is also 

converted to authigenic clays in the top few cm of sediments by reverse weathering reactions. 

 

 

 

 

 

 

 

 

 

Fig. S4: Steady state calculations from the sediment diagenesis model. Dissolved silica concentrations 

(top left), derivative of dissolved silica (top middle), biogenic silica concentrations (top right), derivative 

of biogenic silica (bottom left), authigenic clay concentrations (bottom middle), and derivative of 

authigenic clay concentrations (bottom right) are plotted as a function of depth in the sediments. This 

calculation represents a Precambrian state where ocean bottom water concentrations of dissolved silica 

are high (1.5 μmol/cm3) but decrease with depth due to authigenic clay precipitation. There is no 

biogenic silica in the Precambrian by assumption. 

Outputs from the sediment diagenesis model are converted to global reverse weathering fluxes (mol 

Si/yr) using the following expression: 
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( )
max max max

7

RW 6

3.15 10 /

10 /

prox dist openseafloor

land prox prox clay dist dist clay open open clayx x x x x x

a s yr
F f fr A fr A fr A

mol mol
  

 = = =


= + +  

 (10) 

Here, seafloora =3.6×1018 cm2 is the total area of the seafloor, proxfr = 0.0052, distfr =0.076, and openfr

=0.919 are the fractional areas of the proximal continental shelf, distal continental shelf, and open 

ocean, respectively (Rabouille et al. 2001). Each of these portions of the seafloor have different average 

sedimentation rates, prox = 6×10-9 cm/s, dist =  9.8×10-10 cm/s, and open = 10-12 cm/s. (Dutkiewicz et al. 

2016; Probert & Swanson 1985). The fractional land area relative to modern, landf , is calculated as 

described in Krissansen-Totton et al. (2018). This is included to ensure ocean sedimentation rates scale 

linearly with continental land area. 

Similarly, the global burial of biogenic silica is given by: 

( )
max max max

7

bio 6

3.15 10 /

10 /

prox dist openseafloor

prox prox dist dist open openx x x x x x

a s yr
F fr B fr B fr B

mol mol
  

 = = =


= + +   (11) 

Strictly speaking, rather than call the sedimentary diagenesis model at every time step in the carbon-

silica cycle model, we use polynomial fits to sedimentary diagenesis model outputs to calculate RWF  

and bioF . Fig S5 shows an example of a polynomial fit used to calculate biogenic silica precipitation in 

Fig. 3. The biogenic sink fluxes on the proximal coastal shelf, distal coastal shelf, and the open ocean are 

plotted separately, as is a polynomial fit to the total flux. The individual proximal shelf, distal shelf, and 

open ocean curves were calculated using the sediment diagenesis model described above. 

The polynomial fit to the total burial (in Tmol Si/yr) in Fig S5 is given by the following equation: 

6 5 4

1

3 2

 = 1725.4786102[Si]  - 3541.63689444[Si]  + 2822.12738589[Si]

         - 1039.66772491[Si]  + 188.47492215[Si]  - 4.04821308[Si] + 8.00302464

biof −
  (12) 
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To calculate the biogenic silica flux (Tmol Si/yr) as a function of time, we used the following expression:  

 

1

1

, 0.541

F = 2 (1.041- ), 0.541 1.041

0, 1.041

bio

bio bio

f t Ga

f t t

t Ga

−

−




 
 

  (13) 

Here, t is time in Ga. Biogenic silica precipitation is assumed to gradually fall to zero by around 1 Ga 

(Conley et al. 2017). This transition is what drives the change in dissolved silica concentrations in the 

model.  

Similar to Fig. S5, Fig. S6 shows the reverse weathering flux as a function of dissolved ocean silica 

concentrations for the case where biogenic silica precipitation is present (Phanerozoic). Fig S7 shows the 

reverse weathering flux as a function of dissolved ocean silica concentrations where biogenic silica 

precipitation is absent (Precambrian). Note that in these cases the reverse weathering flux in the open 

ocean becomes supply limited due to low sedimentation rates. 

The polynomial fits to the total silica reverse weathering fluxes (Tmol Si/yr) in Fig. S6 and Fig. S7 are 

given by: 

 

5 4 3

1

2

6 5 4

2

 = 60.38939292[Si]  - 126.21506006[Si]  + 69.16150651[Si]  

         + 3.33014549[Si]  + 1.38272369[Si] + 0.65007329

0.0 , 2.03098274[Si]  - 16.96872155[Si]  + 54.66173384[Si]  
 = max

- 84.210164

R

R

f

f

−

− 3 221[Si]  + 61.24035109[Si]  - 9.86063672[Si] + 0.18330492

  
 
  

 

 (14) 

Here, the reverse weathering flux (Tmol Si/yr) as a function of time are specified by the following 

expression: 



13 
 

 

1

1 2
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  (15) 

There is a gradual transition between the polynomial fit with biogenic precipitation, 1Rf − , (Fig. S6) and 

the polynomial fit before biogenic precipitation, 2Rf −  (Fig. S7). The polynomial fits to the sediment 

diagenesis model using different parameters (i.e. those used to generate Fig. 4, Fig. 5, Fig. 6, and Fig. 7) 

are provided in the published code, which is available on the website of the lead author. 

 

 

 

 

 

 

 

 

Fig. S5: Sediment diagenesis model outputs for the parameter values used to generate Fig. 3 in the main 

text. The biogenic silica precipitation on the proximal coastal shelf, distal coastal shelf, and open ocean 

are plotted as a function of dissolved silica in the ocean. Permanent silica burial increases with dissolved 

silica in the ocean because dissolution of biogenic silica in decreases as saturation (1 umol/cm3) is 

approached. The total biogenic silica burial flux (Tmol Si/yr) and its polynomial fit ( 1biof − ) are plotted. 
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Fig. S6: Sediment diagenesis model outputs for the parameter values used to generate Fig. 3 in the main 

text. The reverse weathering fluxes on the proximal coastal shelf, distal coastal shelf, and open ocean 

are plotted as a function of dissolved silica in the ocean. In this case biogenic silica precipitation is 

present (Phanerozoic). Reverse weathering increases with dissolved silica due to the linear dependence 

of reverse weathering reactions on dissolved silica concentrations. The total reverse weathering flux 

(Tmol Si/yr) and its polynomial fit ( 1Rf − ) are plotted. 
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Fig. S7: Sediment diagenesis model outputs for the parameter values used to generate Fig. 3 in the main 

text. The reverse weathering fluxes on the proximal coastal shelf, distal coastal shelf, and open ocean 

are plotted as a function of dissolved silica in the ocean. In this case biogenic silica precipitation is 

absent (Precambrian). Reverse weathering increases with dissolved silica due to the linear dependence 

of reverse weathering reactions on dissolved silica concentrations. The total reverse weathering flux 

(Tmol Si/yr) and its polynomial fit ( 2Rf − ) are plotted.  
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Mechanistic model modifications 

This section describes the modifications made to the sediment diagenesis model to explore the effect of 

pH-dependent reverse weathering reactions. Ocean alkalinity, dissolved inorganic carbon, and organic 

carbon are explicitly tracked in the model: 

 
2

2

[DIC] [DIC] [DIC]
( , )C OW

d d d
D f x

dt dx dx
 = − +   (16) 

 ( )
2

Alk:Si(RW)2

[ALK] [ALK] [DIC] 1
, , , ,C RW Si A A

d d d
D f C x A S z R

dt dx dx



= − −   (17) 

Here, ( )OWf x  is the source of carbon from the weathering of organic carbon. The dissolved inorganic 

carbon [DIC] and carbonate alkalinity [ALK] concentrations at the ocean-sediment interface, x=0, are 

specified boundary conditions. In anoxic sediments, the weathering of organic carbon can be 

approximately related to sedimentation rate and depth according to the following power law (Katsev & 

Crowe 2015): 

 ( )( )1 0.8570 1.1C = C  10x

org org sedexp t
−= −−   (18) 

 ( , )
org

OW

sed

dC
f x

dt
 =   (19) 

Here, the time spent in sediments is /sedt x = . This formulation implicitly assumes that even in anoxic 

oceans, there is sufficient ferric oxyhydroxide, Fe(OH)3, for organic matter oxidation in sediments. In this 

mechanistic approach, the reverse weathering function is modified as follows: 

 ( )
19 22.4

0

1.01 10 pH( ) [ALK]( )
    ,

365 24 60 60 [ALK
, 1

]
, , Si

R Si clay S

x

i A

A

C
f C x A pH where C S

S

x x−

=

 
−  

 

 
=

  
  (20) 
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 Using this modified sediment diagenesis model, we calculated the reverse weathering flux as a function 

of ocean dissolved silica for two different cases, a pH= 6.9 ocean ([ALK]x=0= 27 μm/cm3, [DIC]x=0)= 31 

μm/cm3) and a pH = 7.4 ocean ([ALK]x=0 = 30 μm/cm3, [DIC]x=0) = 31 μm/cm3). Figure S8 shows model 

outputs from these calculations. We see that this change in pH results in an approximately 3-fold change 

in the reverse weathering flux. This is considerably less that what we would expect from a pH22 

dependence, (7.4/6.9)22.4 ~ 5-fold, therefore implying that the overall ocean pH dependence adopted in 

Fig. S1 if anything, overestimates the effect of pH on reverse weathering. 
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Fig. S8: Illustrative outputs for mechanistic sedimentary diagenesis model. The top four subpanels show 

ocean pH, organic carbon content, ALK, and DIC as a function of depth in sediments for two scenarios: a 

pH = 6.9 ocean and a pH=7.4 ocean. The bottom subfigure shows the whole ocean reverse weathering 

flux for these two ocean pH scenarios. Despite the pH22.4 kinetic dependence of reverse weathering in 

sediments, the overall ocean pH dependence of the reverse weathering flux is less sensitive. 
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Appendix D: Silicon isotope calculations 

Fig. S9 was calculated using the isotopic data for chert and modern authigenic clays in Trower and 

Fischer (2019). Mass balance between bulk silicate Earth inputs and chert and clay outputs was 

assumed, the iron formation component was assumed to be negligible, and the fractionation between 

chert and authigenic clays formed by reverse weathering is assumed to be -2‰ (Trower & Fischer 2019). 

This figure shows fractional reverse weathering, 
rwf , over Earth history. 

Fig. S9: Reverse weathering fraction, 
rwf , over Earth history as inferred from the isotope record 

compiled in Trower and Fischer (2019). 

Clearly, the reverse weathering fraction is not well constrained by the existing isotope record. This is 

because the isotope system is degenerate. Fig. S9 was created by solving the following equation for 

fractional marine reverse weathering sink, ( ), ,rw clay RW clay RW chertf f f f= + :  

 30 30 30 30

, , , ,BSE chert chert clay kaol clay kaol clay RW clay RWSi f Si f Si f Si   = + +   (21) 
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Here, the bulk silicate Earth value, 
30 0.29 0.08BSESi = −  ‰, is known. Fractional sinks must sum to 

unity, , ,1 chert clay kaol clay RWf f f= + + . The chert isotope record, 
30

chertSi , was adopted from Trower and 

Fischer (2019). However, separate isotope records to not exist for 30Si  in kaolinite clays and 30Si  in 

clays formed by reverse weathering. Thus, we were forced to use the modern distribution for Si isotopes 

in all authigenic clays (Fig. 3 in Trower and Fischer (2019)) for 30

,clay kaolSi , and, as noted above, we 

assumed 30 30

, 2clay RW chertSi Si = − . Kaolinite sink fractions from zero to one were randomly sampled in 

a Monte Carlo analysis, and we solved equation (21) for the reverse weathering sink, discarding all 
rwf  

values greater than unity or less than zero. The degeneracy in this isotope system produces the large 

spread in Fig. S9. Progress requires separate constraints on 30Si  in clays from reverse weathering 

(alkalinity consuming reactions) and kaolinite clays (alkalinity producing reactions). 
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Appendix E: Method for fitting unknown parameters 

There are six unknown parameters in the sediment diagenesis model:  

1) RWk  (μmol/cm3/s), the reaction coefficient for reverse weathering reactions, 

2) Az  (cm), the e-folding depth governing the decrease in reverse weathering with depth 

3) AS  (μmol/cm3), the solubility of authigenic silicates.  

4) BK  (s-1), the reaction coefficient for biogenic silica dissolution 

5)   (1/cm), the coefficient governing the decrease in biogenic silica dissolution with depth 

6) BF  (μmol/cm2/s), the diffusion flux of biogenic silica at the sediment-ocean interface. 

Parameters (1), (2), and (3) are discussed in the main text and shown in Table 1. For parameters (4), (5), 

and (6), plausible ranges and chosen values are shown in Table S1. Parameters (4), (5), and (6) are less 

important for controlling the Precambrian reverse weathering flux since they relate to the rate of 

biogenic silica burial. However, their values are important for fitting the modern reverse weathering flux 

as the dissolved silica available for reverse weathering is mostly sourced from biogenic silica dissolution 

(as opposed to in the Precambrian where it is exclusively sourced from seawater). As noted in the main 

text, parameter values were either chosen heuristically from plausible ranges (unbolded numbers in 

Table 1 and Table S1) or fitted using Markov Chain Monte Carlo (MCMC) inverse methods (bolded 

numbers in Table 1 and Table S1).  

Table S1: Choices for parameters (4), (5), and (6). Bold are fitted to modern conditions using inverse 

methods and unbolded were chosen heuristically to fit modern conditions. Here, T&D IMs refers to 

modern conditions matching silica cycle flux estimates from Tréguer and De La Rocha (2013), whereas  
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Rahman MCs refers to modern conditions matching silica cycle flux estimates from Rahman et al. (2017).  

Remaining parameters (1), (2), and (3) are shown in Table 1. 

 

 

Scenario Reaction coefficient for 
biogenic silica dissolution, 

BK  (s-1) 

Plausible range: 10-8 to 10-12 

Coefficient governing the 
decrease in biogenic silica 

dissolution with depth,   

(1/cm). Plausible range: 10-3 
to 10 

Diffusion flux of biogenic silica at 
the sediment-ocean interface, 

BF  (μmol/cm2/s) Plausible 

range: 10-5 to 10-10 

Proximal 
coastal 

Distal 
coastal 

Open 
ocean 

Proximal 
coastal 

Distal 
coastal 

Open 
ocean 

Proximal 
coastal 

Distal 
coastal 

Open 
ocean 

Fig. 2 (T&D MCs): 
Not self-
consistent. RW 
imposed from 
Isson and 
Planavsky (2018) 
 

N/A N/A N/A N/A N/A N/A N/A N/A N/A 

Fig. 3 (T&D MCs): 
Nominal self-
consistent model 
with low modern 
reverse 
weathering 
 

2.1e-09 4.4e-9 3.9e-
12 

0.35 1.07 1.52 2.63e-6 1.24e-6 2.89e-8 

Fig. 4 (Rahman 
MCs): Nominal 
self-consistent 
model with high 
modern reverse 
weathering 
 

7.6e-9 7.1e-9 3.4e-
11 
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Fig. 5 (T&D MCs): 
RW parameters 
chosen to 
minimize RW in 
Precambrian. 
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12 
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Fig. 6 (T&D MCs): 
RW parameters 
chosen to 
maximize RW in 
Precambrian 
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Fig. 7 (T&D MCs): 
No supply limit 
for RW 
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Inverse method for fitting parameters 

MCMC methods were used to fit model parameters using approximate observational constraints. This is 

not intended to be a rigorous solution to the inverse problem, but rather a ‘ballpark approach’ to ensure 

the parameters used calculate carbon-silica cycle behavior in the Precambrian can at least 

approximately reproduce modern conditions.  

Here, the plausible parameter ranges in Table 1 and Table S1 define uniform priors. A likelihood function 

describes the goodness-of-fit with modern observational constraints data, the sediment diagenesis 

(forward) model was run thousands of times to obtain posterior probability distributions for the model 

parameters. Most importantly, the maximum likelihood set of parameters was adopted and used to 

generate the polynomial fits described above. The inverse analysis was implemented using the ‘emcee’ 

package in Python (Foreman-Mackey et al. 2013). 

Table S2 shows the observational constraints used to fit the proximal coastal shelf, distal coastal shelf, 

and open ocean. Additionally, we constrained modern, permanent biogenic silica burial to be 10

510+

−
% of 

the gross biogenic silica burial (advection plus diffusion at the ocean-sediment interface) (Tréguer & De 

La Rocha 2013). Biogenic silica was also constrained to be less than total sedimentation. Together, these 

constraints and their uncertainties were used to formulate the likelihood function in the inverse 

analysis. 

Table S2: Observational constraints used for MCMC parameter fitting. Here, “RW sink” is the modern 

reverse weathering flux (Tmol Si/yr), “B sink” is the modern biogenic silica sink (Tmol Si/yr), max( )C x  is 

the asymptotic concentration at depth of dissolved silica in modern ocean sediments, and max( )B x  is 

the asymptotic concentration at depth of biogenic silica in modern ocean sediments. 

Scenario Constraint Proximal coast Distal Coast Open ocean 

RW sink 1.0 ± 0.5 Tmol Si/yr 0.5 ± 0.25 Tmol Si/yr 0.0 ± 0.25 Tmol Si/yr 
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Fit to 
Tréguer and 
De La Rocha 
(2013) 

B sink 3.0 ± 0.25 Tmol Si/yr 3.0 ± 0.25 Tmol Si/yr 3.0 ± 0.05 Tmol Si/yr 

max( )C x  0.5 ± 0.4 μmol/cm3 0.5 ± 1.0 μmol/cm3 0.5 ± 2.0 μmol/cm3 

max( )B x  0.5 ± 1.0 μmol/cm3 0.5 ± 1.0 μmol/cm3 0.5 ± 2.0 μmol/cm3 

Fit to 
Rahman et 
al. (2017) 

RW sink 4.5 ± 0.25 Tmol Si/yr 0.0 ± 0.5 Tmol Si/yr 0.0 ± 0.25 Tmol Si/yr 

B sink 3.7 ± 0.25 Tmol Si/yr 3.0 ± 0.5 Tmol Si/yr 1.0 ± 0.2 Tmol Si/yr 

max( )C x  0.5 ± 0.4 μmol/cm3 0.5 ± 1.0 μmol/cm3 0.5 ± 2.0 μmol/cm3 

max( )B x  0.5 ± 1.0 μmol/cm3 0.5 ± 1.0 μmol/cm3 0.5 ± 2.0 μmol/cm3 
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Appendix F: Comparison to carbon cycle model of Isson and Planavsky (2018) 

The carbon cycle model used by Isson and Planavsky (2018) is intrinsically more sensitive to changes in 

reverse weathering than the carbon cycle model used in this study. This appendix presents comparisons 

between steady state calculations from both models, as well as analytic flux-balanced calculations.  

In these calculations, we adapted our carbon cycle model to match that of Isson and Planavsky (2018) as 

best as possible. For example, we removed seafloor weathering and adopted the following overall 

function for silicate weathering with the same weathering feedback exponent: 

 

0.3

0 2

0

2

sil sil

pCO
F F

pCO

 
=  

 
  (22) 

Solar luminosity, continental land fraction, and the biological enhancement of weathering were held 

constant for these steady state calculations. The sediment diagenesis model is not used. Instead, an 

increase in fractional reverse weathering is imposed and the steady state response of the carbon cycle 

parameters is calculated. Parameter values were chosen to match those in Isson and Planavsky (2018) 

wherever possible, although parameter choices were sometimes unclear since the source code is 

unavailable. 

In addition to comparing the two models, we also present analytic calculations of the relationship 

between reverse weathering flux and atmospheric CO2. In steady state, carbon fluxes and alkalinity 

fluxes are balanced: 

 
Alk:Si(RW)2 2 2

out carb ocean

carb sil ocean RW

F F P

F F P R F

+ =

+ = +
  (23) 

By combining these two equations and substituting equation (22) we obtain the following expression: 
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0.3

Alk:Si(RW)0 2

0

2 2
out sil RW

RpCO
F F F

pCO

 
= − 

 
  (24) 

Since the outgassing flux is held constant for steady state calculations, we can rearrange to obtain and 

expression for pCO2 as a function of the reverse weathering flux: 

 ( )
1/0.3

02
Alk:Si(RW)0 0

2

0.5
1RW RW

sil

pCO
R F F

pCO F

  
= − +  

   
  (25) 

In the figures below, we follow Isson and Planavsky (2018) and assumed 0

2pCO =280 ppm, 0

silF =7.3 

Tmol Si/yr, 
Alk:Si(RW)R  ranges from 2 to 4, and 0

RWF  is chosen to ensure fractional reverse weathering is 

0.05.  

Fig. S10 compares the two model outputs and the analytic calculations described above. Fig S11 shows 

the same comparison except as a function of fractional reverse weathering rather than the reverse 

weathering flux. In both figures, the left column shows outputs from Isson and Planavsky (2018) 

whereas the right panel shows the same outputs from our model and from the analytic calculations. The 

model responses are qualitatively very similar. Differences in absolute pH can be attributed to different 

ocean treatments. For example, our model pH and DIC outputs are single box, whole-ocean values 

calculated assuming carbonate equilibrium and balanced fluxes, whereas pH and DIC outputs from Isson 

and Planavsky (2018) are weighted averages of ocean basins and depths. However, this does not 

account for why the LOSCAR model is more sensitive to changes in reverse weathering than our model. 

This difference in sensitivity is the reason why the change in pCO2 at the Phanerozoic-Proterozoic 

boundary is more pronounced in Isson and Planavsky (2018) than in our Fig. 2. Changing the value of 

0

silF  can improve the alignment somewhat, but this is at the expense of misfitting pCO2 as a function of 

reverse weathering fraction (i.e. changing the silicate weathering flux cannot simultaneously match 
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figures Fig. S10 and S11). In both Fig. S10 and S11 analytic calculations of pCO2 as a function of reverse 

weathering match our numerical model exactly. The quantitative differences between Isson and 

Planavsky (2018) and our model are not explained. 

 

 

 

 

 

 

 

 

 

 

 

Fig. S10: Comparison between carbon cycle of Isson and Planavsky (2018) (left column, black lines) our 

carbon cycle model (right column, black lines), and analytic calculations (dashed red lines). Here, Frw on 

the horizonal axis is the reverse weathering flux (Tmol Si/yr). The five contours in each subfigure 

represent different ALK/Si ratios for reverse weathering (4, 3.5, 3, 2.5, 2). The qualitative behavior of the 

two models is similar, but Isson and Planavsky (2018) is more sensitive to changes in reverse weathering 

than our model for unknown reasons. 
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Fig. S11: Same as Fig S10 except that carbon cycle variables are plotted as a function of the fractional 

reverse weathering sink, i.e., the fraction of total Si consumed through reverse weathering. The five 

contours in each subfigure represent different ALK/Si ratios for reverse weathering (4, 3.5, 3, 2.5, 2). 
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