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a b s t r a c t
Deception Island is a volcanic island with a ﬂooded caldera that has a complex geological setting in Bransﬁeld Strait,
Antarctica. We use P-wave arrivals recorded on land and seaﬂoor seismometers from airgun shots within the caldera
and around the island to invert for the P-wave velocity structure along two orthogonal proﬁles. The results show that
there is a sharp increase in velocity to the north of the caldera which coincides with a regional normal fault that
deﬁnes the northwestern boundary of the Bransﬁeld Strait backarc basin. There is a low-velocity region beneath the
caldera extending from the seaﬂoor to N 4 km depth with a maximum negative anomaly of 1 km/s. Refracted arrivals
are consistent with a 1.2-km-thick layer of low-velocity sediments and pyroclastites inﬁlling the caldera. Synthetic
inversions show that this layer accounts for only a small portion of the velocity anomaly, implying that there is a
signiﬁcant region of low velocities at greater depths. Further synthetic inversions and melt fraction calculations are
consistent with, but do not require, the presence of an extensive magma chamber beneath the caldera that extends
downwards from ≤2 km depth.
© 2008 Elsevier B.V. All rights reserved.

1. Introduction
A common model for volcanoes envisions that they are underlain
by one or more fully or partially molten crustal magma chambers that
store magma supplied from depth (e.g., Marsh, 1989). The magma
chambers may be fully molten sills or blob-like features, zones of
partially molten mush, or networks of magma ﬁlled cracks. Knowledge of the location, size and structure of magma chambers provides a
critical constraint for relating observations of the morphology,
petrology, and eruption history of volcanoes to their internal
mechanics. Since elevated temperatures and the presence of melt
signiﬁcantly reduce seismic velocities, seismic imaging techniques are
frequently applied in volcanic environments (e.g., Iyer, 1992; Iyer and
Dawson, 1993; Lees, 2007).
In continental settings, a variety of seismic techniques have been used
to detect subsurface magma. At a few locations mid-crustal magma sills
have been imaged using reﬂected phases (e.g., Sanford et al.,1977; Mizoue
et al., 1982). At several others upper crustal magma chambers have been
inferred from the presence of seismic shadow zones (e.g., Matumoto,
1971; Einarsson,1978; Horiuchi et al.,1997). The amplitude characteristics
of body waves can also be inverted to image regions of high attenuation
associated with magma accumulations (e.g., Sanders et al., 1988; Sanders,
⁎ Corresponding author. Tel.: +1 206 543 6043; fax: +1 206 543 6073.
E-mail address: wilcock@u.washington.edu (W.S.D. Wilcock).
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1993). However, travel time tomography is by far the most common
volcano imaging technique and has been applied to numerous continental
volcanoes, most often using local or teleseismic earthquake sources (Iyer,
1992; Iyer and Dawson, 1993; Lees, 2007).
At some large volcanic systems, travel time tomography resolves
large-magnitude low-velocity anomalies that are likely associated
with substantial accumulations of partial melt. For example, at the
Toba Caldera complex in Northern Sumatra, one of the largest active
volcanic system in the world, local earthquakes have been used to
invert for P-wave velocities in a coarse model with a grid measuring
10 × 10 × ~10 km3 (Masturyono et al., 2001). The results reveal crustal
low-velocity anomalies of up to 37%. In the continental USA,
teleseismic arrivals have been used to map low-velocity anomalies
of 20–30% at ~ 10 km depth in the Long Valley (Weiland et al., 1995)
and Valles calderas (Lutter et al., 1995), while similar anomalies have
been imaged in Yellowstone with local earthquakes and explosive
sources (Miller and Smith, 1999).
In contrast, at smaller continental volcanoes travel time tomographic studies usually either fail to detect low-velocity regions or
only image low-velocity anomalies with small magnitudes (≤~ 10%)
that require small degrees of partial melt at most (e.g., Iyer and
Dawson, 1993; Lees, 2007). In some settings shallow magma
accumulations may not exist but in others the failure of travel time
tomography to detect them reﬂects the limited resolution of the
method. Seismic tomography depends on illuminating the target with
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a large number of seismic waves from many angles (Iyer, 1992; Lees,
2007). Good ray geometries can be difﬁcult to achieve with local
earthquake sources because they tend to be clustered. Teleseismic
sources may yield better ray distributions, but their long wavelength
limits resolution. There are practical difﬁculties associated with
acquiring large active-source data sets. In this respect, studies in the
marine environment have a big advantage because they can take
advantage of airguns (and historically explosives) to generate a high
density of sources.
In deep-water settings, seismic techniques have detected substantial
accumulations of crustal melt beneath fast and intermediate spreadingrate mid-ocean ridges. Multichannel seismic reﬂection studies image the
roofs of sill-like magma chambers at 1–3 km depth (e.g., Detrick et al.,
1987) and can be used to infer the presence of fully or signiﬁcantly molten
thin melt lenses extending tens of kilometers along axis, ~1 km across and
~100 m in depth (e.g., Hussenoeder et al., 1996; Kent et al., 1990). In the
same settings, P-wave tomographic images obtained by recording airgun
and explosive sources with ocean bottom seismometers (OBSs) have
resolved low-velocity regions extending below the axial magma lens, that
have maximum velocity anomalies of 30–40% and are interpreted
quantitatively in terms of substantial accumulations of partial melt
(Dunn et al., 2000; West et al., 2001).
Partially submerged volcanoes in shallow marine environments
provide a setting in which it is possible to combine a large number of
land stations and ocean bottom seismometers with artiﬁcial sources in
the surrounding waters. This conﬁguration has been used effectively
at the Rabaul Volcano, an arc volcano with a ﬂooded 8 km × 14 km
caldera in Papua New Guinea (Finlayson et al., 2003). Explosive

sources were combined with regional earthquake sources to image a
low-velocity zone at 3–6 km depth with anomalies reaching 24% that
was interpreted as a magma reservoir. At Campi Flegrei caldera, airgun
shots have been combined with local earthquakes to obtain images of
a low VP and low VP / VS anomaly at 2–4 km depth which is interpreted
in terms of over-pressured gas (Chiarabba and Moretti, 2006).
The geometry of partially submerged volcanoes is particularly
attractive for tomography if airguns can be ﬁred all around the island
and also within a ﬂooded caldera above the center of the volcano.
Deception Island is one of a relatively small number of volcanic islands
that allows this conﬁguration; it is a small horseshoe shaped island
with a ﬂooded caldera that is accessible through a narrow opening to
the open sea. In this paper, we present two-dimensional tomographic
images along two orthogonal proﬁles across Deception Island that are
obtained from data collected during a three-dimensional seismic
tomography experiment. The seismic data are used to understand the
structure of the volcano and to infer the possible presence of a
substantial accumulation of shallow melt beneath the caldera.
2. Geological background
Deception Island is an active strato-volcano at the southwest end
of Bransﬁeld Strait, a backarc basin that developed as a result of
asymmetric extension between the South Shetland Islands and the
Antarctic Peninsula (Fig. 1). The South Shetland island arc formed as
the result of the subduction of the Phoenix plate beneath the Antarctic
plate. The rate of subduction decreased dramatically at about ~ 4 Ma
(Barker, 1982) and continues today, if at all, only very slowly

Fig. 1. Location of Deception Island in Bransﬁeld Strait which separates the Antarctic Peninsula to the southeast and the South Shetland Islands to the northwest. The bold solid lines
show the location of the seismic refraction proﬁles analyzed in this study and the faint box shows the area covered by Fig. 2a. The bathymetry data are from the Marine Geoscience
Data System and the bathymetric contours clearly delineate asymmetric extension across the Bransﬁeld Strait. Also displayed are the subduction zone north of South Shetland Islands
(hatchured line) and the approximate locus of spreading in the Bransﬁeld Strait (dashed line). The inset ﬁgure shows the location of Bransﬁeld Strait relative to South America and the
Antarctic Peninsula.
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(Robertson et al., 2002). The decrease in convergence rates led to the
onset of the current extensional regime in Bransﬁeld Strait that
propagated from the northeast to the southwest and is believed to be
driven by some combination of slab rollback (Barker and Austin, 1998;
e.g., Barker, 1982; Larter et al., 1991) and trans-tension resulting from
left-lateral slip along the Shackleton Fracture Zone and South Scotia
Ridge (e.g., Klepeis and Lawver, 1996; Maestro et al., 2007). There are
differing opinions on crustal thickness beneath Bransﬁeld Strait
(Christeson et al., 2003; Janik et al., 2006) but it is clear that extension
has not progressed to the formation of oceanic crust.
Deception Island forms the boundary between the Central and
Western Bransﬁeld Basins and its footprint extends from the northeastern boundary of the basin to the axis of backarc extension. The
emerged top of the volcano is a small horseshoe shaped island with a
diameter of ~ 15 km that encircles a ﬂooded caldera, named Port
Foster, measuring 5–9 km across with a narrow opening to the sea.
The volcano has erupted several times historically (Smellie et al.,
2002), most recently in a series of small eruptions in 1967–1970. Its
age is poorly constrained; normal magnetic polarities require an age
less than 800 Ka and limited ﬁeld evidence and a single K–Ar date
suggest an age b100–200 Ka (Keller et al., 1991a; Smellie, 2001). It has
a mean composition of basaltic–andesite to basalt and enigmatic
petrological characteristics that indicate both arc and backarc
inﬂuences (Keller et al., 1991b, 2002).
Deception Island's caldera has traditionally been considered a
classic volcanic collapse caldera (Baker et al., 1975), although
extensive deposits from the caldera forming eruption have yet to be
identiﬁed. Motivated by the lack of evidence for the formative
eruption and also by the absence of known ring faults and radial
dikes, Martí et al. (1996) interpreted fault patterns around the caldera
in terms of an alternative model in which the caldera formed as a
passive response to regional extension in two directions. More
recently, Smellie (2001) interprets the lithostratigraphy to support a
model in which mixing of two magma types led to an explosive
eruption with collapse occurring on intersecting faults that had been
formed by regional extension. He estimates the size of the caldera
forming eruption to be ~30 km3.
Bransﬁeld Strait and environs have been the focus of many
regional-scale seismic experiments that have sought to understand
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the structure of the backarc rift and the tectonics of the region (e.g.,
Grad et al., 1997; Barker and Austin, 1998; Robertson et al., 2002;
Christeson et al., 2003). However, on Deception Island itself, seismic
experiments have been limited to shallow seismic reﬂection (e.g., Rey
et al., 2002) and refraction (Grad et al., 1992) imaging of sediment
layers in the caldera and to the deployment of small networks and
arrays for monitoring earthquakes and emergent signals (e.g., Ibáñez
et al., 2003). To date the only constraints on deeper structure have
come from potential ﬁeld (Muñoz-Martín et al., 2005) and geothermal
observations (Ortiz et al., 1992), both of which have been used to infer
the presence of shallow magma.
3. Seismic experiment
The seismic data were collected using the R/V Hesperides in January
2005 as part of an international experiment led by the University of
Granada, Spain. The experiment was designed to obtain a highresolution three-dimensional image of a volume extending up to
~20 km from the center of the caldera and down to at least ~ 3 km
depth, and also included a 90-km-long proﬁle for deeper imaging of
the crust beneath the island (Fig. 2a). For logistical reasons, two
rounds of shooting were undertaken with different instrument
locations but very similar shot conﬁgurations. Data were recorded
on three-component seismometers at 36 land stations and by 9
compact arrays which typically comprised about ten vertical seismometers arranged around one of the three-component seismometer
sites. Land stations were not deployed uniformly (Fig. 2b) due to
glacier coverage and the difﬁcult access to parts of the island. Fourteen
1-Hz ocean bottom seismometers (OBS) from the US OBS Instrument
Pool were also available for each round of shooting and were deployed
at a total of 26 seaﬂoor sites within the caldera and around the island.
Because of a software problem, data were only obtained from 14
seaﬂoor sites.
For shooting we used an array of six airguns with a total volume of
57 l (3500 in3). In the caldera, shots were ﬁred at a spacing of 120 m on
a 0.5 km grid. Outside the caldera shots were ﬁred at a spacing of 170–
340 m on three circumferential lines at distances of 10, 15, and 20 km
from the center of the island and on eight radial lines each of which
extended at least 25 km from the center of the island. Two of the radial

Fig. 2. (a) Experiment design showing the location of seismic stations and arrays on land stations (circles) and ocean bottom seismometers (OBSs) (squares) in both rounds of
shooting, and airgun shots for the ﬁrst round of shooting (dots). Shots for the second round had a similar conﬁguration. Red symbols (black symbols in the black and white version) in
corridors that are enclosed by dashed lines show the stations and shots used for two-dimensional inversions presented in this paper. (b) Same as (a) except showing a smaller area
around the island. The seismic antennae in this ﬁgure are shown by triangles; a single vertical seismometer from each antenna array with a red symbol was included in this study.
Stations for which data are shown in this paper are labeled with the station name.
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Fig. 3. Example of a record section for the WSW–ENE proﬁle recorded by station B01 (labeled in Fig. 2b), located on land to the southwest of the caldera, plotted with a reduction velocity
of 6 km/s. A water path correction has been applied to correct the shot ranges and times to the ray entry point on the seaﬂoor. First arrival picks are shown with horizontal ticks that are
color coded to indicate estimated uncertainties as follows: red = 10 ms; magenta = 20 ms; cyan = 40 ms (pick uncertainties are shown by annotations in the black and white version).

lines were extended to create the 90-km-long refraction proﬁle. In this
paper, we present the results of two-dimensional inversions along the
90 km refraction proﬁle oriented NNW–SSE and along a 55-km-long

proﬁle oriented WSW–ENE (Figs. 1 and 2a). Three-dimensional
inversions for shallow volcano structure are the subject of a separate
study (Zandomeneghi et al., 2007, submitted for publication).

Fig. 4. (a) Example of a record section for the NNE–SSW proﬁle recorded by station G01 (labeled in Fig. 2b), a land station located east of the caldera, plotted with a reduction velocity
of 6 km/s. A water path correction has been applied to correct the shot ranges and times to the ray entry point on the seaﬂoor. Pick uncertainties are shown as for Fig. 3 with green
representing estimated uncertainties of 80 ms. For this station, the arrivals enclosed by a dashed box are visible but have a very low signal to noise. (b) To pick these arrivals we used
cross-correlation to align arrivals, and made the pick from a stack (left trace) of the aligned waveforms (see text).
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4. Travel time data
Fig. 3 shows an example of a typical record section for shots on the
WSW–ENE proﬁle recorded by station B01 (labeled in Fig. 2b) in the
southwestern part of the island. With the exception of a few intervals
when background noise levels increase substantially for unknown
reasons, the signal to noise ratio is high at shorter ranges and ﬁrst
arrivals can be picked directly. At ranges exceeding ~ 30 km, the signal
to noise ratio is often low and the ﬁrst arrivals emergent. This is
particularly so for paths that pass beneath the island. To pick ﬁrst
arrivals with low signal to noise ratios, we implemented a crosscorrelation and stacking technique (Fig. 4). Groups of arrivals were
ﬁrst stacked based on preliminary relative picks and then a 0.6-s-long
section of each arrival was cross-correlated with the stack to obtain
adjustments to the relative picks. The arrivals were then stacked again
based on the new relative picks and the process repeated until the
alignment converged. An absolute pick was then made from the ﬁnal
stack and assigned to each arrival based on the relative picks. For all
travel time data, we assigned nominal pick uncertainties of 0.01, 0.02,
0.04 or 0.08 s, depending on a qualitative assessment of the pick
quality (Figs. 3 and 4). For the NNW–SSE proﬁle the data set comprises
2793 arrival time picks from 627 shots and 16 stations located within a
4-km-wide corridor. For the WSW–ENS proﬁle, there are 1325 arrivals
for 280 shots and 11 stations located within a 5-km-wide corridor.
5. Inversion method
We inverted the travel times of ﬁrst arrivals with the marine
tomography algorithm of Toomey et al. (1994) which utilizes a
shortest path ray tracer (Moser, 1991), incorporates accurate corrections for the water path based on bathymetry, and implements
separate grids for the forward ray tracing problem and for the
inversion with linear interpolation between grid points. Both grids are
hung from the bathymetry and topography and all of our results are
referenced to this surface. For this study, we traced rays through a
three-dimensional grid with a spacing of 200 m. For the inverse
problem a two-dimensional velocity perturbation grid was used with
spacing of 500 m. The inversion minimizes a functional s2 given by
T
T
T
s2 = dT C−1
d d + λp m Im + λv m Sv m + λh m Sh m

where d is a vector of travel time delays; Cd is the data covariance
matrix; m a vector of slowness perturbations; I is the identity matrix
with dimensions corresponding to the number of model parameters;
Sv and Sh are second-order difference operators acting in the vertical
and horizontal directions, respectively; λp is the weight ascribed to
the damping constraints; and λv and λh are the weights ascribed to
the vertical and horizontal smoothing constraints respectively. We
used a jumping strategy to minimize the dependence of the solution
on the initial model (Shaw and Orcutt, 1985) and limited the
inversions to 5 iterations since this was always sufﬁcient to obtain
convergence.
We initially used a one-dimensional starting velocity model based
on picking approximate velocities along Line 2 of Christeson et al.
(2003), but in subsequent inversions, including those presented in this
paper, we used a one-dimensional starting model (Fig. 5) that is a
horizontal average of the structure imaged along the NNW–SSE proﬁle
to the south of the Island.
6. Results
We performed tomographic inversions along each proﬁle with a
variety of smoothing and damping weights. The images presented in
Figs. 6 and 7 are our preferred two-dimensional models. The primary
features in the models are relatively insensitive to the choice of
inversion parameters and starting models. In addition, these features

Fig. 5. Plot of one-dimensional velocity models showing the starting model for the
initial inversions (dashed) that was derived from Line 2 of Christeson et al. (2003); the
starting model for the inversions of ﬁeld data shown in this paper (solid) which was
derived by averaging the initial inversion velocities in Bransﬁeld Strait to the south of
the Island; and the velocity structure at a horizontal coordinate of 4.8 km in the NNE–
SSW inversion (dot-dashed) that was used as the reference model for melt fraction
calculations.

are robust, in that they are likewise reconstructed by inversions that
exclude shots and stations lying near the edges of the proﬁle corridors.
Fig. 8 shows scatter plots of the travel time residuals plotted against
range for each proﬁle for the best ﬁtting one-dimensional solution and
for the preferred two-dimensional models.
6.1. NNW–SSE line
Our preferred inversion along the NNW–SSE proﬁle (Figs. 6a and 7a)
was obtained with a damping weight λp = 1000 and smoothing weights
λv =λh = 300. Varying these weights by a factor of two has only a marginal
effect on the appearance of the models, changing the peak magnitude of
he primary low and high velocity anomalies near the volcano by at most
10–15%. The RMS travel time residual is 57 ms compared with 297 ms for
the best-ﬁtting one-dimensional model, a variance reduction of 96%. The
normalized chi-squared value is 6.3. The ray coverage extends down to
~9 km with a high density of crossing rays beneath the volcano down to
over 4 km depth.
Several features are visible in the inversion (Figs. 6a and 7a). There is a
low velocity anomaly beneath much of the caldera which extends from
the seaﬂoor to the bottom of the image. The maximum negative anomaly
−0.7 km/s at 3.5 km depth with an anomaly of −0.6 km/s extending up to
b1 km depth. The low velocity anomaly is truncated to either side by highvelocity anomalies. The maximum negative anomaly is equivalent to a
velocity perturbation of 13% with respect to the starting velocity model
but 20–30% relative to the high velocity regions on either side.
To the north, the high velocity anomaly extends over 20 km to the
end of the proﬁle and has a maximum magnitude of 1.6 km/s. To the
south, the high velocity region is fairly narrow (~ 6 km wide) and
partially underlies the southern margin of the caldera. Its boundary is
characterized by very high velocity gradients and its maximum
anomaly is 0.6 km/s. South of Deception Island there is a 30- to 40-kmwide region with generally small negative velocity anomalies. This
transitions abruptly to high velocities near the southern end of the
proﬁle.
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Fig. 6. (a) Results of tomographic inversions along the NNW–SSE proﬁle showing (i) the bathymetry along the proﬁle, (ii) the velocity perturbations overlain by every
twelfth ray paths, (iii) the velocity perturbations, and (iv) the absolute velocities in the tomographic model. There is no vertical exaggeration in the middle and bottom
panels. The contour interval for velocity perturbations is 0.1 km/s. The contour interval for the velocity model is 0.5 km/s. Note that tomographic model is hung from the
topography/bathymetry so that depths in panels (ii)–(iv) are referenced to the elevation of the seaﬂoor or island surface. (b) As for (a) except for the WSW–ENE proﬁle.

Fig. 7. As for Fig. 6 but for the region near Deception Island except that every tenth ray path is plotted and absolute velocity is not plotted.
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Fig. 8. Scatter plots showing travel time residuals (observed minus predicted) plotted against range with symbols differentiating between receivers in different regions. Plots are
shown for (a) the best ﬁtting one-dimensional and (b) the preferred two-dimensional model for the NNW–SSE proﬁle and for (c) the best ﬁtting one-dimensional and (d) the
preferred two-dimensional model for the WSW–ENE proﬁle.

6.2. ENE–WSW line
Our preferred inversion along the ENE–WSW proﬁle (Figs. 6b and 7b)
was obtained with a damping weight λp =1000 and smoothing weights
λv =λh =100. As for the other proﬁle the inversion is relatively insensitive
to the precise choice of these parameters. The RMS travel time residual is
40 ms compared with 123 ms for the best-ﬁtting one-dimensional model,
a variance reduction of 89%. The normalized chi-squared value is 5.5. The
ray coverage extends down to ~5–6 km depth with crossing rays beneath
the volcano down to ~4 km (Fig. 6b). The low velocity anomaly beneath
the caldera extends from the seaﬂoor to the bottom of the image, has a
width of ~4 km at shallower depths, and a minimum value of −1.0 km/s at
2.6 km depth (Fig. 7b) which is equivalent to a velocity perturbation of 20%
with respect to the starting one-dimensional model. It is bounded on
either side by narrow (~2 km width) high-velocity anomalies that are not
as pronounced as in the NNW–ENE proﬁle and have a maximum anomaly
of ~0.2 km/s. Both ﬂanks of the volcano are underlain by negative
anomalies that extend to ~4 km depth and reach −0.5 km/s.
6.3. Checkerboard tests
We used checkerboard tests to assess the resolution of our models.
For each proﬁle, we forward modeled the travel times for the same
source–receiver conﬁguration as the data, through models comprising

blocks with alternating low and high velocity anomalies of ±0.5 km/s.
We then added random errors based on the assigned picking
uncertainties, and inverted the synthetic data to see what features
were retained. The results for both proﬁles show that beneath the
volcano, surface blocks measuring 2 km × 2 km (Fig. 9a) and
1 km × 1 km are generally well resolved, but such features are not
recovered at greater depths. Wider features measuring 5 km
(width) × 2 km (Fig. 9b) and 5 km × 3 km are recovered beneath the
volcano and its immediate ﬂanks down to depths of 4 km and 6 km,
respectively, but at larger depths the paucity of crossing rays
substantially limits resolution. We infer that the models have limited
vertical resolution at depths N~ 4 km.
7. Discussion
We have presented inversions for two-dimensional velocity
structure along two orthogonal proﬁles across Deception Island
volcano. The inversions only resolve features down to ~4 km depth,
in part because the OBSs deployed at several sites along the proﬁles
did not return data. At shallower depths the resolution is quite good
particularly beneath the volcano and the inversions reveal considerable heterogeneity along the proﬁles.
Both inversions have normalized chi-squared values that are markedly
greater than unity indicating that the travel time data are not ﬁt to their
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Fig. 9. (a) Result of a checkerboard test for the NNW–SSE line for blocks with dimensions of 2 km × 2 km and anomalies of ±0.5 km/s showing (i) the bathymetry along the proﬁle, (ii)
the starting velocity perturbation model with the checkerboard pattern that is used to forward model travel times, and (iii) the velocity perturbations obtained from inverting the
synthetic data. (b) As for (a) but for blocks with dimensions of 5 km × 2 km.

nominal picking uncertainty. The maximum magnitude of the travel time
residuals is ~200 ms and ~150 ms for the NNE–SSW (Fig. 8b) and WSW–
ENE (Fig. 8c) inversions, respectively. It is possible that our data set
includes a few mispicked ﬁrst arrivals on traces with low signal to noise
although we reinspected all the data with large residuals in our
preliminary inversions and eliminated picks that we judged to be suspect.
We have also performed inversions that iteratively excluded all observations with residuals whose magnitude is greater than 100 ms; the results
are very similar to those presented her.
A more likely explanation for the high residuals is the presence of
velocity variations perpendicular to the proﬁles. Three-dimensional
inversions for shallow volcano structure (Zandomeneghi et al., 2007,
submitted for publication) show signiﬁcant three-dimensional within
the 4- to 5-km-wide corridors used for our proﬁles. Because the
caldera is narrower in a direction perpendicular to the NNW–SSE
proﬁle, the errors resulting from assuming a two-dimensional
structure would be expected to be larger for this proﬁle, an inference
that is consistent with the observed residuals.
7.1. Structure around the Volcano
To the north of the caldera, there is a broad high-velocity anomaly that
extends to the end of the proﬁle. The region of high gradients between this
high velocity anomaly and the low velocities beneath the caldera
coincides with a regional normal fault that marks the northern border
of extension in Bransﬁeld Strait (Barker and Austin, 1998; Rey et al., 2002).
Away from Deception Island, this fault is delineated by the steep
bathymetry gradients on the northwest side of Bransﬁeld Strait (Fig. 1).
When extrapolated across Deception Island the fault coincides with the
northwestern margin of the caldera and with the line of 1967 and 1970
eruption centers near Telefon Bay (Rey et al., 1997). The fault may play a
role in constraining the volcano's location, although other volcanic centers
in the Central Bransﬁeld Basin are not located along the north-bounding
fault (Gràcia et al., 1997). It may also provide a deep conduit that allows
arc-like magma to migrate to the volcano. On the basis of the analysis of

magnetic and gravimetric data, Muñoz-Martín et al. (2005) argue that this
fault marks the boundary between continental crust to the north of
Deception Island and more basic crust to the south. However, at the depth
of imaging for our model (b~5 km), the north to south decrease in velocity
across this boundary imaged by our study and previous investigations
(Grad et al., 1992; Christeson et al., 2003) is more consistent with a
transition from undeformed continental crust to the north to extended
continental crust to the south that is overlain by sediments and volcanics.
To the west, south and east, the low-velocity anomaly beneath the
caldera is ﬂanked by a narrow zone of high velocities which
transitions to a zone of low velocities further beneath the volcano
ﬂanks. The low velocity anomalies on the ﬂanks of the volcano are
likely indicative of the pillow lavas, hyaloclastic breccia, mass slumps,
and tephra that were deposited during the history of the volcano
(Smellie, 2002a). The narrow high-velocity anomaly is particularly
prominent beneath the southern margin of the caldera (Fig. 7a) where
it is not clearly related to any surface feature. It is well imaged at
shallower depths but it is elongated at depth along the predominant
ray path direction (Fig. 6a) suggesting that its base is not well resolved.
One interpretation of this feature is that it is a cooled magmatic
intrusion that penetrates to shallow depths. The high-velocity
anomalies along the WSW–ENE proﬁle (Fig. 7b) are less pronounced,
particularly on the west side of the caldera, but three-dimensional
inversions (Zandomeneghi et al., 2007, submitted for publication)
show that there is a ring of high-velocity anomalies around the caldera
that is attributed to a pre-caldera shield phase of the volcano, a
previous caldera rim, or to shallow intrusions.
The broad region of low velocity anomalies located south of the island
in Bransﬁeld Strait (Fig. 6a) is presumably a region where sediments and
volcanic sequences have accumulated in the extensional basin. The high
velocity anomaly at the southern end of the NNW–SSE proﬁle is
somewhat puzzling. A velocity increase would be expected south of the
southern margin of the basin because the sediment thickness would
decrease markedly. However this anomaly lies within the basin (this is
clearly apparent in the bathymetry of the proﬁle shown in Fig. 6a). Further
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Fig. 10. Record section for shots inside the caldera recorded by Station W25 on the north
shore of the caldera (the station and shot locations are shown in Fig. 14a), plotted with a
reduction velocity of 3.6 km/s. A water path correction derived from the tomography
code has been applied to correct the shot locations and times to the ray entry point and
time at the seaﬂoor. The data for this record section are ﬁt well by a three layer model
with two upper sediment layers with an average velocity of 2.1 km/s and a total
thickness of 1.2 km overlying a basement layer with velocities of 3.6 km/s.

east Barker and Austin (1998) found evidence for magmatic intrusions
near the southern margin of the basin and such an explanation would be
consistent with high seismic velocities we resolve. The high velocity
feature might also be related to the segmentation of the Bransﬁeld Basin
across northwest–southeast trending structures (Christeson et al., 2003).
Finally, it is possible that the steep bathymetry observed near the southern
end of the proﬁle has affected the accuracy of the travel time calculations
for the water paths.
7.2. Origin of the low-velocity anomaly beneath the caldera
In order to understand the origin of the low velocity anomaly
beneath the caldera, we ﬁrst sought to assess the contribution from
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shallow sediments and unconsolidated volcanics. Refraction proﬁles
within the caldera (Fig. 10), many of which are reversed, are ﬁt well
by a layered model in which a lower layer with velocities of 3.5–
4 km/s that we interpret as basement that is overlain by a 1.2-kmthick region that can be approximated by two layers with an average
velocity of ~ 2.1 km/s which we interpret as sediments and
pyroclastics. These results are very consistent with an earlier study
(Grad et al., 1992).
We conducted synthetic inversions that were based on travel
times obtained by ray tracing for the same source and receiver
geometry as for our ﬁeld data through a velocity model in which a
1.2-km-thick sediment layer in the caldera region was superimposed
on a one-dimensional starting model (Fig. 11a). As might be
anticipated from the checkerboard tests, the inversion results show
that the sediment basin is well resolved and does not smear out in the
images to larger depths. We infer that it contributes very little to the
low velocity anomaly at depths N1.5–2 km and that only a small
proportion of the observed low-velocity anomaly is the result of this
layer.
We cannot entirely discount the possibility that the sediments and
pyroclastic layers extend below 1.2 km depth (Grad et al., 1992). The
large velocity jump inferred from the refraction data is most easily
explained by a lithological boundary, but it is also possible that a
highly fractured or porous region in the uppermost basement
contributes to the low velocity anomaly. To investigate this idea, we
obtained a second synthetic inversion with 2-km-thick “sediment”
layer. The inversion shows more smearing but still does not reproduce
the low-velocity anomaly recovered from the ﬁeld data (Fig. 7a) at
depth below ~ 3 km. We infer that even a substantially thicker
sediment basin or a sediment basin underlain by a layer of fractured
basement cannot account for the full depth of the low velocity
anomaly.
To explore the hypothesis that the 1.2-km-thick layer of
sediments and pyroclastics is underlain by a shallow magma
chamber we systematically investigated synthetic models that
included both the caldera sediments and an underlying magma
chamber of varying dimensions and anomaly size. Fig. 12a shows one
example of a synthetic test for the NNW–SSE proﬁle. The synthetic

Fig. 11. Results of a synthetic inversions along the NNW–SSE proﬁle based on forward modeling travel times through caldera sediment basins with uniform velocities of 2.1 km/s
superimposed on the one-dimensional starting model. (a) An inversion for a 1.2-km-thick sediment basin with panels showing (i) the bathymetry along the proﬁle, (ii) the velocity
perturbations for starting model used for forward modeling, (iii) the velocity perturbations obtained from the inversion. (b) As for (a) except for a 2-km-thick sediment basin.
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Fig. 12. (a) Results of a synthetic inversion for the NNW–SSE proﬁle based on forward modeling travel times through a model that includes the caldera sediment basin and an
underlying magma chamber. The magma chamber is 4.8 km wide and extends downward from 1.5 km depth with a velocity anomaly of −1.2 km/s in its upper 2 km that
decreases linearly at greater depth to zero at 10 km depth. The panels are as follows: (i)–(iii) as for Fig. 11, (iv) the velocity perturbations for inverting the ﬁeld data for
comparison (from Figs. 6 and 7), and (v) the absolute velocities for starting model used for forward modeling travel times for the synthetic inversion. (b) As for (a) except for the
WSW–ENE line and with a magma chamber that is 3 km wide.

model includes a 4.8-km-wide magma chamber that extends downwards from a depth of 1.4 km and has an anomaly which is − 1.2 km/s
in its upper 2.0 km and then decreases linearly downwards to zero at
10 km depth. The synthetic inversion results in a low-velocity
anomaly that is somewhat wider than recovered from the inversions
of the ﬁeld data (Fig. 7a) which may be because the starting model for
the synthetic inversion does not include the high velocity regions on
either side that are recovered in the inversions of the ﬁeld data.
Otherwise, it reproduces the basic characteristics of the observed
anomaly quite well. Fig. 12b shows a similar synthetic inversion for
the ENE–WSW line for a starting model with a magma chamber that
has a width of 3 km that approximately matches the low velocity
anomaly recovered from the real data. Based on such tests we infer
that the top of the magma chamber is likely at ≤ 2 km depth, and that

its width is between 3 and 5 km along the NNW–SSE proﬁle and 2–
3 km along the ENE–WSW proﬁle. To reproduce the amplitude of the
velocity anomalies seen in the ﬁeld data inversions, a velocity
anomaly of − 1.2 to − 1.5 km/s (25–40%) is required in the synthetic
models. The base of the magma chamber is not resolved but the
synthetic inversions suggest that a signiﬁcant velocity anomaly must
extend to N4 km depth in order to match the depth of the anomaly
seen in the ﬁeld data inversions.
7.3. Estimates of melt volumes
In order to estimate the melt content of the possible magma
chamber, we applied a method that is described in detail by Dunn et al.
(2000). The ﬁrst step involves estimating the velocity anomaly that can
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be attributed to elevated subsolidus temperatures. Karato (1993)
presents an equation for the sensitivity of velocity to temperature
dlnV dlnV
=
dT
dT

j

−F ðα Þ
anharmonic

−1

Qð f ; TÞ
π

H*
RT

where V is the P-wave velocity, T is the temperature, a is exponential
frequency-dependence of Q, F(α) has a value near 1, f is frequency, H⁎
is an activation enthalpy, and R is the gas constant. The two terms on
the right hand side are the anharmonic term which involves no energy
loss and anelastic term which is associated with attenuation and is
frequency dependent. There is signiﬁcant uncertainty in the parameter values that control the anelastic term. Dunn et al. (2000) choose
to estimate the upper and lower bounds of the subsolidus temperature contribution by considering, respectively, only the anharmonic
term and the sum of the anharmonic and anelastic term with
parameter values for the latter chosen to maximize the anelastic
contribution.
Since Deception Island has a composition that is close to basaltic,
we use the same parameter values that Dunn et al. (2000) use for the
oceanic crust. We assume a uniform QP = 50, a value that is higher than
near surface values estimated at Deception Island from earthquake
records using pulse broadening and a spectral technique (MartinezArévalo et al., 2003), but a reasonable lower-bound on average values
for the upper 5 km based on attenuation studies at other volcanoes

77

(e.g., Wilcock et al., 1995; Giampiccolo et al., 2007). We estimated the
velocity anomalies as a function of temperature perturbation using a
background temperature model that increases linearly from 0 °C at the
seaﬂoor to a solidus temperature of 1050 °C at 15 km depth, the crustal
thickness inferred by Christeson et al. (2003). This leads to a crosssection of apparent crustal temperatures (Fig. 13a) that in some
models delineates a region where the velocity anomaly cannot be
entirely accounted for by sub-solidus temperatures.
The second step of the method involves interpreting the
unexplained component of the anomaly in terms of melt fraction
using a theoretical model developed by Schmeling (1985). Following
Dunn et al. (2000) we consider melt aspect ratios of 0.05 and 1.0 to
obtain lower and upper bounds on the melt fraction at each location
where temperature cannot account for the whole velocity anomaly
(Fig. 12b and c). The cross sections of melt fraction can be integrated to
obtain an equivalent melt area. We limit this integration to regions
lying beneath the sediment layer, and to a maximum depth of 5 km.
The technique is sensitive to the reference one-dimensional
velocity model used to estimate the velocity anomaly. The starting
velocity model for our inversions (Fig. 5) and the reference model for
plotting anomalies is based on the one-dimensional structure in the
basin away from the Island and the velocities are almost certainly too
low for a basaltic-andesite volcano. The model we obtained from
Christeson et al. (2003) has markedly higher velocities in the upper
4 km (Fig. 5). However, rather than using either of these models we

Fig. 13. Example of melt calculations using the method of Dunn et al. (2000) (a) Temperatures calculated from seismic velocity anomaly in the vicinity of the island along the NNW–
SSE proﬁle assuming only the anharmonic term (see text). The bathymetry along the proﬁle is underlain by a contour plot of the calculated temperature anomaly. White shading
indicates a region where the temperatures exceed the solidus temperature of 1050 °C. Note that temperature anomalies are not calculated for the upper 1.2 km since this corresponds
to the sediment basin. (b) Melt fractions calculated from the excess negative velocity anomalies using the model of Schmeling (1985) and a melt pocket aspect ratio of 0.05. (c) As for
(b) except for a melt pocket aspect ratio of 1.0.
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Table 1
Estimates of melt bounds in the Deception Island magma chamber obtained with the method of Dunn et al. (2000)
Inversion

Anharmonic

Anelastic and anharmonic

Melt AR = 0.05

NNE–SSW ﬁeld
data (Fig. 7a)
WSW–ENE ﬁeld
data (Fig. 7b)
NNE–SSW
synthetic (Fig. 12a)
WSW–ENE
synthetic (Fig. 12b)

Melt AR = 1.0

Melt AR = 0.05

Melt AR = 1.0

Max. melt,
%

Melt area,
km2

Melt vol., Max. melt,
km3
%

Melt area,
km2

Melt vol., Max. melt,
km3
%

Melt area,
km2

Melt vol., Max. melt,
km3
%

Melt area,
km2

Melt vol.,
km3

12

1.6

4.9

33

4.5

14

0

0.0

0.0

0

0.0

0.0

13

1.5

7.3

38

4.1

20

0

0.0

0.0

0

0.0

0.0

16

2.4

7.3

48

6.9

21

5

0.3

0.8

13

0.8

2.3

16

1.5

7.5

48

4.3

21

5

0.2

0.9

13

0.5

2.4

These calculations are described in the text. The melt areas are based on integrating melt fractions down to 5 km depth and the melt volumes are obtained by multiplying the melt
areas by 3 km and 5 km for the NNE–SSW and WSW–ENE proﬁles, respectively. Melt AR stands for the aspect ratio of melt pockets.

chose to estimate the velocity anomaly with respect to the highest
velocities imaged in the high-velocity region to the south of the
volcano center (a horizontal coordinate of 4.8 km in Fig. 7a) since all
the explanations of this feature envision that it is composed of solid
volcanic material (Zandomeneghi et al., 2007, submitted for publication). This model is shown in Fig. 5 and is intermediate between the
other two velocity models at shallower depths.
Table 1 summarizes the results of melt calculations that have been
applied to both the inversions of the ﬁeld data and the starting models
for the synthetic magma chamber inversions. The results for the ﬁeld
data give bounds on the maximum melt fraction ranging from 0 to
nearly 40% with a simple estimate of the melt volume ranging from 0 to
14–20 km3. The wide bounds on the melt content illustrate the
difﬁculties associated with such calculations (e.g., Lees, 2007). Further

uncertainties will arise from the choice of reference velocity and
temperature model. Because of the tendency for inversions to smear out
features, the velocity difference associated with the anomaly is almost
certainly underestimated. We also note that the theoretical models of
Schmeling (1985) are only presented for relatively small melt fractions
(b~15%) and their extrapolation almost certainly overestimates the
effect of larger melt fractions on velocity. Both these factors would lead
to underestimates of melt fractions and volumes.
It is interesting to note that the synthetic starting models that
reproduce that low-velocity anomaly observed in the inversions
increase from 2.6 to 3.0 km/s over the upper 1 km anomaly (Fig. 12,
bottom panels). Such velocities suggest basaltic or andesitic melt
contents approaching or reaching 100% (Murase and McBirney, 1973)
and are thus consistent with melt volumes of up to 15 km3. While our

Fig. 14. (a) Map of the Deception Island showing that the caldera can be approximated by an ellipse with semi-axes measuring 4.5 km and 2.7 km. The square labeled W25 and the line
of dots show and receiver and shot line for the record section shown in Fig. 10. Solid lines show the locations of the cross-sections shown in (b)–(c). (b) WSW–ENW cross-section of
Deception Island with a vertical exaggeration of 10 showing an assumed conical shape of the volcano prior to the caldera forming eruption(s). (c) As for (b) except for an NNW–SSE
section. Based on our estimate of the caldera sediment basin depth, we estimate that the caldera forming eruption(s) ejected ~ 60 km3 of material.
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velocity inversions and synthetic models do not have the vertical
resolution to demonstrate that Deception Island is underlain by a
substantial volume of melt (we cannot, for instance, discount the
contribution of a fractured upper basement), we infer that they are
consistent with this interpretation.
7.4. Implications of a shallow magma chamber
The possible existence of a large magma chamber beneath the
caldera is consistent with the recent eruptive history of Deception
Island. Two unusual features of the historical eruptions are that they
have occurred all around the caldera and that at least three eruptive
events have included simultaneous eruptions of chemically distinct
lavas from multiple vents (Newhall and Dzurisin, 1988, pp 1015).
These characteristics are most simply explained if volcanism results
from small differentiated magma bodies that rise up from a large
magma chamber that extends across the whole caldera (Roobol, 1980).
The presence of shallow magma chamber is also consistent with
the geochemistry of the volcano. Major and trace element variations
require extensive fractionation at shallow crustal depths (Smellie,
2002a). Fluorine and boron systematics have led Smellie et al. (1992)
to postulate that Deception Island is underlain by a shallow basaltic
magma chamber that undergoes open system fractionation with the
regular inﬂux and eruption of small batches of magma.
We can use our constraints on the thickness of the caldera
sediment layer to estimate the maximum volume of material that
could have been ejected if the caldera formed by one or more
eruptions. We approximate the caldera by an ellipse with semi-major
and semi-minor axes of 4.5 km and 2.7 km, respectively, (Fig. 14a) and
a thickness of 1.4 km (the thickness of the water and sediment layers)
and assume that the emerged volcano had a conical shape prior to the
eruption and a maximum elevation above sea level of 500 m (Fig. 13b
and c). This yields a volume of ~ 60 km3 which is signiﬁcantly larger
than the 30 km3 estimated by Smellie (2001) but similar to an
estimate of Martí et al. (1996).
The conventional view of volcanic hazard at Deception Island is
that it is in the early stage of inﬁlling the caldera by small-volume
eruptions (Roobol, 1982; Smellie, 2002b). However, evidence from
other volcanoes shows that small eruptions of silicic magmas around
ring structures have preceded some large, prehistoric eruptions
(Bacon, 1985) and so one could speculate that the recent activity at
Deception may be a precursor to a much larger eruption and caldera
collapse (Newhall and Dzurisin, 1988, p. 1015). Repeat bathymetric
surveys (Cooper et al., 1998) are consistent with, but do not require
(Barclay et al., in press), substantial resurgence on the east side of the
caldera. However, seismic data suggest that the caldera has undergone
several episodes of trap-door deformation (Cooper et al., 1998) and
these were not accompanied by large eruptions (Smellie, 2001). It has
been postulated that the caldera forming eruption was triggered by
the inﬂux of a second compositionally different magma (Smellie et al.,
1992; Smellie, 2001). Thus, while the possible presence of a sizeable
shallow magma chamber beneath Deception Island may indicate that
the volcano could support a large eruption, it might require an
additional triggering event (Smellie, 2001).
8. Conclusions
We have presented two-dimensional inversions for P-wave
velocity structure along two orthogonal proﬁles across Deception
Island. The primary conclusions of this study are:
1. There is a substantial increase in velocities across a regional normal
fault that marks the northwestern margin of the Bransﬁeld Basin
and which coincides with the northern margin of the caldera.
2. There is a signiﬁcant low velocity anomaly beneath the volcano.
This results from the combination of a layer of low-velocity
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material that inﬁlls the caldera basin and an underlying possible
magma chamber that extend downwards from ≤2 km below the
seaﬂoor to N4 km depth that may contain a substantial volume of
melt.
3. Formal estimates of the melt volume in the magma chamber region
obtained using a method described by Dunn et al. (2000) range
from 0 to 20 km3. The presence of a large shallow magma chamber
is thus not required by our data but is consistent with the absolute
velocities inferred from synthetic inversions. It is also consistent
with the distribution and timing of recent eruptions and with the
petrology of basalts.
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