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Abstract
Isotopic compositions of lacustrine carbonates are commonly used for dating and paleoenvironmental reconstructions.
Here we use carbonate d13C and d18O, clumped (D47), and 14C compositions to better understand the carbonate isotope system
in closed-basin lakes and trace the paleohydrologic and temperature evolution in the Chewaucan closed-basin lake system,
northern Great Basin, USA, over the Last Glacial/Holocene transition. We focus on shorezone tufas to establish that they
form in isotopic equilibrium with lake water and DIC, they can be dated reliably using 14C, and their clumped isotope composition can be used to reconstruct past lake temperature. Calculations of the DIC budget and reservoir age for the lake indicate residence time is short, and dominated by exchange with atmospheric CO2 at all past lake levels. Modern lake DIC and
shorezone tufas yield d13C and 14C values consistent with isotopic equilibrium with recent fossil fuel and bomb-inﬂuenced
atmospheric CO2, supporting these calculations. d13C values of fossil tufas are also consistent with isotopic equilibrium with
pre-industrial atmospheric CO2 at all shoreline elevations. This indicates that the 14C reservoir eﬀect for this material is
negligible. Clumped isotope (D47) results indicate shorezone tufas record mean annual lake temperature. Modern (average
13 ± 2 °C) and 18 ka BP-age tufas (average 6 ± 2 °C) have signiﬁcantly diﬀerent temperatures consistent with mean annual
temperature lowering of 7 ± 3 °C (1 SE) under full glacial conditions. For shorezone tufas and other lake carbonates, including spring mounds, mollusk shells, and ostracod tests, overall d13C and d18O values co-vary according to the relative contribution of spring and lacustrine end member DIC and water compositions in the drainage system, but speciﬁc isotope values
depend strongly upon sample context and are not well correlated with past lake depth. This contrasts with the interpretation
that carbonate isotopes in closed-basin lake systems reﬂect changes in DIC and water budgets connected to higher or lower
lake volumes. Instead, a small overlapping range of isotope compositions characterize multiple lake levels, so that none can be
identiﬁed uniquely by isotope composition alone. Relative to other lake carbonates, d13C and d18O values for ostracods in
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Ana River Canyon deposits are very strongly inﬂuenced by Ana River water, suggesting low lake level and volume characterized Summer Lake for most of the past 100,000 years. Coupled with sedimentologic observations, the Ana River deposits
thus suggest dry conditions like today are close to the mean climate state in the northern Great Basin. By contrast, basinintegrating highstands such as that dating to 14 ka BP, during the last glacial termination, are hydrologically unique and
short-lived. Overall, our results indicate carbonate isotope records must account for the speciﬁc geochemical and hydrologic
characteristics of lake system in order to provide robust paleoenvironmental reconstructions.
Published by Elsevier Ltd.
Keywords: Great Basin; Closed-basin lake; Clumped isotopes; Carbonate isotopes; Paleoclimate

1. INTRODUCTION
Authigenic carbonate deposits found in closed-basin saline lakes are often used to reconstruct past variability in the
lake water environment and by extension, changes in past climate (e.g. Gasse et al., 1991, 1996; Benson et al., 1996a;
Cohen et al., 2000; Benson et al., 2003; Jones et al., 2005;
Ibarra et al., 2014; Mishra et al., 2015; Petryshyn et al.,
2016). Substitutions of stable 18O and 13C and radioactive
14
12 16
C into the anion (CO2
3 ) of Ca C O3 are commonly used
for paleoenvironmental reconstruction (e.g. Cohen et al.,
2000; Benson et al., 2003; Petryshyn et al., 2016) and
geochronology (e.g. Broecker and Kaufman, 1965; Hudson
et al., 2015; Huth et al., 2015), respectively.
Stable carbon isotope compositions, expressed as d13C,
are useful for reconstructing lake water dissolved inorganic
carbon (DIC) composition that is sensitive to biologic productivity (Cohen et al., 2000; Leng and Marshall, 2004) and
mixing with atmospheric and groundwater sources of DIC
(Nelson et al., 2005). Stable oxygen isotope compositions
(expressed as d18O) in shell materials (e.g. mollusk and
ostracod shells) and biologically-mediated authigenic carbonates (e.g. marl, tufas) may provide useful information
on variability in the precipitation/evaporation balance of
the lake (Leng and Marshall, 2004; Jones et al., 2005;
Steinman et al., 2010). In order to derive accurate d13C
and d18O values for past DIC and water from carbonates
using temperature-dependent isotope fractionation equations (e.g. Kim and O’Neil, 1997), the temperature of mineral formation must be constrained, which can be diﬃcult
for conditions in the geologic past. Clumped isotope thermometry can reduce this uncertainty because the statistical
overabundance of 18O-13C bonds in carbonate materials,
retained in CO2 after acid digestion (expressed in per mil
as D47), varies inversely with formation temperature, and
is independent of parent water and DIC isotope composition (Ghosh et al., 2006; Eiler, 2007, 2011). To this end,
many empirical temperature-D47 calibration curves have
been generated from both laboratory-precipitated inorganic
and biogenic samples as well as with natural geologic samples (Dennis and Schrag, 2010; Quade et al., 2013; Eagle
et al., 2013; Zaarur et al., 2013; Tang et al., 2014; Deﬂiese
et al., 2015; Kluge et al., 2015; Kele et al., 2015; Kelson
et al., 2017; Bonifacie et al., 2017). Building on recent analytical method developments (Daëron et al., 2016; Schauer
et al., 2016), new experiments show that a single, robust
temperature-D47 relationship can be used to describe a wide

range of natural carbonates (Kelson et al., 2017). In theory,
under conditions of isotopic equilibrium between chemical
species, stable isotope values for carbonates should be consistent with formation from lake water and DIC isotope
values, but oﬀset by the fractionation factors for the temperatures derived from their clumped isotope values.
Whether these carbonates form in equilibrium, however,
must be tested in order to reconstruct past DIC and water
values accurately.
14
C in carbonates is often used to provide age control in
lake systems (e.g. Benson et al., 2003; Zimmerman et al.,
2012; Ibarra et al., 2014), but must be used with caution.
14
C dating of Quaternary materials assumes an initial
14
C/12C ratio equal to that of CO2 in the atmosphere at the
time of formation. However, the stable and radioactive isotope inventories of lacustrine carbonates are inherited from
parent water DIC, not just from the atmosphere. Signiﬁcant
errors in 14C age can result where the lake DIC reservoir differs signiﬁcantly from the atmospheric value at the time of
carbonate formation due to mixing with 14C-depleted
groundwater, or incomplete mixing with atmospheric CO2.
Therefore, careful consideration of these potential sources
of error is required before 14C ages in lacustrine carbonates
can be considered reliable. If errors can be minimized or corrected by means of comparison to modern carbonate analogs
or other isotopes and dating methods, carbonates can provide valuable age control in closed-basin lake sediments.
We present stable, clumped, U-Th, and radiocarbon isotope data for multiple lake (shorezone and spring mound
tufas, mollusk shells, and ostracod valves) and terrestrial
(spring travertines) carbonates to improve understanding
of the carbonate isotope system and trace the paleohydrologic evolution of the Chewaucan closed-basin lake system
in western North America. This lake system is advantageous because it contains a perennial lake and recently
deposited carbonates that provide a modern analog for
the isotope behavior of the lake during the geologic past.
We focus mainly on interpreting stable isotope variations
and 14C dates for modern and fossil tufas, with the goal
of assessing the accuracy of 14C ages for this material,
which is used in this and other studies to reconstruct lake
level histories. We also assess modern and past lake surface
temperatures based on clumped isotope thermometry. We
then examine stable isotope variations in multiple carbonate types to assess the dominant controls on their isotopic
compositions and their relationship to lake hydrologic
change. Measurements from terrestrial, shorezone, and oﬀ-
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shore carbonate phases within a single lake system provide
useful comparison between lake level variations
reconstructed from shoreline sediments and variations in
the isotope content of lake water, which are often used in
core-based reconstructions to infer lake depth or hydrologic
budget.
2. STUDY AREA AND PREVIOUS WORK
The Lake Chewaucan (Cheh-wah-CAN) system is
located in southern Oregon, USA (42.7°N, 120.5°W) in
the northwestern corner of the Great Basin (Fig. 1). The
drainage basin consists of wide playa ﬂoors of moderate
elevation (1267–1314 m asl; above sea level) surrounded
by normal fault-bounded mountain ranges up to 2536 m
asl. Located at the intersection of the Basin and Range
and the Columbia River Basalt Plateau, the basin bedrock
is composed entirely of extensively faulted andesitic and
basaltic volcanic rocks of Miocene to Pliocene age
(Walker and Macleod, 1991). Quaternary basin deposits
underlie the modern basin ﬂoor and include interbedded
lake silts and evaporites in the Summer Lake and Abert
Lake basin centers, marsh peats around the margins and
covering the Upper and Lower Chewaucan Marshes, and
sand/gravel shoreline deposits deﬁning past and present
lake shoreline elevations (Allison, 1982). Signiﬁcant oﬀset
on normal faults cutting Quaternary deposits (Pezzopane
and Weldon, 1993) indicates the study area is actively
extending.
The Chewaucan hydrographic system is internally
drained with no surface water outlet at any paleoshoreline
levels. It consists of four sub-basins from west to east: Summer Lake, Upper Chewaucan Marsh, Lower Chewaucan
Marsh, and Abert Lake. These basins were variably connected depending on past lake level (Fig. 1). The modern
Summer and Abert Lake sub-basins are currently occupied
by semi-perennial lakes with areas of approximately 187
and 115 km2, respectively. The Summer Lake sub-basin
has a total area of 1051 km2, but has a relatively small contributing catchment conﬁned to Winter Ridge on the south
and west. The Ana River dominates runoﬀ into the Summer
Lake sub-basin. It is sourced from a spring in the northwestern part of the basin, and ﬂows southward through
the Ana River Canyon to feed the Summer Lake playa
(Phillips and Van Denburgh, 1971).
The other three sub-basins are hydrographically connected today along a set of topographic steps with a total
area of 2657 km2. They are fed from the west by the Chewaucan River, which ends in Abert Lake. The modern river
has been diverted into irrigation canals that ﬂow continuously to Abert Lake. However, natural conditions likely
supported extensive marshes in the upper sub-basins. There
is no indication that these three sub-basins were separated
by hydrographic divides in the recent geologic past, so it
is convenient to consider them as a single hydrologic unit,
called the Abert Lake sub-basin hereafter. The Chewaucan
River drains most of high elevation of this sub-basin, with
minor seasonal contributions from Willow and Crooked
Creeks feeding from high topography along the south side
of Lower Chewaucan Marsh (Fig. 1).

There has been a signiﬁcant amount of prior research
conducted on both the modern Summer and Abert Lake
sub-basins and the paleolake sediments, including lacustrine carbonates. Allison (1982) provided descriptions of
the geomorphology and sedimentology of the alluvial,
lacustrine, and landslide deposits within the basin. Previous
studies of the water chemistry (Whitehead and Feth, 1961;
Van Denburgh, 1975) and hydrologic budgets of the Abert
Lake and Summer Lake watersheds (Phillips and Van
Denburgh, 1971) have characterized the solute composition
and concentrations of the lakes and the contributions of
inﬂowing streams and springs within the historical record.
These works provide a valuable framework for interpreting
the eﬀect of salinity and solute composition on formation
and isotope composition of modern and fossil carbonates
in this study.
The most extensive study of lake deposits has focused
on ﬁne-grained sediments exposed in deep streamcuts
carved by the Ana River in the northern Summer Lake
sub-basin (Fig. 1). These exposures in the Ana River Canyon (ARC) have yielded paleoenvironmental records spanning much of the past 150 ka, based on sedimentology
(Allison, 1982; Cohen et al., 2000), paleomagnetic indicators (Negrini et al., 2000; Zic et al., 2002), pollen, and
ecology and geochemistry of ostracods (Palacios-Fest
et al., 1993). The ARC deposits also contain at least 88
volcanic tephras (summarized by Kuehn and Negrini,
2010) used for geochronology and stratigraphic correlation of sediment records within the Chewaucan lake system and within the northern Great Basin. Ostracod
valves have also been used for geochronology and paleotemperature reconstructions using amino acid racemization (Bright and Kaufman, 2011a, 2011b; Reichert et al.,
2011).
Two additional core records from the Wetlands Levee
(WL) and Bed & Breakfast (B&B) localities in the Summer
Lake sub-basin have been correlated to the ARC sections
using magnetostratigraphy, tephrostratigraphy and 14C
ages on ostracods, and also contain a suite of paleoenvironmental indicators including stable isotope values for ostracods (Cohen et al., 2000; Benson et al., 2003; Fig. 1). The
combined records show that lake level and vegetation
changes in the catchment generally followed the global
glacial-interglacial temperature trend, with cold and/or
moist conditions prevailing during Marine Isotope Stages
(MIS) 6, 4, and 2. Major unconformities indicated by erosion and eolian deﬂation of basin sediments developed during the MIS 5 and 1 (Holocene) interglacials, and dry
conditions relative to MIS 4 and 2 occurred during MIS 3.
A few studies have targeted shoreline deposits in the
Abert Lake sub-basin, where shoreline sediment sequences
are well exposed along the base of the Abert Rim
(Fig. 1). Jellinek et al. (1996) produced stable isotope values
for spring mound and shorezone tufas, concluding the d18O
values indicated formation in an evaporated closed-basin
lake environment. Licciardi (2001) reconstructed lake levels
for Abert Lake using 14C dating of lacustrine mollusk
shells, identifying a Late Glacial (MIS 2) highstand interval
between 13 and 14 cal ka BP. However, the DIC reservoir
correction for Abert Lake with respect to 14C has not been
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Fig. 1. Chewaucan pluvial lake system. Approximate modern playas of Summer and Abert Lake and modern inﬂowing rivers shown in light
blue. Hydrographic basin boundaries shown in black. Sampling locations are shown by symbols coded by carbonate type. Sampling areas in
this study are indicated by black boxes or brackets. Locations of the Ana River Canyon section, and Wetlands Levee and Bed & Breakfast
cores are labeled (Cohen et al., 2000). Lake area deﬁned by shorezone tufas of 18 ka age shown in green; lake area at the elevation ﬁlling the
Upper Chewaucan Marsh (UCM) in yellow; lake area required to submerge the Ana River Canyon (ARC) sections shown in red; lake area at
the Late Glacial high shoreline elevation shown in blue. Location of meteorological station at Valley Falls, OR shown by open circle, and
location of spill point between Summer and Abert sub-basins by yellow star. Base image derived from the 10 meter National Elevation
Dataset. Inset – western North America map showing study area (red star) and locations of lakes from other studies. Great Basin
hydrographic boundary outlined in green. 1 – Lake Chewaucan, 2 – Lake Surprise, 3 – Pyramid Lake, 4 – Walker Lake, 5 – Mono Lake, 6 –
Lake Bonneville. (For interpretation of the references to colour in this ﬁgure legend, the reader is referred to the web version of this article.)
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rigorously considered, and these dates need further
assessment.

3. CARBONATE MATERIALS
There are several types of carbonate materials found in
the Quaternary deposits of the Chewaucan basin, deposited
in both lacustrine and terrestrial (i.e., non-lacustrine) environments (Figs. 1 and 2). For clarity, carbonate deposits
associated with spring discharge from subaerially exposed
(terrestrial) outlets are referred to as travertines. By contrast, inorganic and/or biologically mediated carbonates
formed in a subaqueous (lacustrine) setting are referred to
as tufas. Lacustrine shell carbonates include mollusk shells
and ostracod valves. Each material is associated with a particular geomorphic and sedimentary setting within the
basin, providing potential constraint on the age and past
water chemistry in the environment of formation. The
materials described here are combined from this study
and previous publications, ranging in age from modern to
>100 ka BP. We attempt to place coarse age constraints
on data from each carbonate type based on previous work
and the new dating results for this study.

3.1. Spring travertines
Jellinek et al. (1996) described and produced stable isotope values for spring travertines in the northwestern
Summer Lake sub-basin associated with spring discharge
localized along small normal faults. Their locations are
above and geographically outside the highest studied paleoshorelines of the Chewaucan system (1350 m asl; Fig. 1)
and therefore they were deposited in a terrestrial environment. These deposits are of unknown age but are likely
Quaternary (Jellinek et al., 1996).
3.2. Shorezone tufas and spring mound tufas
Shorezone tufas are commonly found in shoreline sediments of closed-basin lake systems (e.g. Broecker and
Kaufman, 1965; Nelson et al., 2005; Placzek et al., 2006;
Ibarra et al., 2014; Hudson et al., 2015). Spring mound
tufas are found in association with localized areas of underwater spring discharge into the lakes (e.g. Benson et al.,
1996a). Both types are typically cream to white in color
and vary widely in texture, from laminar, botryoidal to dendritic. They can form as both calcite and/or aragonite
depending upon lake water composition (e.g. Nelson

Fig. 2. Field and sample photographs of Chewaucan carbonates. All photo credits: A. Hudson, September 2014 – May 2016. A – tufa-cemented
high shoreline (1346–1350 m asl) gravel from Sheeplick Draw locality, north Summer Lake sub-basin. Trekking pole for scale is 130 cm in length.
B – spring mound tufa (CHL14-1G, 1307 m asl) from Sawed Horn locality, north Abert Lake sub-basin. C – Fossil v. eﬀusa mollusk shells
collected from littoral deposits (CHL13-14b, 1326 m asl) in the Sawed Horn locality, north Abert Lake sub-basin. Scale is in mm. D – crosssection of tufa sample (CHL13-21, 1296 m asl) from Abert Rim locality showing lower laminated horizons overlain by upper dendritic horizons.
Scale is in mm. E – closeup of spring mound tufa (CHL15-62, 1309 m asl) from Sawed Horn locality showing ﬁbrous carbonate texture with
botryoidal texture carbonate deposited in void. Green algal remains at contact between two carbonate types shown by black box. Felt tip pen cap
for scale is 1 cm in width. F – recent-age tufa sample (CHL15-68, 1295 m asl) on beach cobble from Abert Lake playa edge, Abert Rim locality.
1.0 ka BP laminar tufa horizon overlain by modern laminar tufa horizon indicated by arrows. Pocket knife for scale is 12 cm in length.
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et al., 2005; McGee et al., 2012). X-ray diﬀraction analysis
(XRD) of both shorezone and spring mound tufas for the
Chewaucan system indicates they are pure calcite at all
shoreline levels.
The general occurrence of shorezone tufas at shallow
lake depths (generally <20 m; Brady et al., 2010) and in
nearshore and beach deposits, coupled with the common
inclusion of algal organic matter within the carbonates,
indicates carbonate formation is at least partially biologically mediated by photosynthesis, and hence restricted to
the shallow photic zone. This makes shorezone tufas excellent candidates for constraining past lake surface elevations
and reconstructing environmental conditions within the
lake epilimnion. In the Lake Chewaucan system, shorezone
tufas are found in areas with signiﬁcant modern spring discharge nearby. For this study, they were sampled from
shorelines in the Sheeplick Draw, Sawed Horn, and Abert
Rim areas on modern and paleoshorelines ranging in elevation from 1295 to 1350 m asl (Fig. 1). They typically occur
on cobble to boulder-sized basalt clasts in rocky shoreline
deposits, forming coatings <1–30 mm in thickness in sheltered areas (Fig. 2A). These tufas are layered, typically with
dense basal laminae coating volcanic clasts, grading upward
into more porous, dendritic textures at the top of the
deposit (Fig. 2D). Based on previous research (Allison,
1982; Friedel, 2001), and results from this study, these tufas
range in age from modern to 25 ka BP.
Spring mound tufas are found on top of former underwater spring discharge locations, as elongate deposits along
small normal faults in the western Summer Lake sub-basin
and in the Sawed Horn area of the Abert sub-basin (Fig. 1).
In contrast to the shorezone tufas, spring mound tufas form
mushroom-shaped mounds approximately 50–200 cm in
height deposited on littoral sands and ﬁne gravels distal
to the cobble-boulder paleoshorelines (Fig. 2B). The majority of the carbonate is white with a ﬁlamentous texture, and
poorly stratiﬁed. Voids in the porous material contain
dense laminar and botryoidal carbonate (Fig. 2E). These
deposits are likely >20 ka BP in age, based on our U-Th
dating results.
3.3. Mollusk shells
Lacustrine mollusk shells considered in this study are
found only in the Lake Abert sub-basin, although Cohen
et al. (2000) note the presence of reworked shells in the
Ana River Canyon sediments. Allison (1982) also reports
fossil shell from the northeastern Summer Lake subbasin. For consistency, only Vorticifex eﬀusa (Fig. 2C),
the most common shell found in the deposits of Lake
Abert, was sampled for isotope analysis. In this study, all
mollusk shells were sampled in shallow water deposits,
including littoral sands and gravel beach deposits (Fig. 1).
The shells are likely 13 to 14.5 ka BP in age, based on previous dating (Friedel, 2001; Licciardi, 2001).
3.4. Ostracod valves
The carbonate valves of ostracods are abundant in
ﬁne-grained lake deposits in the Great Basin. Limnocythere
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ceriotuberosa, a benthic ostracod with a wide salinity tolerance, occurs almost continuously within these deposits in
the Lake Chewaucan system, and was previously targeted
for isotope analysis in the ARC, WL and B&B records
(Palacios-Fest et al., 1993; Cohen et al., 2000; Benson
et al., 2003). For this study, we have compiled published
ostracod isotope data from the ARC and WL records
(Palacios-Fest et al., 1993) for comparison to other carbonate types presented in this study (Fig. 1). These ostracod
valves are constrained by tephrochronological evidence to
>20 ka to >150 ka in age, but are mostly within the range
20 to 100 ka BP (Cohen et al., 2000).
4. METHODS
4.1. Field and laboratory sampling
Carbonates and waters in the study area were described
and sampled in 2013–2015. Tufas were sampled in situ from
bedrock outcrops, tufa mounds, or in situ shoreline clasts
using a hammer and chisel. Mollusk shells were sampled
in situ from natural exposures or hand-dug trenches in lake
deposits. Waters were sampled unﬁltered in 50 mL plastic
vials, overﬁlled to eliminate headspace, sealed with
thread-seal tape, and refrigerated until analyzed. Each sample location was recorded using a high-precision diﬀerential
GPS unit, resulting in 0.4–0.9 m vertical and 0.1–0.3 m horizontal precision.
In the laboratory, tufas were sectioned with a lapidary
saw to expose the internal stratigraphy, and individual horizons were sampled using a stationary micro-mill apparatus.
Carbonate powders (5–50 mg) were retained for stable and/
or clumped isotope analysis, whereas chunks (10–20 mg)
were retained for 14C and U-Th series dating.
Subsamples for dating were treated with 2% H2O2 for
4 h to remove organic material, soaked overnight, then
rinsed thoroughly with distilled water, and dried overnight
at 70 °C. Mollusk shells were visually inspected to minimize
adhering detritus, then cleaned ultrasonically in distilled
water for 15 min, and treated with 2% H2O2 and dried as
above. Travertines were separated from clasts using dental
tools, and cleaned with the same procedure as shells. Single
whole shells and other carbonates (5–10 mg) were powdered using an agate mortar and pestle for stable isotope
analysis.
The sample fraction used for U-Th dating was further
cleaned ultrasonically in ultrapure water. Approximately
2 mg of sample powder was then collected by drilling into
the clean surface. U and Th isotope fractions were separated and puriﬁed chemically following Cheng et al. (2000).
4.2. Carbonate stable isotope analysis
d18O and d13C in carbonates (d18Oc and d13Cc) was analyzed by a Kiel III device coupled to a Finnigan MAT 252
mass spectrometer at the University of Arizona. Measured
d18Oc and d13Cc values were corrected using internal laboratory standards calibrated to NBS-19. Precision of
repeated standards is ±0.11‰ for d18Oc (1r), and
±0.08‰ for d13Cc (1r). Carbonate isotopic results are
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reported using standard d-per mil notation relative to
Vienna Pee Dee Belemnite (VPDB).
4.3. Clumped isotope analysis
Clumped isotope analysis (D47) of select shorezone tufa
samples was performed at the University of Washington.
Carbonate samples and standards (6–10 mg) were digested
for 10 min at 90 °C in a common bath of phosphoric acid
(speciﬁc gravity 1.90–1.95). The evolved CO2 was cryogenically separated from water and puriﬁed on an automated
stainless steel and nickel vacuum line, which used He as
the carrier gas to pass the CO2 through a Porapak Q trap
(50/80 mesh, 15 cm long, 4.5 mm ID, 0.635 mm OD) held
between 10 °C and 20 °C for a transfer time of
15 min. For each four carbonate sample unknowns a carbonate standard was digested and puriﬁed using the same
procedure. Puriﬁed CO2 was transferred to Pyrex break
seals and loaded into an automated 10-port tube cracker
inlet system on a Thermo MAT 253 mass spectrometer conﬁgured to measure masses 44–49 inclusive. D47 values were
calculated using established methods (Huntington et al.,
2009), with the exception that we used the updated 17O correction values recommended by Brand et al. (2010),
Schauer et al. (2016) and Daëron et al. (2016). Measurements consisted of 6 acquisitions of 10 cycles each, with a
26 s integration time (Schauer et al., 2016). D47 values were
corrected to the absolute reference frame (ARF) of Dennis
et al. (2011) using analyses of CO2 heated to 1000 °C, and
equilibrated with water at 4 and 60 °C. Sample D48 values
were used to screen for contamination (D48 > 2‰ rejected).
Four to six replicate analyses were conducted for each sample. Full data for reference frame gases, carbonate standards, and samples are given in Table S5. D47
uncertainties are given as one standard error (1 SE) of replicate measurements. Standard errors were calculated using
either the standard deviation of sample replicates or the
long-term standard deviation of carbonate standards measured at UW Isolab (0.028‰ for D47), whichever is greater.
Temperature was calculated from sample average D47 values using the calibration of Kelson et al. (2017; Eq. (2),
no acid fractionation), which is based on data for 56 synthetic carbonates digested at 90 °C. We use this temperature
calibration because it incorporates the highest number of
data, was produced using identical gas preparation and
measurement methods to those used in this study, and also
applies the isotopic parameters for 17O recommended by
Brand et al. (2010). Additional calibrations for inorganic
carbonates (Dennis and Schrag, 2010; Zaarur et al., 2013;
Tang et al., 2014; Deﬂiese et al., 2015; Kluge et al., 2015;
Kele et al., 2015) comprise data that have been calculated
using 17O correction parameters based on the quartzwater system (e.g., Santrock et al., 1985), which is known
to introduce inaccuracies in D47 (Daëron et al., 2016;
Schauer et al., 2016). For comparison sake, we also calculate our sample temperatures with the previous tufa- and
travertine-speciﬁc calibration of Kele et al. (2015), using
D47 data from this study recalculated using the Santrock
et al. (1985) parameters. The results of this exercise are
summarized in Table S3 and diﬀer within error (0–5 °C)

from the temperatures reported in Table 3. Insuﬃcient data
are available to recalculate previously published calibration
samples using the Brand et al. (2010) correction at this time.
Therefore when comparing our dataset to previously published D47 values for tufas that do not incorporate the
Brand et al. (2010) correction, we choose to compare
directly to the published values and interpretations of those
authors. Our data comparison (Table S3) using the two
alternative calibration methods indicates this is unlikely
to cause signiﬁcant error.
4.4. Water isotope analysis
d18O values of water samples (d18Ow) were measured
using the CO2 equilibration method on an automated sample preparation device attached directly to a Finnigan Delta
S mass spectrometer at the University of Arizona. dD values of water were measured using an automated chromium
reduction device (H-Device) attached to the same mass
spectrometer. The values were corrected based on internal
laboratory standards, which are calibrated to VSMOW
and SLAP. The analytical precision for d18Ow and dD measurements is 0.08‰ and 0.6‰, respectively (1r). Water isotopic results are reported using standard d-per mil notation
relative to Vienna Standard Mean Ocean Water (VSMOW).
4.5. Radiocarbon dating
With all dating samples, care was taken to select dense
tufa from sample cross-sections, and any outer surfaces
exposed to weathering were gently abraded prior to analysis
to reduce surface contamination. Previous research shows
that younger carbon may be incorporated by subsequent
lake carbonate deposition in voids, or by dissolution/precipitation during subaerial weathering after lake recession,
resulting in younger 14C ages (e.g. Zimmerman et al.,
2012). However, careful sample selection and treatment
can
drastically
reduce
potential
contamination
(Zimmerman et al., 2012; McGee et al., 2012). The most
dense materials were sampled and dissolved as 10–20 mg
chunks without crushing to minimize area-to-volume ratio,
minimizing surface sorption of modern CO2. No evidence
of secondary ﬁlling of voids with younger carbonate was
observed in any samples. Given these measures, signiﬁcant
young carbon contamination is unlikely in our samples.
Sample tufa chunks were reacted with >100% H3PO4
under vacuum until fully dissolved to evolve CO2 gas.
Waters for DIC analysis were acidiﬁed with 85% H3PO4
under vacuum to evolve all DIC to CO2. All sample CO2
was extracted under vacuum, cryogenically puriﬁed and
passed through a 600 °C Cu/Ag furnace to remove contaminant gases. Puriﬁed CO2 samples were graphitized using
100 mg of zinc powder and Fe powder in a 2:1 proportion
to the mass of carbon in the sample. Accelerator Mass
Spectrometry (AMS) 14C and d13C measurements were performed by the Arizona AMS Laboratory. d13Cc values for
puriﬁed gases for individual samples are statistically indistinguishable from those measured by stable and clumped
isotope methods above, and are not reported. Raw 14C
isotope ratios are reported as fraction modern carbon

Carbonate d18O, d13C
Benthic, lacustrine

13–14 ka BP
20 to >100 ka

20 to >100 ka

1275–1312 m

1302–1346 m
1280 m

1265 m

Spring mound tufa

Vorticifex eﬀusa shells
Ana River Canyon
Limnocythere ceriotuberosa
Wetlands Levee Limnocythere
ceriotuberosa

modern to
25 ka BP
>20 ka BP
1295–1350 m
Shorezone tufa

Quaternary
>1350 m
Spring travertine

Summer

Underwater spring discharge
outlets, lacustrine
Shorezone, lacustrine
Benthic, lacustrine

Spring discharge outlets, nonlacustrine
Shorezone, lacustrine

Carbonate d18O, d13C, D47,
14
C
Carbonate d18O, d13C, 14C,
U-Th
Carbonate d18O, d13C
Carbonate d18O, d13C

Jellinek et al. (1996)
this study
This study

Palmer et al. (2007); this study

Water d18O, dD; DIC
d18O, d13C, 14C
Carbonate d18O, d13C
Modern
1288–1369 m
Meteoric Waters

Abert/
Summer
Abert/
Summer
Abert/
Summer
Abert/
Summer
Abert
Summer

–

Source
Lake subbasin
Age range
Elevation range
(m asl)

Our results and those of previous studies span a range of
materials and methods, as summarized in Table 1. We have
compiled a total of 65 new and 114 previously published
stable isotope values for the carbonate materials described
above (Table 2, S1). We also present eight new and 134 previously published d18Ow and dD values for streams, springs,
and lakes within the drainage basin and surrounding region
to aid in interpretation of the carbonate d18Oc values

Sample material

5. ISOTOPE AND DATING RESULTS

Table 1
Sample materials and analyses from the Chewaucan lake system.

U and Th sample fractions were measured using a ThermoFisher Neptune Plus multi-collector ICP-MS at the
Earth Observatory of Singapore, Nanyang Technological
University, Singapore. Ages were calculated using the
230
Th (k230 = 9.1705  106 yr1) and 234U (k234 = 2.82206  106 yr1) half-lives of Cheng et al. (2013)
and the 238U (k238 = 1.55125  1010 yr1) half-life of
Jaﬀey et al. (1971). The detrital/hydrogenous 230Th correction for age calculations assumes the initial atomic ratio of
4.4(±2.2)  106 for a material at secular equilibrium with
the bulk earth 232Th/238U ratio of 3.8. The error in the initial ratio is arbitrarily assumed to be 50%. Previous
research indicates that this initial ratio may be lower than
that measured for modern high pH salt lakes in the Great
Basin, due to hydrogenous Th contribution (Walker Lake,
Pyramid Lake, Mono Lake; Lin et al., 1998). However,
these 230Th/232Th ratios range from 10 to 16  106,
much lower than the measured 230Th/232Th atomic ratio
for the sample in this work (1.74 ± 0.07  103;
Table S4). This sample is dominated by authigenic 230Th,
so that the uncertainty in either detrital or initial ratio
should not aﬀect the age by more than 60 yr. This is less
than the uncertainty in the age, and therefore should not
aﬀect the date signiﬁcantly. It is unknown what the initial
ratio is in modern Abert Lake, or what it would have been
at high lake level, making any alternate detrital/hydrogenous ratio uncertain. The U-Th date is therefore expressed
with 2r uncertainties and was corrected to AD 1950 to be
consistent with 14C dates.
Multiple attempts to date shorezone tufas using U-Th
series disequilibria yielded high age uncertainties
(>3000 yr) due to low U content (averaging 238U = 570
± 290 ppb) and high detrital Th (averaging 232Th = 1420
± 2200 ppb). These samples yielded 230Th/232Th atomic
ratios of <5  106, much too low for accurate dating of
lacustrine carbonates (Placzek et al., 2006). Only the spring
mound tufa sample ([230Th/232Th] = 1747 ± 72  106) was
near detritus-free (238U = 576 ± 5 ppb, 232Th = 2.6
± 0.1 ppb) and suitable for single-analysis dating.

Formation environment

4.6. U-Th series dating

Analyses

(FMC) relative to the activity of the atmosphere in AD
1950. Raw 14C ages are reported with 1r error as 14C years
before present (14C yr BP), and were calibrated using the
OxCal 4.2 software with the IntCal13 calibration curve
(Bronk Ramsey, 2009; Reimer, 2013). All calibrated 14C
ages are reported in calendar years BP as the median age
of the calendar range ± 2r error.
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Jellinek et al. (1996)
this study
This study
Palacios-Fest et al. (1993) and
Cohen et al. (2000)
Palacios-Fest et al. (1993) and
Cohen et al. (2000)
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–
–
–
–
1295 m
1295 m
Abert Lake DIC
Abert Rim spring DIC

4.3
13.7

1.51
11.3

10.9 to +3.4
23.7 to 2.4
1265 m
Wetlands Levee Limnocythere ceriotuberosa

5.2 ± 4.4

0.1 ± 2.8

5.1 to +0.3
5.5 to +2.8
4.6 to 0.6
10.8 to 3.3
1302–1346 m
1280 m
Vorticifex eﬀusa shells
Ana River Canyon Limnocythere ceriotuberosa

2.4 ± 1.3
7.1 ± 1.8

2.0 ± 1.8
2.1 ± 2.0

+1.0 to +1.9
6.7 to 5.0
1275–1312 m
Spring mound tufa

5.6 ± 0.8

+1.5 ± 0.3

+1.9 to +4.5
5.8 to 0.8
1295–1346 m
Shorezone tufa

3.1 ± 1.3

+3.5 ± 0.6

10.7 to 6.8
17.1 to 12.8
>1350 m
Spring travertine

14.0 ± 1.5

8.4 ± 1.4

d13C range (‰ VPDB)
d18O range
(‰ VPDB)
Elevation range (m asl)

Average d18O ± 1r
(‰ VPDB)

Average d13C ± 1r
(‰ VPDB)

(Table 3, S2). For shorezone tufas, we present D47 values
and corresponding paleotemperature estimates (Table 4,
S3) for recent (1.0 ka BP-present) and Late Glacial (18.4–
14.2 ka BP) age samples from the Abert Lake sub-basin,
constrained by 14C ages (Table 5). There are four additional
14
C ages for shorezone and spring mound tufas, two 14C
ages for lake and spring water DIC (Table 5), and one UTh series age (Table S4) for spring mound tufa, used to
investigate reservoir eﬀects and assess the potential for
14
C geochronology using carbonates.
5.1. Carbonate and DIC stable isotope results

Sample material

Table 2
Average stable isotope values for carbonates and DIC in the Chewaucan lake system.

Jellinek et al., 1996
This study
Jellinek et al. (1996)
This study
Jellinek et al. (1996)
This study
This study
Palacios-Fest et al. (1993),
Cohen et al. (2000)
Palacios-Fest et al. (1993)
and Cohen et al. (2000)
This study
This study
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Carbonates within the Chewaucan drainage basin have
isotopic values ranging 10.9 to +4.5‰ (VPDB) for
d13Cc, and 23.7 to 0.8‰ for d18Oc (VPDB; Table 2).
Individual carbonate types have separate and distinct
ranges, but overall the values show strong positive covariance between d13Cc and d18Oc (Fig. 3). Isotope values for
spring travertines (ranging 10.7 to 6.8‰ and 13.1 to
14.4‰ for d13Cc and d18Oc, respectively; n = 8) are the
lowest of any carbonate type. Isotope values for shorezone
tufas (ranging +1.3 to +4.5‰ and 5.8 to 0.8‰ for d13Cc
and d18Oc, respectively; n = 40), are highest and tightly
clustered. The values for the remaining carbonate types or
phases (mollusks, ostracods, spring mound tufa, lake
DIC) mostly fall between these two end members. Isotope
values for sub-lake spring mound tufas (ranging +1.0 to
+1.9‰ and 6.7 to 3.6‰ for d13Cc and d18Oc, respectively; n = 10) exhibit weak within-group covariance possibly due to small sample size, and deviation of one sample
from the Summer Lake sub-basin (CHL13-8; Table S1).
Similar to the shorezone tufas, the range of variation in
both isotopes is very small. Isotope values for mollusk
shells and ostracods lie generally towards the high end of
the observed range. V. eﬀusa shells (ranging 5.1 to
+0.3‰ and 4.6 to 0.6‰ for d13Cc and d18Oc, respectively; n = 12), have d18Oc values within the same range
as the tufas. However, their d13Cc values are scattered,
and much lower than tufa values (Fig. 3). L. ceriotuberosa
ostracod isotope values diﬀer between the WL core (ranging 10.9 to +3.4‰ and 23.7 to 2.4‰ for d13Cc and
d18Oc, respectively; n = 43) and the ARC deposits (ranging
5.5 to +2.8‰ and 10.8 to 3.2‰ for d13Cc and d18Oc,
respectively; n = 59), a pattern also noted by previous
investigators (Palacios-Fest et al., 1993). With the exception
of ﬁve outlying values, ostracods from the WL core have a
narrow range of d13Cc and d18Oc values that fall near the
shorezone tufas. The outliers from the WL core have very
low isotope values similar to those of the non-lacustrine
spring travertines. In contrast to the WL ostracods, the isotope values from the ARC deposits are generally lower, and
exhibit clear d13Cc/d18Oc covariance. The highest d13Cc/
d18Oc values overlap with those from the WL core, and
approach that of the tufas. However, the majority of values
fall in the center of the trend between shorezone tufas and
travertines. Finally, d13CDIC/d18ODIC values for DIC of
Abert Lake and Abert Rim spring water are similar to
the shorezone tufa and travertine carbonates, respectively
(Fig. 3, Table 1).
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Table 3
Average stable isotope values for modern waters in the Chewaucan system and surrounding region.
Sample water
Chewaucan system
Summer Lake Wildlife
Area well
Ana Reservoir
Chewaucan River at
Paisley
Willow Creek
Willow Creek pond
Abert Rim Spring 1
Abert Rim Spring 2
Abert Lake

d18O
(SMOW)

d18O (SMOW)
Range

dD
(SMOW)

dD Range
(SMOW)

Source

15.2

–

117

–

Palmer et al. (2007)

13.7
14.5

–
–

114
107

–
–

This study
This study

13.6
9.9
13.3
13.9
6.7

–
–
–
–
–

108
91
109
108
57

–
–
–
–
–

This
This
This
This
This

Ingraham and Taylor (1989) and Palmer et al.
(2007)
Ingraham and Taylor (1989) and Mariner et al.
(1998)
Mariner et al. (1998) and Palmer et al. (2007)
Sammel (1980), Mariner et al. (1998), Palmer et al.
(2007)
Sammel (1980), Ingraham and Taylor (1989) and
Mariner et al. (1998)

Surrounding region

Average
values

Snowpack

14.6

16.8 to 13.2

104

119 to 93

Streams

14.4

15.1 to 13.5

104

107 to 100

Cold springs
Well waters

14.0
13.5

15.6 to 13.2
16.2 to 6.1

104
107

115 to 94
127 to 67

Lakes

4.3

12.3 to +8.5

49

97 to +24

study
study
study
study
study

Average
values

5.2. Variation of carbonate isotopes with elevation and
location
The d13Cc and d18Oc values for shorezone tufas, spring
mound tufas, and shells have distinct patterns of variation,
but in general do not show a clear trend with elevation for
either isotope (Fig. 4). For shorezone tufas, d13Cc values
display no signiﬁcant change with elevation, and have similar values in both the Abert Lake and Summer Lake subbasins (Fig. 4A). Spring mound tufas from the Abert subbasin occur within a small range in both elevation (1307–
1312 m asl) and d13Cc value (+1.0 to +1.9‰). A single
spring mound tufa from the Summer Lake sub-basin
(1275 m asl) has a similar d13Cc value. Shells exhibit no
coherent variability in d13Cc with elevation, and span a
large range (4.0 to +0.3‰) at a single shoreline level
(1322–1326 m asl).
Shorezone tufas exhibit distinct patterns of d18Oc values
within similar elevation ranges, but do not show a consistent trend with changing elevation (Fig. 4B). Samples near
the modern Abert Lake playa (<1300 m asl) yield the widest
range and most negative values (5.8 to 1.6‰). d18Oc values from middle shoreline levels in both sub-basins (1305–
1337 m asl) are generally the highest (3.2 to 0.8‰),
while those from the highest shorelines (1340–1350 m asl),
above the spilling threshold between the sub-basins, have
intermediate values (3.9 to 2.1‰). As with d13Cc, spring
mound tufas have lower d18Oc values with similar range
(6.7 to 5.1‰) compared to shorezone tufas at the same
elevation. Shell d18Oc values are generally within the range
of the shorezone tufas at the same elevation, except at one
intermediate shoreline level (1322–1326 m asl).

5.3. Shorezone tufa clumped isotope results
D47 values for nine samples range from 0.640 ± 0.014 to
0.685 ± 0.011‰ (1 SE; 90 °C acid values, no acid fractionation correction; Fig. 6) for shorezone tufas collected from
the Sheeplick Draw and Abert Rim areas (Figs. 1 and 2;
Table 4). These correspond to temperatures ranging 3 ± 3
to 15 ± 4 °C (1 SE; Kelson et al., 2017). Each sampled tufa
is paired with a 14C age (detailed below) to constrain the
age and conﬁrm general contemporaneity of samples from
each shoreline level. Three Late Holocene-age samples
(CHL13-21, CHL15-31A, CHL15-70-2) from 1296 m
asl, on the modern Abert playa edge yield the highest temperatures of 11–15 °C (Fig. 6). Three samples of 14 ka age
(CHL13-2, CHL13-5, CHL13-29-1) from 1340 to 1346 m
asl, yield variable temperatures of 3–14 °C. Three additional samples of 18 ka age (CHL13-22, CHL14-30,
CHL14-32-1) from 1300 m asl, sampled on the Abert
Rim just above the modern playa, yield consistent temperatures of 5–6 °C.
5.4. Water stable isotope results
Eight modern water d18Ow and dD values come from
the southeastern edge of Abert Lake, the Chewaucan
River, spring-fed Willow Creek, two springs discharging
near the modern playa elevation from the Abert Rim,
the Ana Reservoir, and groundwater from a well in the
Summer Lake sub-basin (Palmer et al., 2007; Fig. 1;
Table 3). Water d18Ow and dD range 6.7 to 15.2‰
and 57 to 117‰, respectively. Abert Lake water has
the highest values, whereas inﬂowing streams and shallow
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Lake sub-basin

14
C age ± 2r
(cal yr BP)

Number of
replicates

D47

±1
SEb

T(D47)
Kelson
(°C)a

±1
SE

d13Cc
(‰ VPDB)

±1
SEb

d18Oc
(‰ VPDB)

±1
SEb

d18Ow
(‰ SMOW)d

±1
SE

CHL15-70-2 1295
Abert Rim
CHL13-21
1296
Abert Rim
CHL14-31A 1297
Abert Rim
Average of ‘recent’ replicatesc

Abert Lake
Abert Lake
Abert Lake

Post-bomb
Post-bomb
860 ± 70

4
6
4
14

0.640
0.646
0.656
0.650

0.014
0.016
0.014
0.007

15
14
11
13

4
4
4
2

3.36
4.10
3.87

0.01
0.06
0.01

5.20
4.37
4.70

0.02
0.06
0.01

4.86
4.35
5.33

0.85
0.86
0.88

CHL13-5
CHL13-29-1
CHL13-2

Summer Lake
Abert Lake
Summer Lake

14,220 ± 190
14,180 ± 340
14,570 ± 330

6
4
6

0.645
0.669
0.685

0.011
0.014
0.011

14
7
3

3
4
3

3.29
3.56
3.38

0.02
0.01
0.01

2.96
3.37
3.08

0.05
0.02
0.06

2.89
4.78
5.46

0.65
0.90
0.70

Abert Lake
Abert Lake
Abert Lake

17,720 ± 210
18,460 ± 210
18,060 ± 250

6
4
4
14

0.673
0.677
0.677
0.675

0.012
0.014
0.014
0.006

6
5
5
6

3
4
4
2

3.67
1.89
3.80

0.08
0.02
0.03

3.59
5.05
3.49

0.04
0.03
0.01

5.25
6.93
5.39

0.68
0.91
0.91

Sample ID

CHL13-22
CHL14-30
CHL14-32-1
Average of 18

Elevation
(m asl)

1346
1340
1346

Sample site

Sheeplick Draw
Sawed Horn
Sheeplick Draw

1299
Abert Rim
1303
Abert Rim
1301
Abert Rim
ka-age replicatesc

Italic terms represent the average of replicates of all samples in age group.
a
Produced using Eq. (1) from Kelson et al. (2017): D47 = 0.0417(±0.0013)  106/T2 + 0.139(±0.014).
b
Calculated as standard error (SE) of the mean of all replicates as standard deviation of the replicates divided by the square root of the number of replicates.
c
Combines all replicates of latest Holocene to modern ‘recent’ age or ca. 18 ka age based on similar age and sampling location of samples in each age group.
d
Estimated lake water d18O composition for each sample, calculated using T(D47), d18Oc and the calcite-water fractionation equation of Kim and O’Neil (1997).
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Table 4
D47 clumped isotope values and paleotemperatures for shorezone tufas in the Chewaucan lake system.

Sample ID

CHL13-29-1
CHL13-5
CHL13-2
CHL13-22
CHL14-32–1
CHL14-30
CHL14-31A
CHL13-21
CHL15-49–2
CHL15-68–2
CHL15-70–2
CHL13-1G
CHL13-20
CH13-24
a
b
c

AMS Lab ID

AA105810
AA102250
AA104241
AA102261
AA105971
AA105816
AA105817
AA102260
AA106975
AA106983
AA106985
AA106994
AA104466
AA104467

Sample type

Shoreline tufa
Shoreline tufa
Shoreline tufa
Shoreline tufa
Shoreline tufa
Shoreline tufa
Shoreline tufa
Shoreline tufa
Shoreline tufa
Shoreline tufa
Shoreline tufa
Spring mound tufa
Abert Rim Spring DIC
Abert Lake DIC

Elevation
(m asl)

Sample Site

1340
1346
1346
1299
1301
1303
1297
1296
1297
1295
1295
1312
1295
1295

Sawed Horn
Sheeplick Draw
Sheeplick Draw
Abert Rim
Abert Rim
Abert Rim
Abert Rim
Abert Rim
Abert Rim
Abert Rim
Abert Rim
Sawed Horn
Abert Rim
Abert Rim

Ratio of 14C in the sample to 14C in the standard, where FMC = 1 corresponds in age to AD1950.
Apparent 14C age for spring mound tufa U-Th series dated to 20910 ± 270 cal yr BP (17330 ± 80
Apparent 14C age for DIC of Abert Rim spring water collected May 2013.

14

Lake
Sub-basin

d13C (‰
VPDB)

Fraction
modern
carbona

14

C age ± 1r
( C yr BP)

14

Abert Lake
Summer Lake
Summer Lake
Abert Lake
Abert Lake
Abert Lake
Abert Lake
Abert Lake
Abert Lake
Abert Lake
Abert Lake
Abert Lake
Abert Lake
Abert Lake

3.6
3.3
3.4
3.7
3.8
1.9
3.9
4.1
3.7
3.2
3.4
1.2
-11.3
1.5

0.217
0.217
0.213
0.164
0.157
0.151
0.888
1.011
1.029
0.988
1.169
0.091
0.192
1.068

12260 ± 40
12270 ± 40
12440 ± 40
14540 ± 70
14850 ± 90
15190 ± 80
960 ± 30
Post-bomb
Post-bomb
100 ± 20
Post-bomb
19240 ± 50b
13230 ± 40c
Post-bomb

14180 ± 340
14220 ± 190
14570 ± 330
17720 ± 210
18060 ± 250
18460 ± 210
860 ± 70
Post-bomb
Post-bomb
140 ± 110
Post-bomb
–
–
Post-bomb

C yr BP).

14

C age ± 2r
(cal yr BP)
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Table 5
C ages for shoreline and spring tufas and DIC in the Chewaucan lake system.

14

285
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Fig. 3. d18O versus d13C biplot of carbonates and DIC for the Chewaucan lake system. Isotope values versus Vienna Pee Dee Belemnite.
Samples are coded by carbonate type (see legend), with known modern shorezone tufas shown by orange diamonds. d13Cc value predicted by
equilibrium fractionation (Mook et al., 1974) from modern (AD 2013) d13CCO2 of 8.5‰ at mean annual (13 °C) lake temperature shown by
dashed green line. d13Cc value for shorezone tufas predicted by equilibrium fractionation from Late Glacial (6.7‰) d13CCO2 at T(D47) range
3–15 °C shown by horizontal orange lines. d18Oc value for shoreline tufas predicted for d18Ow of modern Abert Lake (6.7‰) at 3–15 °C
shown by vertical orange lines. d18Oc for travertines predicted from mean modern spring water (13.5‰) d18Ow at modern regional spring
water temperature of 14–20 °C shown by vertical gray lines.

groundwater are much lower (Fig. 5). In general, these
isotope values are consistent with those from meteoric
waters in the Upper Klamath Valley, adjacent to the
western drainage divide of the Summer Lake sub-basin,
and Surprise Valley, 80 km south of Abert Lake
(Sammel, 1980; Ingraham and Taylor, 1989; Mariner
et al., 1998; Palmer et al., 2007). The values for the Chewaucan River at Paisley, OR, where it enters the Upper
Chewaucan Marsh, fall along the global meteoric water
line (GMWL; Craig, 1961), and are within the range of
values for snow, streams, and springs (Ingraham and
Taylor, 1989; Palmer et al., 2007), whereas those from
Chewaucan springs show values consistent with regional
springs and shallow well water. Samples of Willow Creek
and Lake Abert water, fall below the GMWL, consistent
with evaporation eﬀects (Sammel, 1980; Ingraham and
Taylor, 1989).
5.5. Dating results
Eleven 14C ages for shorezone tufas range from post-AD
1950 to 15,190 ± 130 14C yr BP in age (Table 5). All samples
with age control also have corresponding d18Oc/d13Cc and/

or clumped isotope values associated with them (Tables 2
and 4). Four young tufas sampled from the modern shoreline have fraction modern carbon (FMC) values of 0.988–
1.169. One tufa sample from an older tufa layer on the same
modern shoreline yielded an age of 860 ± 70 cal yr BP.
Three tufas of late Last Glacial Maximum (LGM) age
(17,720 ± 210 to 18,460 ± 210 cal yr BP) were collected
from the Abert Rim from elevations 1299–1303 m asl, and
three were sampled from the Late Glacial (14,180 ± 340 to
14,570 ± 330 cal yr BP) high shoreline elevations (1340–
1350 m asl). A paired 14C and U-Th series age for a single
sample of spring mound tufa are 19,210 ± 130 14C yr BP
and 20,910 ± 270 cal yr BP (Table S4), respectively.
Finally, two 14C ages for Abert Lake and Abert Rim
spring water DIC are post-AD 1950 and 13,240 ± 40 14C
yr, respectively (Table 4), for which carbonate and water
isotope values were also measured.
6. DISCUSSION
The combination of multiple carbonate stable and
radiogenic isotope analyses presented here provides a basis
for understanding the isotopic behavior of carbonate
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Fig. 4. Chewaucan tufa and shell d18Oc and d13Cc versus sampling elevation. Threshold elevations connecting individual sub-basins are
indicated by dashed lines and labeled: high shoreline – highest Late Glacial-age shoreline, SL-AL threshold – spilling elevation connecting
Summer Lake and Abert Lake sub-basins, UCM ﬁlled – threshold deﬁning ﬁlling of Upper Chewaucan Marsh, LCM ﬁlled – threshold
deﬁning ﬁlling of Lower Chewaucan Marsh, AL playa – Abert Lake playa elevation. V. eﬀusa shells shown by yellow diamonds, Abert subbasin shorezone tufas by dark blue diamonds, Summer sub-basin shorezone tufas by dark green diamonds, modern shorezone tufas from the
Abert playa by orange diamonds, and spring mound tufas by light blue diamonds. (For interpretation of the references to colour in this ﬁgure
legend, the reader is referred to the web version of this article.)

isotope composition. Discussion of the results is divided
in four major sections. In the ﬁrst section, we focus on
shorezone tufas, by comparing the stable, clumped, and
14
C isotope compositions of modern lake DIC and tufas
to expected modern values in isotopic equilibrium between
atmospheric CO2, lake water, the DIC pool, and lacustrine
carbonate. In the second section, we use the constraints
provided by the modern system to interpret the values
and ages obtained for the fossil shorezone tufas to reconstruct past temperature for the northern Great Basin. In
the third section, we assess the processes and DIC sources
controlling the stable isotope compositions of all carbonates in the lake system, and their potential for reconstructing paleoenvironmental change. In the fourth section, we
use the isotope dataset to interpret hydrologic variability
for the Chewaucan lake system over the past 100 ka.
6.1. Shorezone tufas – A modern analog approach
Fig. 5. Chewaucan modern water d18Ow and dD (red stars) compared
with waters of the surrounding region. Global meteoric water line
(GMWL; Craig, 1961) shown in black. Streams and snow shown by
white diamonds; cold springs by green diamonds; lakes by black
crosses; well waters by blue squares (data compiled from Sammel,
1980; Ingraham and Taylor, 1989; Mariner et al., 1998; Palmer et al.,
2007). (For interpretation of the references to colour in this ﬁgure
legend, the reader is referred to the web version of this article.)

precipitation in the Chewaucan lake system. This is vital for
accurate reconstruction of past lake level, for identifying
and quantifying sources of lake and spring water DIC,
and for assessing the relationship between lake level and

Modern shorezone tufas are found on the east shoreline
of Abert Lake, consisting of a thin (1 mm) white layer of
carbonate deposited extensively on fresh, lichen-free shoreline cobbles (Fig. 2F). This cobble beach is lower in elevation than the historic highstand of 1298 m asl (AD 1958;
Phillips and Van Denburgh, 1971), indicating it was deposited recently. This ‘modern analog’ material is a vital link
for interpreting stable isotope values and 14C ages for fossil
tufas that are used in this and other studies (e.g. Ibarra
et al., 2014; Petryshyn et al., 2016) as paleoclimate and lake
level indicators.
Demonstrating the assumption that isotopic equilibrium
is achieved between the gas, liquid, and solid phases in the
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carbonate-forming system is key to reconstructing water
and DIC isotope variations from fossil materials. Three
possible sources of disequilibrium in carbonates are: kinetic
fractionation of the DIC pool due to rapid degassing of
CO2 (e.g. Aﬀek and Zaarur, 2014), disequilibrium between
2
diﬀerent DIC species (CO2(aq), HCO
3 , CO3 ; e.g. Tripati
et al., 2015), and disequilibrium due to mineral growth rate
eﬀects (Watkins and Hunt, 2015). Rapid degassing is not
likely to occur in this case, because high pH lakes are generally neutral or net sinks for CO2 (Duarte et al., 2008).
Disequilibrium between DIC phases is also unlikely to
occur, since the equilibration time required for a DIC pool
at pH similar to Lake Abert is 10–15 days (Uchikawa and
Zeebe, 2012), while the residence time of DIC in Lake
Abert (calculated below) is years. Theoretical modeling of
carbonate mineral formation (Watkins and Hunt, 2015)
suggests most carbonates grown in laboratory experiments
(e.g. Kim and O’Neil, 1997; Kelson et al., 2017), and in
most natural settings, grow too quickly to achieve true isotopic equilibrium. However, laboratory-grown and most
natural carbonates, including tufas, grow on comparable
timescales (Watkins and Hunt, 2015), so laboratoryderived empirical relationships should provide reasonable
approximations of the ‘equilibrium’ fractionation attained
between the gas, liquid, and solid phases in most natural
carbonate-forming systems. Both modeling and experimental data indicate D47 is unlikely to be strongly aﬀected by
this pH-dependent disequilibrium eﬀect, so clumped isotope
temperature estimates should be reasonably accurate,
regardless of pH (Watkins and Hunt, 2015; Kelson et al.,
2017). The pH of Lake Abert (9.7) is signiﬁcantly higher
than that in most carbonate precipitation experiments (generally  8), but the predicted diﬀerence in eﬀective fractionation factors for carbon and oxygen between pH 7 and 10 is
<1‰ (Watkins and Hunt, 2015). This suggests tufa isotopic
values can be used with laboratory-derived fractionation
equations to calculate expected d18Ow and d13CDIC for comparison to measured or estimated values. Based on this reasoning, it is unlikely that isotopic disequilibrium strongly
aﬀects our dataset or conclusions.
For the modern analog experiment, we ﬁrst compare
clumped isotope temperatures (T(D47)) for modern shorezone tufas to measured lake surface temperatures to assess
the seasonality of formation. We then constrain the 14C
reservoir eﬀect for the modern and paleolake using a simple
model for DIC mass balance and compare d13Cc and 14C
for shorezone tufas and lake DIC to expected values for isotopic equilibrium with the d13C and 14C content of the
atmosphere at T(D47).
6.1.1. T(D47) in recent Chewaucan tufas
T(D47) estimates from three recent tufas range from 11
± 4 to 15 ± 4 °C (Fig. 6; Table 3). Compared to modern
lake surface temperatures for Abert Lake, this range is
consistent with formation at either mean annual temperature, or the spring or fall season (Fig. 7). It is too cold to
reﬂect summer lake temperatures, in contrast to the ﬁndings
of previous studies (Huntington et al., 2015; Petryshyn
et al., 2015, 2016). For direct comparison, T(D47) of these
tufas are signiﬁcantly lower than those obtained for modern

Fig. 6. D47 results and reconstructed temperatures (T(D47)) for
Chewaucan shoreline tufas. D47 values are shown as measured with
a 90 °C reaction temperature, without acid fractionation correction. T(D47) is calculated using the calibration equation (Eq. (1)) of
Kelson et al. (2017): D47 = 0.0417(±0.0013)  106/T2 + 0.139
(±0.014). Recent tufas (modern – 0.9 ka BP) shown dark green;
14 ka-age highstand tufas shown in light green; 18 ka-age tufas
shown in blue. All errors are 1 SE (Table 4). Number of replicates
(n) for each sample shown beneath each symbol in the upper plot.
(For interpretation of the references to colour in this ﬁgure legend,
the reader is referred to the web version of this article.)

tufas from Walker Lake (26–30 °C), a closed basin lake at
similar elevation, also in the Great Basin (Fig. 1;
Petryshyn et al., 2016). This diﬀerence in temperature is
too large to be an artifact of diﬀerent 17O corrections and
D47-temperature calibrations. Abert Lake and Walker Lake
have similar pH, at 9.7 and 9.5, respectively, indicating the
diﬀerence also cannot be explained by pH-dependent fractionation. This suggests a true diﬀerence in formation
temperature.
The chemistry of waters in high pH salt lakes like the
Chewaucan lake system may yield an explanation for the
diﬀerence. Under modern conditions, the salinity of Lake
Abert varies between 18,000 and 80,000 ppm (Phillips and
Van Denburgh, 1971), and it is continuously supersaturated
with respect to calcite. However, carbonate alkalinity
2
(HCO
3 + CO3 ) (6,000–21,000 ppm) is at least three
orders of magnitude higher than Ca2+ (<1.5 ppm), indicating that calcite precipitation is calcium limited. Although
the overall salinity is much lower in the inﬂowing rivers
and springs (60–900 ppm), Ca2+ concentration is higher
(4–30 ppm), indicating that inﬂowing solutes provide the
main source of calcium for carbonate formation. Coupled
with the occurrence of signiﬁcant tufa only near modern
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Fig. 7. Seasonal climate variation for the Chewaucan basin. Mean daily air temperature (black line, °C) for Valley Falls, OR was obtained
using Climate Reanalyzer (http://cci-reanalyzer.org), Climate Change Institute, University of Maine, USA. Data are derived from the Global
Historical Climatology Network daily average temperature for the Valley Falls station, AD 1930–2003 (www.ncdc.noaa.gov). Abert Lake
surface temperature (blue line, °C) is based on spot measurements by Phillips and Van Denburgh (1971) AD 1956–57, 1961–63, averaged for
each month. Some months have no observations, and data are linearly interpolated between months with observations. Chewaucan River
discharge (red line, cubic meters per second) is a monthly average from the USGS stream gage near Paisley, OR, AD 1924–1991 (waterdata.
usgs.gov). Average and 1 SE interval for T(D47) for all combined ‘recent’ (modern – 0.9 ka BP) tufas shown by dashed green line and light
green band. (For interpretation of the references to colour in this ﬁgure legend, the reader is referred to the web version of this article.)

or paleo-spring discharge areas in the basin, this suggests
signiﬁcant carbonate formation occurs only where a steady
supply of Ca2+ enters the lake. Therefore, tufa formation
may be controlled by seasonal variation in discharge of
Ca2+-enriched inﬂows to the lake. This mechanism is
known to drive marl deposition in other saline lakes worldwide (Katz and Kolodny, 1977; An et al., 2012).
Surface runoﬀ in the Chewaucan watershed peaks during the late spring season, as evidenced by Chewaucan
River discharge (Fig. 7). If Ca2+ delivery to the lake peaks
with runoﬀ, then tufa T(D47) could reﬂect late spring time
temperatures. This mechanism is consistent with observations from Walker Lake, which is similarly calciumlimited, and where tufas may form interannually, only
during summer seasons where exceptional river discharge
brings suﬃcient Ca2+ to the lake (Petryshyn et al.,
2012). Because local climate is quite similar between the
two watersheds, however, this should not result in the
observed formation temperature diﬀerence between the
two lakes.
One key diﬀerence between the two lake systems is that
Chewaucan tufas form only near spring outlets, suggesting
that springs, not river discharge are the major source of
Ca2+ for carbonate. Discharge in the spring-fed Ana River,
like other cold springs in southern Oregon (Manga, 1997)
varies by <50% during the year. The seasonal cycle of water
discharge in the smaller springs is unknown, but is likely to
behave similarly. If discharge and Ca2+ delivery is relatively
constant, as in springs, then tufa may form year round, and
T(D47) could instead reﬂect an annual average temperature.
Based on the occurrence of tufa near spring outlets, and the
temperature diﬀerence from Walker Lake tufas, we favor
this mean annual tufa formation hypothesis. The microbialite textures of the shorezone tufas indicates algal

photosynthesis may augment calcite formation during the
warm season, but is likely not required for tufa formation
around springs in calcium-limited lake systems like
Chewaucan. These results indicate future studies reconstructing T(D47) using tufas should not assume that they
record summer season temperatures without considering
the hydrogeochemical setting of the lake.
6.1.2. Carbon isotopes in the modern and paleolake: outlook
for carbonate 14C dating
For the carbon isotope system, the consistent mean
annual T(D47) in recent Chewaucan tufas can be used with
d13Cc to calculate the expected DIC and CO2 values from
which they formed. This approach is most critical for constraining the potential 14C reservoir eﬀect in shorezone
tufas, which can result from a combination of long DIC residence time and additions of 14C-depleted carbon, which
cause the DIC pool to have lower 14C activity than the
atmosphere. The extent of this eﬀect in the past can be constrained by calculating the steady state mass balance of
DIC (e.g. Peng and Broecker, 1980), if the 14C activity of
contributing sources is known, and the paleolake system
behaves similar to the modern one. We estimate this mass
balance for modern Lake Abert and use d13C and 14C in
modern materials for constraint, because both are tracers
of DIC. 14C is the most direct measure of reservoir eﬀect,
but d13C provides supporting constraint, and is a critical
link for establishing similar system behavior between modern and fossil materials, because it does not change over
time due to radioactive decay.
At hydrologic steady state (i.e. the size of the lake and
DIC reservoirs is constant), the residence time of DIC is
controlled by the ﬂuxes of DIC coming from rivers,
springs, and the atmosphere, relative to the size of the

Calculated using a digital elevation model of the Chewaucan basin derived from the 10 m National Elevation Dataset (Gesch et al., 2002).
Calculated as the average of measurements made by Philips and Van Denburgh (1971) from AD1953-1963 at Abert Lake levels 1295.5–1298.5 m asl.
c
Estimated as [DIC]*qH2O/MH2O, where [DIC] is the fractional concentration of DIC in water (ppm/1  106), MH2O is the molecular mass of H2O (18.011 g/mol), and qH2O is the density of H2O
(1 g/cm3).
d
Calculated using a CO2 exchange ﬂux of 8 mol/m2 yr (Wanninkhof and Knox, 1996).

a

b

2
33
–
–
–
–
0.998
0.995
0.96
0.192
–
1
1.92E+09
3.06E+11
3.56E+06
1.25E+06
4.28E+06
1.19E+09
5.22
5.22
0.026
0.14
0.05
–
9410
9410
46
253
96
–
3.68E+08
5.85E+10
1.39E+08
8.93E+06
8.04E+07
–
Abert Lake
Lake Chewaucan
Chewaucan River
Abert Rim Springs
Ana River
CO2 exchange rated

1297
1350
–
–
–
–

1.48E+08
1.15E+09
–
–
–
–

2.49
50.75
–
–
–
–

Residence
time (yr)
DIC
FMC
DIC reservoir (mol)
or ﬂux (mol/yr)
DIC
concentration
(mol/m3)c
DIC
concentration
(ppm)b
Volume/
areaa
Water volume (m3)
or ﬂux (m3/yr)a
Lake area
(m2)a
Shoreline
elevation (m)a
Water source

Table 6
Water and dissolved inorganic carbon concentrations and ﬂuxes for the Chewaucan lake system.

9
41
–
–
–
–
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DIC reservoir. The steady state water balance for the lake
can be expressed as:
Qriv þ Qspr  E ¼ 0

ð1Þ

where Qriv, Qspr and E are the water ﬂuxes (m3/s) for inﬂowing rivers, and springs, and outgoing evaporation, respectively. This assumes no signiﬁcant water loss by
groundwater seepage, which the solute mass balance study
of Van Denburgh (1975) suggests is reasonable for this lake
system. We estimate the DIC ﬂuxes and reservoir size for
Lake Abert using average DIC concentrations and water
ﬂuxes from Phillips and Van Denburgh (1971), measured
between AD 1953 and 1963 (values listed in Table 6). For
modern Lake Abert, we assume a lake level of 1297 m
asl, similar to the historical average, and deep enough to
submerge the modern tufas. This corresponds to a lake volume of 3.7  108 m3. For steady state water balance, we
assume the sum of river and spring discharge must equal
an evaporation rate of 1.0 m/yr per unit surface area
(m2), based on direct monitoring of Lake Abert. Spring discharge, based on ﬂow measurements, is estimated to be
8.93  106 m3/yr. The remainder needed to balance evaporation yields a river water ﬂux of 1.39  108 m3/yr,
(4.41 m3/s), similar to average Chewaucan River discharge
of 4.25 m3/s (Fig. 7). This suggests the assumption of
hydrologic steady state is reasonable for modern conditions. The DIC reservoir in the lake (Rlake), and ﬂuxes in
spring (Fspr) and river (Friv) input are then the product of
the respective water volumes and concentrations. This
yields values of 1.92  109 mol, 1.25  106 mol/yr, and
3.56  106 mol/yr, respectively (Table 6). The unit area
DIC exchange ﬂux with atmospheric CO2 is estimated as
8 mol/m2 yr, based on in situ measurements from several
high-pH closed basin lakes in the Great Basin, including
Walker Lake (Peng and Broecker, 1980; Wanninkhof and
Knox, 1996), corresponding to a total ﬂux (Fatm) of
1.19  109 mol/yr.
Based on these values, the atmospheric exchange ﬂux is
2–3 orders of magnitude larger than that of rivers and
springs (Table 6). It is similar in magnitude to the size of
Rlake, making it the dominant control on residence time
of DIC. At modern lake level, this residence time (Rlake/
Fatm) is only 2 yr. These calculations predict therefore that
the DIC pool composition should be dominated by atmospheric exchange, and should respond within years to
changes in the isotopic composition of atmospheric CO2.
In addition to simple residence time, we can calculate
the steady state FMC and 14C reservoir age for Lake Abert
following the equation (modiﬁed from Peng and Broecker,
1980):
ðC riv  C lake Þ
ðC spr  C lake Þ
þ F spr
C lake
C lake
ðC atm  C lake Þ
þ F atm
 Rlake k14C ¼ 0
C lake

F riv

ð2Þ

where Friv, Fspr, and Fatm are the ﬂuxes of carbon in river,
spring, and atmospheric input (mol/yr), Criv, Cspr, Catm,
and Clake are the FMC values for river DIC, spring DIC,
atmospheric CO2, and lake DIC, Rlake is the lake carbon
reservoir (mol), and k14C is the decay constant for 14C
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(1/8032 yr). This expression states that the steady state 14C
balance for lake DIC is proportional to the sum of the ﬂuxweighted FMC values coming from the drainage basin,
atmosphere, and radiodecay. For this calculation we use
Friv, Fspr, Fatm, and Rlake values as above. We estimate
FMC values for an idealized condition indexed to AD
1950, so that Catm is equal to 1. Criv is estimated as 0.96,
based on the value for the pre-nuclear Walker River, which
feeds Walker Lake (Peng and Broecker, 1980). We use this
value since Chewaucan River FMC is unknown. Cspr is
0.192, the measured value for Abert Rim spring DIC. Solving for Clake results in an FMC of 0.999, which corresponds
to an eﬀective reservoir age of 9 yr (Table 6). This value is
signiﬁcantly lower than reservoir ages measured or calculated for other high pH lakes in the Great Basin, Mono,
Pyramid, and Walker, which range from 100 to 1600 yr
(Peng and Broecker, 1980; Broecker et al., 1988; Fig. 1),
but consistent with a short DIC residence time, dominated
by exchange with atmospheric CO2.
These DIC and 14C mass balance calculations indicating
a small reservoir age are supported by d13C and 14C data
for modern materials. Abert Lake DIC, collected in May
2013, has a d13CDIC value of +1.5‰ (Table 1; Fig. 3). This
value is consistent with isotopic equilibrium (Mook et al.,
1974) between the average atmospheric d13C value of
8.5‰ for 2013 measured at Humboldt State University
(380 km from the study area; White et al., 2015) at mean
annual lake water temperature of 13 °C (Fig. 3). The d13C
value of the atmosphere has decreased by 1.8‰ over the
past century due to fossil fuel addition (Rubino et al.,
2013), so Abert Lake DIC in near equilibrium with a modern d13C value is consistent with the short DIC residence
time predicted by the mass balance calculations. Similarly,
Abert Lake DIC has an FMC of 1.068 (Table 5), a value
similar to the post-AD 2000 atmosphere (Levin et al.,
2013), consistent with a reservoir age close to zero. Therefore, both isotope systems indicate modern lake water
DIC and atmospheric CO2 are well mixed and in
equilibrium.
Modern d13CDIC of +1.5‰ should produce d13Cc values
of +2.5‰ at isotopic equilibrium (Romanek et al., 1992),
which is signiﬁcantly less than the values for modern Abert
Rim tufas (+3.2 to +4.5‰; Fig. 3; Table 2, S1). However,
the tufas were likely formed over a period with a higherthan-modern atmospheric d13C value of 7.5 to 7.0‰
(Rubino et al., 2013), between when Abert Lake was last
completely dry in the AD 1930s and the current dry period
of AD 2014, when lake level was consistently higher than
the sample elevations. This would result in an equilibrium
d13Cc value of +3.5 to +4.0‰ at the mean modern T(D47)
of 13 °C, similar to that observed for the tufas.
The 14C measurements for modern tufas are also consistent with minimal reservoir eﬀect. Three of the four modern
tufa samples dated have excess 14C from nuclear testing
(‘bomb carbon’, FMC of 1.011–1.169; Table 5). The
remaining modern tufa sample (CHL15-68-2) has an
FMC of 0.988, resulting in an apparent age of 140
± 110 cal yr BP. The 14C contents for the modern tufa is
probably an average of carbonate formed over multiple
decades between the present and the last time when Abert
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Lake was completely dry (circa AD 1930; Phillips and
Van Denburgh, 1971). These tufas may therefore incorporate a variable range of atmospheric 14C spanning this period, which may explain why they have slightly diﬀering
FMC between samples. On this and other samples all along
the Abert Rim, we may also have inadvertently included
some older tufa from a thin (1 mm) sublayer of 1.0 ka
BP age (CHL14-31A), which underlies the modern material
(Fig. 2F). In any case, the near-modern ages for all modern
tufas provide further evidence that the DIC and shorezone
tufa forming in modern Lake Abert is equilibrated with the
atmosphere.
The key to assessing a reservoir eﬀect for fossil tufas,
which is critical for a paleolake level record, is that the
DIC system behaves similarly in the past, and at high lake
level. We estimate this using the same calculations for DIC
balance and reservoir age used for the modern lake, and
then compare to the d13Cc values of fossil tufas for additional support. For placing an upper bound on residence
time and reservoir age, we estimate the carbon budget for
the highstand lake level of 1350 m asl, when potential residence time was largest for the lake system. We again
assume hydrologic steady state with a 1 m/yr evaporation
rate to calculate the river and spring water inputs, no
change in DIC concentration for the waters, and the same
atmosphere exchange rate. For this deeper higher volume
lake, DIC residence time increases to 33 yr (Table 6), due
to the increase in Rlake relative to Fatm, proportional to
the increase in volume/surface area of the lake. This suggests that even at high lake level, the DIC pool should
respond quickly to changes in atmospheric CO2.
Calculating the reservoir eﬀect using these ﬂuxes and Eq.
(2) yields a reservoir age of 41 yr, again suggesting that even
at high lake level, the reservoir eﬀect should be similar to
the 1r uncertainty in 14C ages (Table 5), and is therefore
negligible.
The d13Cc values for fossil tufas further support our
interpretation of a low residence time dominated by
exchange with atmospheric CO2. The narrow range in
d13Cc values for tufas at all elevations indicates they precipitated from a DIC reservoir with a relatively invariant composition that remained the same regardless of lake depth
(Figs. 3 and 4). To test the conclusion that lake DIC was
in equilibrium with atmospheric CO2, we assume d13CCO2  6.7‰, the pre-industrial value (Schmitt et al., 2012).
Using this value and the T(D47) range for fossil tufas (3–
15 °C), calculated calcite d13Cc values are +3.5 to +5‰,
in close agreement with values from the majority of ancient
shorezone tufas (Fig. 3). This provides additional evidence
that Lake Chewaucan was well mixed with the atmosphere
at high lake level. The sum of evidence from the mass balance calculations and the isotope measurements for modern
and ancient materials therefore suggests 14C dates on shorezone tufas should suﬀer from a negligible reservoir eﬀect.
6.2. Reconstructing Late Glacial to recent temperature
change in the northern Great Basin with tufas
The modern analog experiment clearly indicates that
shorezone tufas past and present should yield reliable 14C
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ages, and their T(D47) should reﬂect mean annual temperature, as long as tufa formation is controlled by localized discharge from springs. We therefore use the fossil shorezone
tufas to place constraints on mean annual temperature
change for the Chewaucan drainage basin and northern
Great Basin since 18 ka BP, spanning the last deglaciation.
In addition to modern material, we analyzed a set of
shorezone tufas of about 18 ka BP age from a shoreline just
above the modern Abert playa (Table 4). The 18 ka-age
tufas were sampled from similar locations along the Abert
Rim, so they should reﬂect similar lake conditions to the
recent-age samples. We therefore compare the T(D47) for
these two sets to reconstruct mean annual temperature
change since 18 ka BP. Dating of maximum alpine glacier
extents in western North America indicates temperature
conditions similar to the LGM persisted as late as 16 ka
BP (Young et al., 2011), so our temperature comparison
should approximate LGM temperature change relative to
modern conditions.
Within both the 18 ka and recent age groups, the D47
values are very consistent between sample means and all
individual replicates, and the samples are very close in
age and sampling elevation (Fig. 6; Table 4, S3). Based
on this fact, we pool all replicates together from each group
to reduce uncertainty through greater sample size (Table 3).
Using this approach, T(D47) for the 18 ka-age tufas is 6
± 2 °C (1 SE); lower than recent tufas at 13 ± 2 °C. The
two groups have signiﬁcantly diﬀerent means using a twosided student’s t-test (p = 0.016). This comparison yields a
mean annual water temperature diﬀerence of 7 ± 3 °C (1
SE). Temperature depression for LGM conditions of 7 °
C is consistent with estimates from western North America
derived from terrestrial pollen (Worona and Whitlock,
1995), and from global climate, hydrologic and glacial
modeling studies (Birkel et al., 2012; Ibarra et al., 2014;
Barth et al., 2016). Unfortunately, the uncertainties in T
(D47) (±3 °C, 1 SE), preclude us from making a deﬁnitive
independent temperature depression estimate based on
our data. However, coupled with existing data, our results
provide additional support for a 7 °C temperature change,
and show promise for applying clumped isotope thermometry in tufas to paleoclimate studies.
In contrast, the T(D47) results from the three high shoreline tufas of 14 ka age are variable (ranging 3–14 °C;
Table 4), though intrasample replicate D47 variability is
comparable to the 18 ka and recent tufas (Fig. 6;
Table S3). The d13Cc and d18Oc values are also comparable
(Table 4), providing no indication that these samples
formed under disequilibrium conditions relative to the
more consistent sets. There are two possible explanations
for this discrepancy: either the high shoreline sample T
(D47) estimates reﬂect diﬀering lake environments occurring
coevally within the lake, or the tufas record real lake surface temperatures that capture the abrupt deglacial warming event at the onset of the Bølling/Allerød warm period.
There is potential that the high shoreline T(D47) estimates simply reﬂect diﬀering lake environments. The high
shoreline samples were collected from three diﬀerent locations in both the Sheeplick Draw (CHL13-2, 13-5) and
Sawed Horn areas (CHL13-29-1), which could have had

diﬀering local temperatures at the speciﬁc locations where
the tufas formed. They also have diﬀering elevations
(1346 m asl, and 1340 m asl), and there is no guarantee they
were all formed at the same lake depth. Tufas in the high
shoreline zone span elevations of 1338–1350 m asl
(Fig. 4), suggesting variation in both lake depth, and depth
of tufa formation may aﬀect the temperatures they record.
The low shoreline samples, on the other hand, must have
formed in a shallow lake across a more restricted depth
range. This suggests diﬀerences in lake temperature at different depths or areas within the lake may result in a range
of temperatures recorded by shorezone tufas.
Conversely, the variability in T(D47) in the 14 ka-age
group is also broadly consistent with the abrupt transition
to warmer climate conditions in the northern Great Basin
region during the Bølling/Allerød warm period (Grigg
and Whitlock, 1998; Licciardi et al., 2004; Briles et al.,
2005; Daniels et al., 2005). The ages span the period
14.2–14.6 ka, which is coeval with the 400 year transition
from cold conditions during the Heinrich Event 1 stadial to
the Bølling warm period, which are recorded throughout
the northern hemisphere (Deplazes et al., 2013). Although
the calendar age errors overlap, the oldest sample
(CHL13-2) yields the coldest temperature (3 ± 3 °C), while
the younger samples have the higher temperatures, consistent with an abrupt warming. Of these two explanations,
we favor diﬀerences in formation environment as the more
likely, given the variability in sample locations. More
detailed analysis is required to determine whether these
temperatures represent real climate change. Overall, it is
clear that future studies utilizing shorezone tufas to
reconstruct paleotemperature change should collect samples from similar inferred lake depths and locations to
avoid possible environmental diﬀerences.
6.3. Carbonate isotope values as indicators of DIC
provenance, lake environment, and paleoenvironmental
change
The strong covariance in d13Cc and d18Oc values for all
carbonate types in the study area is a commonly observed
trend in closed-basin lake carbonates, reﬂecting the evolution from low isotopic values corresponding to inﬂowing
meteoric water and DIC and high values caused by evaporative concentration (Fig. 3; Horton et al., 2016). While this
covariance is often an indicator of closed basin conditions
(Talbot, 1990), individual carbonate types in known closed
basins often show weak or no covariance (e.g. Nelson et al.,
2005; Ibarra et al., 2014; Horton et al., 2016), suggesting
additional factors aﬀect these materials. The same process
which causes d13Cc/d18Oc covariance is often the basis for
using carbonate isotopes in paleoclimate records to infer
changes in hydrologic budget through time (Benson et al.,
1996b, 2003; Ibarra et al., 2014; Mishra et al., 2015;
Petryshyn et al., 2016). In particular, d18O values of carbonates in closed-basin lakes are considered to reﬂect variations
in the precipitation/evaporation (or runoﬀ/evaporation)
ratio of the catchment and lake (Leng and Marshall,
2004). Under this model, increased precipitation should
increase runoﬀ, adding water with a lower d18Ow value to
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the lake, resulting in a lower lake d18Ow value. This should
also result in an increase in lake level, area, and volume.
Increased runoﬀ may also lower d13CDIC in the lake because
of increased delivery of terrestrial carbon with low d13C
value, resulting in covariance between the isotopes through
time (Leng and Marshall, 2004). The opposite situation
should result in a net increase in d18Ow and d13CDIC and
decrease in lake size. These hydrologic changes should be
reﬂected in the isotopic composition of carbonates, allowing them to be reconstructed in paleoclimate records.
In this section, we argue that the covariance in d13Cc and
18
d Oc values for all carbonates in the Chewaucan system
results from mixing of lake and terrestrial carbon end members, and not from changes in lake level by a simple runoﬀ/
evaporation mechanism. However, this mixing relationship
is not consistently expressed between carbonate types or in
diﬀerent lake environments. Instead, the isotopic composition for each carbonate type reﬂects type- or locationspeciﬁc eﬀects, which make them diﬃcult to compare to
each other and are related to hydrologic change through
diﬀerent processes.
6.3.1. Shorezone tufas, travertines and spring mound tufas:
evidence for two end member DIC mixing
Based on the modern analog experiment and mass balance calculations in Section 6.1, shorezone tufas appear
to provide the best constraint on the isotope composition
of lake water, deﬁning a lake ‘end member’. Their d18Oc
values clearly record evaporated water conditions similar
to modern d18Ow, whereas their d13Cc values are consistent
with DIC dominated by exchange with atmospheric CO2.
Within this carbonate type, no covariance between isotopes
is observed. The travertines, which must have formed outside the lake, have the lowest d18Oc and d13Cc values,
reﬂecting terrestrial DIC conditions. These low values characterize the water and DIC inputs to the lake before mixing
with lake water, and modiﬁcation by evaporation and CO2
exchange (a terrestrial ‘end member’). They also show no
covariance. Intermediate to these end members, spring
mound tufas have high d13Cc and d18Oc values, consistent
with formation in an evaporated lake environment. They
show no covariance, but are lower in both isotopes compared to the shorezone tufas, indicating they may form
from a water and DIC mixture where spring water enters
the lake bottom through fault-controlled discharge points.
To test this, we deﬁne a two end member mixing model
using the d13Cc and d18Oc, and 14C contents for the lake,
and terrestrial end members, and then use the values for
spring mound tufas to calculate the percentage of spring
versus lake DIC contributing to their formation for each
isotope.
d18Oc values of spring travertine in the Chewaucan system should be consistent with local meteoric d18Ow values.
As a test, we compare the d18Oc values to modern d18Ow
values. The d18Ow values of Abert Rim spring and Ana
River water is consistent with values for springs, wells,
streams and snow in the region (Table 3; Fig. 5), suggesting
they are representative of meteoric water. Using the range
of temperatures for springs in the Chewaucan basin (14–
20 °C; Phillips and Van Denburgh, 1971), and the mean
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d18Ow value for Chewaucan springs (13.5‰; Table 3)
yields equilibrium calcite d18Oc values (14 to 15‰) that
are similar to spring travertines from the Chewaucan basin
(Fig. 3). Because the exact age of the travertines, and how
spring temperature may have changed in the past is
unknown, any comparison beyond modern values is
speculative.
Spring DIC d13CDIC (11.3‰) is too low to be derived
wholly from atmospheric or volcanic CO2 (Crater Lake,
Oregon d13CCO2 value estimated at 7.4‰; James et al.,
1999). Instead, this value indicates some mixing with soil
CO2 derived from C3 plants (Smith and Epstein, 1971),
which make up the bulk of the ﬂora in the headwaters of
the Abert Rim. The low 14C content (FMC = 0.192) is also
consistent with low 14C contents of DIC for volcanicallyinﬂuenced springs in the central Oregon Cascade Mountains (James et al., 1999). This low FMC is equivalent to
an apparent age of 13,230 ± 40 14C yr BP and indicates that
spring DIC is has a long residence time in local groundwater and mixes with volcanic CO2.
For the mixing model, this means spring mound tufas
formed by signiﬁcant mixing with this reservoir should produce erroneously old 14C ages. Although these mounds are
not actively depositing today, we can compare the isotopic
values and the oﬀset between the U-Th series and 14C ages
for one spring mound tufa to estimate the percentage of
spring and lake DIC in this material. If the d13C, d18O,
and 14C results in Lake Chewaucan carbonates can be interpreted in terms of a two end-member mixing system
between DIC components, as indicated by the stable isotope covariance (Fig. 3), then all three isotopes should yield
similar mixing proportions. To assess this, we calculate the
percentage of spring DIC required to explain the spring
mound tufa isotope values and reservoir eﬀect as:
P spring ¼

I spt  I lake
 100
I spring  I lake

ð3Þ

where Pspring is the percent of spring-derived DIC, Ispt is the
isotopic value for spring mound tufas, and Ispring and Ilake
are the isotopic values for the travertine/spring DIC, and
shorezone tufa/lake DIC end members, respectively. Eq.
(3) is then calculated separately for d13Cc and d18Oc and
FMC values and compared between the isotopes. We deﬁne
the terrestrial and lake end members with a mean and standard deviation of the d13Cc and d18Oc values of the spring
travertines and shorezone tufas, respectively (values listed
in Table 2). The carbonate values are more suitable than
those derived from the single DIC values for each end member because they provide a better measure of the full range
of isotope variability, and modern lake DIC contains bomb
carbon and is equilibrated with fossil-fuel inﬂuenced CO2,
which was not present when the spring tufa formed. Using
the carbonate d18Oc values assumes that travertine and tufa
carbonate phases were precipitated from water at similar
temperatures, which seems reasonable given carbonate values consistent with formation from near mean annual temperature for both (Fig. 3). We assume the shorezone tufa
end member has an FMC of 1.0 at the time of formation,
and travertine end member has an FMC of 0.1926
± 0.0011 (1r), the theoretical pre-bomb modern lake value
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and measured spring water DIC value, respectively. The UTh series age for the spring mound tufa (20,910 ± 270 (2r)
cal yr BP) is similar to a 14C age of 17,330 ± 80 (1r) 14C yr
BP using the IntCal13 calibration curve (Reimer, 2013).
Compared to the 14C age measured for the same aliquot
(19,240 ± 50 14C yr BP), the reservoir eﬀect oﬀset is 1910
± 90 (1r) 14C years. This indicates that spring mound tufa
incorporates some 14C-deﬁcient groundwater DIC along
with lake DIC during carbonate formation. For Ispr, we
use mean and standard deviation of values for d18Oc and
d13Cc in spring mound tufas, and an FMC of 0.7883
± 0.0088 (1r), corresponding to the reservoir age of 1910
± 90 14C years.
Calculating Pspring using Eq. (2) yields values of 16.8
± 11.9% (2r), 22.9 + 30.3/22.9% and 26.2 ± 2.2% for
d13Cc, d18Oc, and 14C, respectively (Fig. 8). Pspring overlaps
at 2r for all three isotopes. 14C has the smallest range of
possible values because it is based on a single sample measurement. However, Pspring < 20.3% is not permitted by the
data, even if the DIC end-member 14C content is assumed
to be 14C-dead (i.e. FMC = 0). We therefore suggest the
range of Pspring calculated using 14C is not signiﬁcantly in
error. Because the d13Cc values for both the shoreline and
spring mound tufas have lower variance compared to the
d18Oc values, and the d13Cc value of the lake end member
should be largely ﬁxed by equilibrium with atmospheric
CO2, we favor the smaller range of Pspring indicated by
d13Cc, rather than that for d18Oc. This results in an overlapping Pspring range between d13Cc and 14C of 24.1–28.3%,
which overlaps with the larger range for d18Oc (Fig. 8).
Therefore, based on all three isotopes, the spring mound
tufas incorporate 24–28% spring-derived DIC. The agreement in Pspring between the three isotope systems supports
the conclusion that DIC is a two-end member mixing system for Lake Chewaucan. However, the isotope values of
spring mound tufas represent a location-speciﬁc mixing
eﬀect that is not representative of the bulk lake water or
DIC composition. With Pspring for d18Oc, it is also an
important distinction that this represents the proportion
of DIC equilibrated with spring water, not the proportion
of spring water. Because of the diﬀerence in DIC concentration between spring water and lake water (0.14 mol/m3 and
5.22 mol/m3, respectively; Table 6), the proportion of
spring water is 75% using a Pspring of 24–28%. This suggests the spring mounds were forming within a poorly
mixed zone of mostly spring water at the underwater discharge points.
6.3.2. Isotope variability in skeletal biogenic carbonates
V. eﬀusa and L. ceriotuberosa shells have d13Cc and
18
d Oc values that record lacustrine conditions, but like the
spring mound tufas, they are inﬂuenced by locationspeciﬁc eﬀects within the lake environment. All mollusk
shells and the WL core ostracods have d18Oc values that
are broadly consistent with precipitation of carbonate from
lake water of similar or more positive values relative to
modern (Fig. 3; Tables 2 and 3). The d13Cc values for these
two groups, however, are variable, and in general too negative to be consistent with equilibrium with modern lake
DIC and/or pre-industrial atmospheric CO2. The d13Cc of

mollusk shells in particular has a large range that does
not vary systematically with d18Oc or sampling elevation
(Fig. 4). V. eﬀusa are lung-breathing mollusks preferring
rocky nearshore substrates where they feed on algae
(Frest and Johannes, 1998). Their low d13Cc values likely
reﬂect incorporation of some proportion of dietary carbon
with low d13C (algae average 18‰ VPDB; Deines, 1980)
into shell carbonate (McConnaughey and Gillikin, 2008).
The remaining carbon is derived from water DIC, resulting
in shell d13Cc values approaching that of the tufas, but more
negative.
Similarly, the majority of ostracod valves from the WL
core have d13Cc values that approach the tufas, but are
more than 3‰ lower on average (Table 2). These more negative values may reﬂect a biological eﬀect (Leng and
Marshall, 2004) or formation from DIC with lower d13CDIC
than that of the epilimnion, due to the decay of 13Cdepleted organic matter in the benthic environment where
these organisms live (Cohen et al., 2000). The d13Cc and
d18Oc values for ARC ostracod valves diﬀer signiﬁcantly
from those of the WL core, and deviate more than any
other lacustrine carbonate group towards the terrestrial
end member (Fig. 3). Because the same species of ostracod
was sampled between both core locations, and they are coeval (constrained by tephrostratigraphy), a signiﬁcant diﬀerence in formation environment must distinguish the two.
Similar to the spring mound tufas, mixing with a large
amount of spring water at the ARC location is expected,
given the discharge point of the Ana River is <2 km
upstream for the sampled sections (Fig. 1). Therefore, the
more negative ARC ostracod values likely precipitated
from very fresh, poorly mixed lake water.
Using the same mixing model for the ARC ostracods
(Eq. (3)), but substituting the mean WL ostracod isotope
values to represent the lake end member (Table 2), yields
accordant Pspring values of 30.8 + 33.2/30.8% (2r) and
33.0 + 42.4/33.0% for d13Cc and d18Oc, respectively. This
is greater than the Pspring values indicated for the spring
mound tufas where carbonate formed directly atop the
spring discharge points. This is particularly striking because
of the large diﬀerence in DIC concentration between the
lakes and incoming springs. The diﬀerence requires that
for ARC ostracods with the lowest isotope values formed
in 100% Ana River water, perhaps in a low-density, fresh
water cap atop saline lake water near the Ana River outlet.
With respect to interpreting paleohydrology, the strong
covariance in ARC ostracod isotope values through the
record led previous authors (Palacios-Fest et al., 1993;
Cohen et al., 2000) to argue that underwater spring discharge from the Ana River outlet during high lake intervals
resulted in a decrease in ARC ostracod isotope values.
However, tufa isotope values from the Sheeplick Draw
area, sampled from the highest Summer sub-basin shorelines that deﬁne lake areas encompassing the ARC deposits
(Figs. 1 and 4), are consistently more positive (d13Cc =
+3.3 to +4.0‰, d18Oc = 0.8 to 3.3‰). This indicates
that even at high lake levels, the northern end of the Summer Lake sub-basin at times contained lake water with a
highly evaporated and atmospherically-equilibrated composition, at least in the shorezone. Most ostracod isotope
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Fig. 8. Isotope-based mixing estimates for lake and spring-derived DIC in Chewaucan spring mound tufas. Shorezone tufa, spring travertine,
and spring mound tufa stable isotope values shown are the average and one standard deviation of the observed carbonate values of each type.
FMC values for each type are estimated as the theoretical ‘modern’ value for a pre-nuclear testing atmosphere, that measured in modern
spring DIC and that for the observed reservoir eﬀect of 1910 ± 90 14C yrs, respectively. The percent of spring-derived DIC (Pspring) estimated
at 2r for individual isotopes is shown by blue boxes. The best estimate of the percent contribution by springs, based on the overlap of all three
isotopes, is shown by the bold red box. (For interpretation of the references to colour in this ﬁgure legend, the reader is referred to the web
version of this article.)

values for the WL core, located near to the basin depocenter (Fig. 1), where they were deposited at signiﬁcant depth
within Summer Lake regardless of lake size, are consistent
with the higher tufa values, although they do not overlap in
age. Because the WL and ARC deposits are known to be
deposited coevally, it is unlikely that a well-mixed lake
encompassed both localities during their period of deposition. This therefore provides another example where
location-speciﬁc eﬀects control isotope variations, and it
is not clear how this mixing relationship translates to lake
level changes.
6.3.3. Oxygen isotopes in shorezone tufas: relationship
between d18Ow and lake level
Beyond location-speciﬁc eﬀects, another key diﬃculty
with interpreting variations in past d18Ow inferred from carbonate d18Oc records is that increase/decrease in lake size
and the corresponding changes in isotope composition
may represent transient states, which can occur from a
range of initial lake sizes and d18Ow, and only persist while

the hydrologic system has a positive or negative water balance (Steinman et al., 2010). Because of this, a range of
d18Ow values can occur at a given lake level, complicating
the relationship with d18Ow. The d18Oc values for shorezone
tufas in the Chewaucan lake system clearly show that low
d18Ow does not correspond to high lake level. In fact, nearly
the opposite pattern is observed (Fig. 4b). The lowest d18Oc
values observed are for low elevation tufas deposited along
the Abert Rim, while all of the fossil tufas both at similar
and higher elevations have higher values. This relationship
is counterintuitive, but is consistent with the eﬀect of changing lake reservoir size on the magnitude of transient
changes in d18Ow predicted from modeling (Steinman
et al., 2010).
At a short scale, transient changes occur seasonally, as
springtime runoﬀ brings low-d18Ow water to the lake, lowering lake d18Ow and raising lake level, which then becomes
higher as lake level declines during the summer due to evaporation (Benson, 1994; Steinman et al., 2010). Interannual
to centennial-scale diﬀerences in seasonal discharge and
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evaporation due to climate variability can produce more
persistent changes in d18Ow of several per mil, which are
recorded by carbonates, also accompanied by lake level
change (Jones et al., 2005). All transient variability should
be largest at low lake level, when lake volume is smallest
relative to the seasonal water ﬂuxes. At high, stable lake
level, where lake size is large relative to inﬂows and outﬂows, transient isotope variations should become smaller,
and on average approach a ‘steady state’ value where lake
d18Ow is only a function of the diﬀerence between the
inﬂowing water and the d18Ow of water vapor being
removed (Steinman et al., 2010).
Shorezone tufas form in distinct elevation bands in this
and many other lake systems (e.g. Lake Bonneville; Nelson
et al., 2005), suggesting they formed under conditions of
relatively stable lake level. Therefore, they may be biased
towards recording d18Ow near a steady state value. However, the increase in variability at low lake level may make
it more likely for tufas to record more variable and lower
d18Ow conditions. This is consistent with the observed variability in d18Oc values of tufas at elevations near the Abert
playa level (Fig. 4B). The most negative values come from
the modern tufas, followed by the 1.0 ka BP tufa layer
underlying them at the same lake level (Fig. 2D). Based
on their T(D47) and carbon isotope composition, shorezone
tufas form year round at near isotopic equilibrium, and
therefore should record mean annual lake d18Ow. Modern
tufa d18Oc (VPDB) values (avg. 5.2‰), are close to that
predicted from equilibrium formation from water with the
measured d18Ow value for modern Abert Lake (6.7‰,
VSMOW) at the measured T(D47) of 13 °C (Fig. 3; Kim
and O’Neil, 1997). However, the predicted d18Ow values
for the recent-age D47 samples are still 1.5‰ higher
(Table 4), suggesting the measured Abert Lake d18Ow value,
collected in May 2013, may be lower than the annual average due to freshening by springtime runoﬀ. This is consistent with a spring season negative shift in lake water
d18Ow (Steinman et al., 2010). Compared to the modern
tufas, d18Oc values of fossil tufas from similar lake level
are uniformly higher. The T(D47) results suggest at least
some of the increase in d18Oc may result from higher isotopic fractionation at lower LGM water temperature.
d18Oc values of tufas of 18.0 ka age at low shoreline elevation (1300–1307 m asl) are 2‰ higher than the late Holocene and modern samples. Using the d18Oc and T(D47) to
calculate expected d18Ow values for both recent and 18 ka
age sets of clumped isotope samples yields similar d18Ow,
consistent with diﬀering fractionation (Table 4).
The fact that the most negative d18Ow values recorded
by shorezone tufas occur at the lowest elevation is contrary
to the prediction that low d18Ow should correspond to deeper lake conditions. However, tufas at low lake level may be
more likely to have lower d18Oc simply because the transient shifts in hydrologic balance that occur at shallow
depth are most likely to result in lower d18Ow values for
the bulk lake. When lake depth is only a few meters, a negative water balance can easily cause the lake to dry in a
matter of years. This rapid decline is unlikely to result in
increased carbonate formation, since it is still limited by calcium supply in runoﬀ. When the lake ﬁlls again, the water is

likely to be relatively unevaporated, with a lower d18Ow. If
lake level continues to rise, even slowly, d18Ow will continue
to be more negative than the steady state value, so that
tufas and other carbonates formed under these conditions
may be biased to record more negative values.
As shoreline elevation increases to moderate lake levels
in both sub-basins (1307–1338 m asl), tufa d18Oc increases
to values outside what can be explained by glacialinterglacial temperature change (Fig. 4B). This may reﬂect
formation from a d18Ow closer to a steady state value.
Above the threshold elevation, similar d18Oc values for
highstand tufas from the northern ends of both subbasins indicate similar conditions throughout the integrated
lake, again reﬂecting d18Ow under stable lake conditions.
The highstand shorezone tufas are lower in d18Oc than
those from middle shoreline elevations (1305–1327 m asl),
but are in the same range as those for Abert Lake tufas
of 18.0 ka BP age at 1300 m asl elevation, indicating this
d18Oc range is not unique to the lake highstand.
Other closed-basin lakes in the Great Basin also show
relatively small ranges of d18Oc at a range of high lake
levels, with no clear relationship to lake depth. Tufas from
the Lake Bonneville system, located in the eastern Great
Basin show an overlapping d18Oc range of about 2 to
6‰ (VPDB) between three diﬀerent major shoreline levels
with >100 m diﬀerence in lake depth (Nelson et al., 2005).
Tufas from Lake Surprise, just south of Chewaucan, range
2.5 to 4.5‰ over 100 m depth range, also with no
trend in elevation (Ibarra et al., 2014). This provides further
evidence that high d18Ow commonly develops at high lake
level, and tufas may record these high ‘steady state’ isotope
conditions.
We do not suggest that carbonate d18O records do not
record transient hydrologic changes that have paleoenvironmental signiﬁcance. Previous studies using ostracod
d18Oc values in the WL and B&B cores found strong coherence between the isotope record and other sedimentologic
and geochemical proxies for hydrologic budget change in
the Summer Lake sub-basin (Cohen et al., 2000; Negrini
et al., 2000; Benson et al., 2003). This is consistent with a
transient response to an unbalanced hydrologic budget,
resulting in change in both lake level and d18Ow of lake
water. However, the shorezone tufas make it clear that negative (positive) d18Oc values do not necessarily correspond
to deep (shallow) lake conditions, and other constraints
are required for robust lake level reconstructions.
6.4. Constraints on lake level over the last 100 ka
Although lake level cannot be easily reconstructed from
isotope variability, our results from multiple carbonates in
the Chewaucan lake system provide some constraints on
lake level variability over the past 100 ka. The large diﬀerence in isotope values between the coevally deposited WL
and ARC ostracods suggests the north end of Summer
Lake was often inundated by signiﬁcant fresh water coming
from the Ana River during the time interval 20–100 ka.
The paleohydrologic implication of the diﬀerence between
the WL and ARC records is that Summer Lake was not
signiﬁcantly deeper than the Ana River discharge point

A.M. Hudson et al. / Geochimica et Cosmochimica Acta 212 (2017) 274–302

(1290 m asl) during the majority of the past 100 ka (Fig. 1).
The density contrast between the Ana River and the saline
lake would be maximized at low lake level, when salinity
was highest (Fig. 9a). At high lake level, this density contrast would be less, and the Ana River spring outlet would
discharge from the lake bottom at signiﬁcant depth, making
a large low density zone unlikely (Fig. 9b). Supporting this
conclusion, shallow water conditions are generally indicated by the sedimentary facies in both the WL and ARC
deposits for the majority of their respective depositional
intervals, and previous authors concluded lake elevations
>1315 m asl were unlikely (Cohen et al., 2000). This indicates that the extensive shoreline and littoral lake sediments, and shorezone tufas preserved on the basin
margins up to the high shoreline levels above 1315 m asl,
record hydrologically exceptional conditions that are
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missing from the ARC deposits. Consistent with this,
tephrochronologic constraints indicate deposits dating to
the Late Glacial period (17.8–11.7 ka BP) have been
deﬂated from the ARC and WL sites. These deposits presumably would have recorded the basin integrating highstand (1340–1350 m asl) constrained by the tufas to 14.0–
14.5 ka BP, and by dating of mollusk shells from 13 to
14 ka (Friedel, 2001; Licciardi, 2001). However, they were
deﬂated during dry lake conditions of the middle Holocene,
which created eolian dunes containing the 7.6 ka BP
Mazama tephra deposited unconformably on the ARC canyon strata (Kuehn and Negrini, 2010).
These constraints on lake level indicate that, while
colder, moister conditions characterized the northern
Great Basin during the last glacial cycle (MIS 2-4;
Cohen et al., 2000), lake level was modest. Even following

Fig. 9. Schematic cross-sections of the northern Summer Lake sub-basin showing proposed lake conditions at shallow and deep lake levels.
Ana River and Summer Lake locations and contrasting geochemical conditions shown. Locations of key isotope sampling areas for ostracods
(ARC – Ana River Canyon; WL – Wetlands Levee; Cohen et al., 2000) and shorezone tufas (this study) shown. Processes enriching isotope
values in lake water (CO2 exchange, evaporation) labeled schematically on right of diagram. (A) Shallow lake conditions recorded by the ARC
and WL deposits (20–100 ka BP), characterized by a low density shallow water zone over the ARC separated from a well mixed lake zone
recorded over the WL core location. (B) Deep lake conditions recorded by the Sheeplick Draw tufas (14 ka BP) characterized by a wellmixed, moderate density lake.

298

A.M. Hudson et al. / Geochimica et Cosmochimica Acta 212 (2017) 274–302

the maximum cold conditions of the LGM, the 18 ka-age
tufas indicate Abert Lake level was similar to modern. The
lake reached its highstand only brieﬂy, from 13 to 14.5 ka,
during the glacial termination. This evidence is consistent
with other lakes in the Great Basin as well, where peak
lake levels were mostly achieved during the deglacial interval (Munroe and Laabs, 2013). This suggests that relatively dry conditions characterize the mean climate state
for the Great Basin during both glacial and interglacial
periods, punctuated by short, but exceptionally wet intervals during deglaciation. Better deﬁning the exact timing
and cause for this exceptional wet interval is an area of
ongoing research (e.g. Broecker and Putnam, 2013), which
should improve understanding of the link between global
climate change and hydrology in arid western North
America.

7. SUMMARY AND CONCLUSIONS
Stable 18O, 13C and radioactive 14C isotopes in closedbasin lake carbonates are commonly used reconstruct past
hydrologic changes. We studied these isotopes in multiple
carbonate materials within the Chewaucan lake system,
including travertines, tufas, mollusk shells, and ostracods,
to provide a clearer interpretation of the ages and paleoenvironmental record over the past 100 ka.
7.1. Implications for interpreting isotope data in closed basin
lake systems
Overall, this study demonstrates that the speciﬁc hydrogeochemical setting contributes in complex ways to the
behavior of carbonate isotopes in a closed-basin lake system. Our results for shorezone tufas show that modern tufa
and lake DIC in the Chewaucan system have d13C values
and 14C ages consistent with a lake DIC budget dominated
by equilibrium exchange with atmospheric CO2, indicating
there should be no reservoir eﬀect for this material. d13C
values for fossil tufas are also consistent with atmospheric
equilibrium at all lake levels, suggesting these, and other
materials formed in the lake epilimnion can dated reliably
using 14C. Clumped isotope thermometry of modern tufas
indicates they form year round in response to a steady supply of Ca2+ delivered by springs discharging into the
calcium-limited lake water, recording mean annual temperature conditions. This contrasts with previous research indicating tufas form during summer, suggesting the
seasonality of formation should not be assumed when interpreting paleotemperature change.
d13C/d18O covariance across all carbonate materials
reﬂects mixing of non-lake water with low d18O and d13C
values, and lake water and DIC with high values, deﬁned
by spring travertine and shorezone tufa end members,
respectively. This mixing process is expressed diﬀerently
depending upon carbonate type and local conditions in different parts of the lake system, and isotope variability cannot be reliably translated into lake level for any carbonates
studied here. Modern shorezone tufas have d18O values
consistent with modern Abert Lake water d18O values,

but these values are most negative at low lake level, whereas
those from higher shoreline levels indicate similar or more
positive water d18O values. This further suggests that low
(high) d18O does not always correspond to high (low) lake
level. This is consistent with tufa data from other lake systems, and isotope budget modeling, showing a range of
d18O can occur at any lake level, in response to transient
changes in hydrologic budget.
7.2. Constraints on paleoclimate in northern Great Basin
The shoreline elevations and D47 temperatures for shorezone tufas spanning the LGM to present constrain the temperature and precipitation evolution in the northern Great
Basin. D47 temperatures indicate tufas formed at mean
annual lake temperature, with a 7 ± 3 °C (1 SE) diﬀerence
between recent and LGM-age tufas, broadly consistent
with previous estimates of glacial-interglacial temperature
change. Dated shorezone tufas identify low lake level at
18 ka, and a prominent highstand at 14 ka, consistent
with previous dating of mollusk shells in shoreline deposits.
Although indirect evidence for lake level, d13C and d18O
values for ostracods in the Ana River Canyon deposits suggest they formed in a very poorly mixed shallow water zone
driven by high density contrast between saline Summer
Lake and fresh Ana River water. This, in conjunction with
other evidence, constrains Summer Lake to shallow depths
during most of the past 100 ka. A deep pluvial Lake
Chewaucan, such as that dated to 14 ka by shorezone
tufas here, was likely a consequence of unusually wet conditions that developed during the last glacial termination.
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Daëron M., Blamart D., Peral M. and Aﬀek H. P. (2016) Absolute
isotopic abundance ratios and the accuracy of D47 measurements. Chem. Geol. 442, 83–96.
Daniels M. L., Anderson R. S. and Whitlock C. (2005) Vegetation
and ﬁre history since the Late Pleistocene from the Trinity
Mountains, northwestern California, USA. The Holocene 15,
1062–1071.
Deﬂiese W. F., Hren M. T. and Lohmann K. C. (2015) Compositional and temperature eﬀects of phosphoric acid fractionation on D47 analysis and implications for discrepant
calibrations. Chem. Geol. 396, 51–60.
Deines P. (1980) The isotopic composition of reduced organic
carbon. In Handbook of Environmental Isotope Geochemistry,
The Terrestrial Environment A, vol. 1 (eds. P. Fritz and J. C.
Fontes). Elsevier, Amsterdam, pp. 23–406.
Dennis K. J., Aﬀek H. P., Passey B. H., Schrag D. P. and Eiler J.
M. (2011) Deﬁning an absolute reference frame for ‘‘clumped”
isotope studies of CO2. Geochim. Cosmochim. Acta 75, 7117–
7131.
Dennis K. J. and Schrag D. P. (2010) Clumped isotope thermometry of carbonatites as an indicator of diagenetic alteration.
Geochim. Cosmochim. Acta 74, 4110–4122.
Deplazes G., Lückge A., Peterson L. C., Timmermann A., Hamann
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