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where f., 1s the fraction of carbon buried in carbonate
minerals with a global average isotopic composition
8" %Ceup, and f,, is defined similarly. One mole of
buried organic carbon generates one mole of O,
(Eq. (4.3)). 50 fire provides the O, global production
rate relative to the amount of carbon entering the
atmosphere and ocean. Throughout geologic time,
5”(‘0,5 is about —30%. and 8C.,s is about 0%e.
Solving Eq. (4.13) with 8"°C,,, = —6%e gives fi, about
0.2. In other words, ~20% of the CO, coming into
the ocean-atmosphere system is fixed biologically and
exits as buried organic carbon, whereas the remaining
80% exits as carbonalte carbon.

The largest excursions in 8'°C.,,, in Earth history
occurred between 2.4 and 2.1 Ga. with positive and
negative oscillations between +10%0 and —5%o (sec
Fig. 12.8). But the Snowball Earth episodes that also
occurred during 2.4-2.2 Ga (Section 4.2.4), combined
with sparse 8'°C data, complicate the interpretation of
8"'C...y fMuctuations. Positive excursions of i s
can be interpreted as resulting from increased organic
burial on a global scale, leading to pulses of O,.
However, given the geologically short residence time
of atmospheric O, (today, a few million years), pulses
of organic burial would merely cause atmospheric O,
to rise and decay, and cannot be responsible for the
permanent rise of O; (Section 4.7.1). The 8"*C record is
further discussed in Section 12.2.3.

4.6.2.2 Marine sulfur isotopes
Marine sulfur isotopes indicate an increase in sulfate
concentrations at ~2.3Ga consistent with a rise ol O,

(Fig. 12.9). Archean sulfides display **S/**S that cluster
around the unfractionated mantle value (5*S = 0%o).
implying Archean oceans with <0.2 mM sulfate, com-
pared to 28.9 mM in today’s surface seawater, Lack of
sulfate is consistent with low pO,, which would induce
little oxidative weathering of sulfides, limiting the river
supply of sulfate to the oceans. Further discussion is in
Section 12.2.4.

Measurements of other sulfur isotope ratios, 5S
and 8**S, in addition to ™S, show a major change in
the sulfur cycle occurring between 2.45 and 2.09 Ga,
most probably related to the nise of O, (Fig. 4.10)
(Farquhar et al., 2000). Sulfur isotopes in rocks older
than ~2.4Ga are peculiarly fractionated. But in
younger rocks. *28, **S, and **S obey “mass-dependent”
fractionation, in which the difference in abundance
between ¥S and **S is approximately half that between
*S and **S. Such fractionation is produced by many
aqueous chemical and biochemical reactions, such as
sulfate reduction. In contrast. sulfur isotopes in pre-
2.4 Ga rocks show large “mass-independent” fraction-
ation, which is thought to result solely from gas-phase
photochemical reactions such as photolysis of SO;.
The isotopes i this case are still fractionated by
mass, but their relative abundances deviate from
what is expected in mass-dependent fractionation.
In a high-O, atmosphere, sulfur gases are rapidly
oxidized to sulfuric acid, H,SOy, which rains out as
dissolved sulfate. SO4° ", In the absence of O and an
ozone layer in the early atmosphere, shortwave ultra-
violet light penetrated into the lower atmosphere and
the photochemistry of S-bearing atmospheric species
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would produce mass-independent signatures (Pavlov
and Kasting, 2002).

From ~0.8-0.6 Ga, sulfides are increasingly found
with *S-depletions exceeding the fractionation thresh-
old of sulfate reducing bacteria. This has been inter-
preted as indicating a second rise of pO, from ~1-3%
to greater than 5-18% of present levels (Canfield and
Teske, 1996). This can be explained il sulfide was
re-oxidized at the sediment-water interface to SO4~
and reduced again by bacteria, cyclically increasing the
isotope fractionation. Possibly, O increased to the point
where it penetrated marine sediments, making the deep
ocean aerobic for the first time (Canfield, 1998). This
could supply the increase of O, thought necessary to
explain the appearance of macroscopic animals in the
fossil record after 590 Ma (Knoll and Carroll, 1999),

4.7 Models for the Earth’s atmospheric
O, history

There is still no consensus about why atmospheric O,
levels increased in the manner indicated by the geologic
record. Before discussing various hypotheses, we intro-
duce some general principles in understanding how the
number of moles of Os (Rey,) changes with time. The
rate of change of R, in the atmospheric reservoir is

d(Ro2)
dr

Fsmh - (4' 14)

= Fiouree —
where Fj, is the removal flux of O, from the atmos-
phere (in moles yr ') due to numerous oxidation reac-
tions, and Fyupee 18 the source MTux of oxygen. After the
advent of oxvgenic photosynthesis (and of corre-
sponding respiration processes). Fg, .. was domi-
nated by the bunal flux of organic carbon. Most
organic carbon (loday. ~99.9%) is rapidly oxidized
via respiration, producing no net O,. But the small
leak of organic carbon to sediments, where it is segre-
gated from O, contributes in effect 10 Flyureer Fiink 18
due 1o several oxidation processes:

Fsink e F\-o}camc + Fmeumurplm + Fm-.alhcnng- (4] 5}

These loss terms are the reaction of O, with various
reductants: reduced volcanic gases (F, jcame)s reduced
metamorphic gases (Freimorphic); and reduced material
on the continents (Fcathering)-

The Fioure and Fyy fluxes depend on Rg» in com-
plicated, nonlinear ways. If we knew these dependen-
cies explicitly (and we do not) we could substitute
Eq. (4.15) into Eq. (4.14) and integrate to derive Ro»
as a function of time. A simplifying assumption is that

at any instanl, Rg; will roughly be in “steady state,”
which means that O, will have accumulated in the
atmosphere to some value of Ry where the O, sink
(Fiink) will be about equal to the O; source (Fyouree). In
this case, d(Rpy)/dr =0 in Eq. (4.14). Such a balance of
source and sinks is how O, remains constant today.

The secret to how O, levels have evolved entails
understanding how F . and F,; have altered over
Earth’s history. We argue below that the evidence is
most consistent with the idea that the rise of O, was the
consequence of the sink from reduced gases diminish-
ing relative to the source of Os. In the Archean. Fgy
was dominated by rapid losses of O; to reduced vola-
tiles such as H,. Under such conditions, Eq. (4.14) was
balanced in steady state at very low values of Rq;. After
the rise of O, oxidative weathering (Fycqhering) became
a more important sink, and the steady-state balance
was at significantly higher values of Rg. To use an
analogy, the amount of O, in the atmosphere can be
likened to the water level in a bathtub. Even with water
gushing out of the tap at a steady rate. the equilibrium
level of the water in the bathtub depends on the size of
the plughole. Similarly, the standing amount of O; in
the air does not just depend on the source (the organic
burial rate) but on the subsequent fate of the O, (the
loss of Os to reductants),

4.7.1 The delay between the origin of
cyanobacteria and the rise of O,

Oxygenic photosynthesis surprisingly originated by
2.7Ga (Section 4.5.3), 0.3-0.4 Gyr hefore the rise of
0, (Section 4.6). One explanation is that a massive
pulse of organic burial caused the rise of O,, as evi-
denced by the large carbonate isotope excursions dur-
ing 2.4-2.1 Ga (Section 4.6.2.1). However. given the
geologically short residence time of O, (~2-3 Myr,
even today) a pulse of organic burial would mean that
05 would return to its previous low levels once burial
and oxidation of previously buried carbon had
re-equilibrated. For high O, to persist, a secular shift
in source and sink fluxes of O, must occur. A second
hypothesis is that as geothermal heat declined due to
the decay ol radioactive materials inside the Earth, the
flux of volcanic gases dwindled, lessening the sink on
0,. However, increased past volcanic outgassing would
have also injected proportionately more CO,. Carbon
isotopes from 3.5 Ga onwards show that ~20% of the
CO;, Mux into the biosphere was fixed biologically and
buried as organic carbon with the remainder buried as
carbonate (Section 4.6.2.1). Consequently, increased
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outgassing in the past, on its own, cannot explain the
oxic transition because O, production due to organic
burial would have paralleled O; losses. A third explan-
ation of the rise of O, takes account of the problem
with the previous idea by invoking a gradual, irrever-
sible shift of outgassed volatiles from reduced to oxi-
dized. This explanation is probably the most viable.
Before discussing how and why the redox state of out-
gassed volatiles might change, we first consider the
sinks for O, in the modern atmosphere.

4.7.2 Modern sinks for O,: reduced gases and
oxidative weathering

The ultimate source of O, comes from burying organic
carbon. However, bunial of other (non-detrital) redox
species can also effectively generate or consume oxy-
gen. Forexample, marine sulfate is microbially reduced
to sulfide, which is buried with overall reaction
2Fe(OH)s +4H,S04 =2FeS; + 150; + 7H;0. Today,
the burial of organic matter and pyrite (FeS;) each
contribute about 50% to Fyuee in Eq. (4.14). The
burial of ferrous iron also effectively adds oxygen
(2Fe;04=4FeO + O,), whereas the burial of sulfate,
which requires that SO, is oxidized, effectively removes
O, (Holland, 2002).

About 80-90% of F. e 1s removed in oxidative
weathering, while the remainder reacts with reduced
outgassed volatiles. But in the Archean, the balance
must have been different. First. the lack of red beds
and presence of reduced detrital minerals means that

oxidative weathering was small, Second, the scarcity of

marine sulfate means that the sulfide bunial rate was
lower (consistent with low C/S in Archean shales).
Third, the similar rate of organic carbon bunial relative
to carbonates means that the O, sink from reduced
gases must have been larger than today. But how
could reduced gases, which apparently account for
only 10-20% of the Os sink today, have consumed
nearly all the O, produced in the Archean?

4.7.3 Methane, hydrogen escape, and
metamorphic gas fluxes

Catling et al (2001) argue that the sink on O; from
reductants emanating from the Earth was greater in the
Archean because oxidation of the crust due to hydro-
gen escape may have been important. Low O would
stabilize  biogenic methane to an abundance
~10°-10" ppm. This methane level would promote
rapid cscape of hydrogen to space, oxidizing the

Earth, and it would also counteract the fainter Sun by
greenhouse warming (Section 4.2.3). Thus. elevated
Archean methane couples the “faint young Sun™ and
“rise of O," problems.

In the crust, the moles of excess oxygen locked up in
minerals, such as sulfate or iron oxides, greatly exceeds
reduced carbon (tabulated in Catling et al., 2001). This
can only be explained by a net hydrogen loss because
otherwise photosynthesis would have produced
organic carbon and oxygen in equimolar guantities
(Eq. (4.3)). Thus, il the Archean crust oxidized due to
hydrogen escape, the H5/CO; ratio in metamorphic
gases would drop, and Os would no longer be over-
whelmed by reaction with CH, or H,. At this point,
atmospheric O; would accumulate until balanced by
oxidative weathering, and CH, levels would fall, indu-
cing global cooling (Section 4.2.4).

In this model, microbmal communities mediate the
production of CHy (and ultimately hydrogen escape)
via

2CHO — CHy + COs, (4.16)

where the organic matter derives from photosynthesis.
Consequently. addition of Eq. (4.16) to twice Eq. (4.3)
gives the overall reaction

CO; + 2H:0 — CH, + 20,. (4.17)

Although Eq. (4.17) mostly goes in the reverse direc-
tion, CH can accumulate because Os reacts faster with
outgassed H, and CO than it does with biogenic meth-
ane. A geological flux of Hs is still needed to support
high levels of CH,; If we add twice Eq. (4.5) to
Eq. (4.17), we get 4H, + CO, — CHy +2H,0. Thus,
dominance ol CH; over O requires excess Hs supplied
by the Earth regardless of the pathway of Eq. (4.16).
This means that when hydrogen escapes to space via
biogenic methane, the place where the hydrogen origi- -
nated (the crust or the mantle (Section 4.4.2)) must
ultimately be oxidized.

4.7.4 Excess hydrogen in the Archean

Holland (2002) has proposed a hypothesis for why the
Archean atmosphere had excess hydrogen. He notes
that the net reduction path of the biosphere is

COs+ 25 — CH0 4 10, (4.18)

Even if O, is generated by oxygenic photosynthesis
(Eq. (4.3)). it is destroyed by Eq. (4.11) with hydrogen:
Egs. (4.3)+(4.11) produce the net reaction of
Eq. (4.18). H> that remains in volcanic gas after the
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reduction of 20% of its carbon to CH,O (as inferred
from sedimentary C isotopes) is available for the bio-
sphere to reduce sulfur gases (principally SO,) into
sulfide. Sulfide then accumulates principally as sedi-
mentary pyrite (FeS;). Throughout the past 540 Myr,
there has been enough H, left over from Eq. (4.18) to
convert about 2/3 of the sulfur into pyrite (FeS,), while
the rest exits into sediments as sulfates. However, if
Archean outgassing was Ha-rich, all of the sulfur
could have been reduced to sulfide. In this case, there
would be excess Hi and the atmosphere would neces-
sarily become “hydrogen-rich” and anoxic. Compared
to modern volcanic gases, the increase in the propor-
tion of hydrogen needed to flip o such an anoxic state
would be a factor of ~2.4. Holland (2002) discusses
possible ways in which this increased H, outgassing
may have happened.

In summary, the most plausible explanation for
why the late Archean atmosphere was anoxic is that
excess reductants scavenged ;. Hydrogen escape
would have then oxidized the Earth, lowering the sink
on Os until an oxic transition occurred. Explaining the
second rise of O, at 0.8-0.6Ga (Section 4.6.2.2)
remains an area of future research. Perhaps methane
persisted at a level of order about tens to a hundred
ppm, and cumulative hvdrogen escape over a further
billion vears helped shift another redox bulfer beyond a
critical threshold.

4.8 Formation of an ozone ultraviolet
shield

An important consequence of the rise in O; at
2.4-2.3Ga was the creation of an ozone {O4) layer,
which shielded the surface from biologically harmful
solar ultraviolet (UV) radiation (but note that subter-
ranean and marine organisms at depth do not require-
such protection). Radiation below a wavelength of
~200 nm is strongly absorbed by CO-. For example.
on Mars the COs-rich atmosphere prevents UV below
200 nm from reaching the surface, whereas biologically
harmful radiation (in the 200-300 nm range) gets
through (Cockell e al., 2000). Today on Earth we are
largely protected from radiation in the 200-300 nm
range because of our atmosphere's ozone layer.

Ozone today is formed in the stratosphere (ranging
from 20 to 50 km altitude) from photochemical reac-
tions involving O,. Absorption of radiation below
240 nm dissociates O, into O atoms:

Qs +he — 0O+ 0, (4.19)
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FIGURE 4.11 The ozone (Oj3) layer column abundance as a
function of pO; in the atmosphere. O, is expressed as a ratio to
the Present Atmospheric Level (PAL}. A typical ozone column
abundance today is shown by the dotted line. The ozone layer's
protective absorption of ultraviolet light became significant at
pO; of ~0.01 PAL, which occurred ~2.4-2.3 Ga. (After Kasting
and Donahue, 1980.)

and the O atoms react with other oxygen molecules to
form ozone:

0+054M — 03+ M. (4.20)

Here M denotes any air molecule, usually N», which
acquires the excess energy liberated by Eq. (4.20) and
dissipates it through collisions with other air molecules.
Ozone absorbs UV at longer wavelengths (200-
310 nm) than O», and in the process the ozone is dis-
sociated into O» and O and the absorbed energy heats
the atmosphere. This is why the stratosphere increases
in temperature with height, unlike the troposphere,
where temperature decreases with height.

Photochemical models (Fig. 4.11) show that an
atmosphere with pO, > 0.002 bar (1% of present) cre-
ates an ozone layer that absorbs most harmful UV
(Kasting and Donahue, 1980). Such a level occurred
on Earth at ~2.4-2.3 Ga.

4.9 Advanced life and O, on other
Earth-like planets

The high O> content of Earth’s atmosphere sets our
planet apart from all others in the Solar System. But
does Earth’s Os-rich atmosphere differ from all other
planets in the Galaxy or Universe? Is O, required lor
higher life? And would a high O, atmosphere, which
results from biology on Earth, be diagnostic of life on
another planet?
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4.9.1 Is O, required for animal-like life?

There are several good reasons for believing that
extraterrestrial multicellular life (comparable to ani-
mals on Earth) would metabolize molecular oxygen.
Life anywhere in the Universe must be constrained by
the chemistry possible within the periodic table.
Advanced extraterrestrial life, like its terrestrial coun-
terpart, would require substantial energy for chem-
ical, electrical, osmotic, and mechanical work. Fluorine
is the most energetic oxidant (per electron transfer)
available in the periodic table, and aqueous chlorine
is similar to oxygen. However, F is useless because it
spontancously explodes on contact with organic mate-
nal! Similarly, Cl forms bleach in water. O, differs
because its bond provides greater stability than the
weak single bonds of the halogens. Given that F; and
Cl; are not realistic oxidants, free O, in a planetary
atmosphere allows life to utilize the greatest energy
source per electron transfer. Oxygen is also plentiful
in the cosmos, third in abundance behind H and He.
Furthermore, oxygen occurs as a gas in the temper-
ature-pressure range of liquid water. A solid (e.g.,
sulfur) or liquid terminal oxidant would have a con-
fined distribution and thereby limit possible habitats.
No such restriction applies with gaseous O,, which can
be ubiquitous throughout an atmosphere and within
oceans. Consequently, given the constraints of the peri-
odic table, acrobic respiration is the most energetic
chemistry for advanced life. Thus high atmospheric
O is probably a necessary precursor for animal-like
lifte anywhere (Catling et al., 2005).

Consequently, the controls on the timescale for the
rise of Os may be critical for the viability of advanced
life on an extrasolar planet. For example, if a large,
more chemically reducing planet around a Sun-like star
took ~10 Gyr to undergo a significant rise in O, (much
more than Earth's ~3.9 Gyr to reach the Cambrian).
advanced life could be precluded because the star
would have already evolved 1o a4 much more luminous
red giant (Chapter 3).

4.9.2 Spectroscopic detection of life on
extrasolar planets

In the future, life could be detected on extrasolar pla-
nets by remotely sensing their atmospheres (see
Chapter 21 for plans to do this in the next decade).
Compared to Venus and Mars, Earth has an anoma-
lous atmosphere: water-rich, with strong ozone absorp-
tion at a wavelength of 9.6 pm (Fig. 4.12). Such an
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FIGURE 4.12 Remote sensing spectra obtained by orbiting
spacecraft for Venus, Earth, and Mars. Brightness temperature is a
measure of the temperature in the aumosphere or on the surface
from where the emission originates. All atmospheric spectra
show significant absorption due to CO; at |5 pm (Table 4.1). The
spike in the center of the Earth's |5 pm band is characteristic of a
warm layer of CO; in the stratosphere. The Earth's stratospheric
ozone (O3) layer is revealed by its absorption feature at 9.6 um.
Earth's spectrum also shows the presence of considerably more
H;0 vapor than either Mars or Venus, indicatve of Earth’s
oceans. (After Hanel et al,, 1975.)

atmosphere is diagnostic of life because the ozone
implies a continuous biological source of O, (Sagan
et al.. 1993). If photosynthetic life went extinct, Os
would decrease to less than 1% of present levels in
only ~10-15Myr by reacting with reduced surface
materials and reduced gases. Joshua Lederberg and
James Lovelock first suggested that the presence of
gases that are far removed from equilibrium is diag-
nostic of life (Lederberg, 1965: Lovelock, 1965; 1978).
The problem, however, is that hot planetary interiors
and stellar radiation. independent of life. provide other
sources of free energy that produce disequilibrium, so
discriminating life becomes a question of degree.
Ozone absorption at 9.6 ym is a good surrogate for
the presence of O,. Even at pO- only 1% of the present,
the ozone column depth would be about a third of the
present global average value (Fig. 4.11). Thus, astron-
omers on a distant planet with a powerful spectrometer-
telescope could have deduced the presence on Earth
ol O, over the past 2.4-2.3 Gyr. But could substantial
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O arise in the absence of life (Leger er al., 1999)?
Today, Venus has <1 ppm of O, in its atmosphere,
but it may have had much more in the past. Early
Venus is thought to have lost its oceans due to a severe
greenhouse effect (Section 4.2.2). With a wet upper
atmosphere, the rate of water-induced hydrogen loss
became correspondingly very high. Thus, Venus could
have had a large abiotic production of O, from
dissociation of water (noting that O, build-up may
have been self-limiting by thwarting hydrogen escape).
Earth could experience a similar fate when the oceans
boil 1-2 Gyr from now as the Sun heats up. In observ-
ing extrasolar planets, we must therefore estimate the
likelihood of such scenarios [rom orbital elements and
the age and luminosity of the parent star (Chapter 21).

To detect life on planets resembling early Earth
before O, became abundant, one could look for the
strong 7.6 um absorption band of biogenic methane.
However, abiological processes can also produce abun-
dant methane. The atmosphere of Titan, Saturn’s
largest moon, has 4.9% CH, below 8 km altitude. The
surface temperature of Titan is ~95K - too cold for
liquid water and conventional life - so it is believed that
CH, emanates from geothermal processes in the sub-
surface (Chapter 20). Overall, the presence of methane
as a spectroscopic biomarker is less certain than the
presence of ozone.

4.10 Summary and conclusions

An Earth-like planet with liquid water on its surface is
the most likely type of planet to be inhabited and to
possess a biosphere that is detectable through remote
atmospheric spectroscopy. Thus, a key aspect of a
planet’s biological potential is whether the planet’s sur-
face temperature is conducive to liquid water. The
average surface temperature of a planet is determined
by the planet’s albedo. the atmospheric greenhouse
effect, and the energy flux from ils parent star.
Negative feedbacks in a climate system tend to stabilize
a planet’s surface temperature within a particular
range. Over geological time. the most important
negative feedback for regulating the Earth's climalte is
the COs-climate feedback arising from the carbonate—
silicate cycle. The rate of silicate weathering reactions,
and therefore the consumption of CO,, increases with
the amount of CO, in the atmosphere. Given a source
of CO; from volcanism and metamorphism that is
independent of the amount ol atmospheric CO,, the
climate tends to reach equilibrium at some equable
level of CO,; where the CO; sink balances the CO;

source. However, such climate regulation failed on
Venus, which was too close to the Sun and lost its
water from dissociation and escape processes.
Without water to remove CO, during weathering,
CO,; accumulated on Venus. Mars, being a small
planet, shut down tectonically and failed to provide
the necessary replenishment of CO, to the atmosphere.
Mars probably also lost much ol its atmosphere during
early impact bombardment. For both reasons, Mars
slipped into a permanent ice age.

Over geological history, the Earth’s climate has

been greatly affected by changes in the chemistry of

the atmosphere coupled to the evolution of life. Today,
apart from argon, all of the quantitatively tmportant
gases are at least in part biologically controlled
(Table 4.1). Oxygen. in particular, has no significant
abiological source. Consequently, before life evolved,
Earth’s atmosphere had negligible O,. The prebiotic
atmosphere probably consisted mainly of N,, CO,,
and water, with relatively small amounts of H,, CO,
and CHy. Reactions in such an atmosphere may have
synthesized formaldehyde (H,CO) and hydrogen cya-
nide (HCN), the basic building blocks for sugars and
the nitrogen-containing bases required for RNA. Once
life arose, microbes would have consumed H; and
transformed it into CH;. As a powerful greenhouse
gas, CHy would have lowered the amount of CO:
through temperature-dependent consumption of CO,
in weathering. Thus, before O, became abundant n
Earth’s atmosphere, atmospheric models suggest that
biogenic methane would have been stable at much
higher levels than today and therefore was a more
important greenhouse gas than CO,.

The most significant biological event for the history
of Earth’s atmosphere was the evolution of oxygenic
photosynthesis, a metabolism that dates back to at
least 2.7Ga. However. atmospheric O> remained
below part per million levels until ~2.4-2.3Ga. The
history of 05 can be characterized in terms of its chem-
ical adversary: the collection of reducing, hydrogen-
bearing atmospheric gases. Before the rise of O,
hydrogen-bearing gases like CH4 and Hs must have
tipped the redox balance in the atmosphere against
0,. A plausible mechanism for redox change is that
the escape of excess hydrogen to space inexorably
oxidized the Earth over geological time, shifting the
redox balance in favor of an oxidizing atmosphere.
Once O; finally rose, it created an ozone layer, shield-
ing the surface from harmful ultraviolet radiation.

Given that atmospheric O, has no significant source
other than (rom life, life on extrasolar Earth-like
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planets can be detected using ozone as a proxy for
abundant oxygen. On Earth, the amount of oxygen
in the atmosphere must have set the tempo for the
evolution of complex biology to some degree.
Chemical arguments suggest that complex life forms
clsewhere will probably also utilize oxygen in their
metabolism. Thus, understanding the redox history of
habitable planets and their atmospheres is critical for
the question of whether humans are an improbable
accident and the sole sentient beings in the universe or
whether we are more typical. Planetary atmospheres
thus run like a thread through some of the most impor-
tant questions in astrobiology: life’s origins, planetary
habitability. and the distribution of complex life.
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