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Twenty years ago, measurements on ice cores showed that the concentration of carbon dioxide in the atmosphere was lower
during ice ages than it is today. As yet, there is no broadly accepted explanation for this difference. Current investigations focus on
the ocean's `biological pump', the sequestration of carbon in the ocean interior by the rain of organic carbon out of the surface
ocean, and its effect on the burial of calcium carbonate in marine sediments. Some researchers surmise that the whole-ocean
reservoir of algal nutrients was larger during glacial times, strengthening the biological pump at low latitudes, where these
nutrients are currently limiting. Others propose that the biological pump was more ef®cient during glacial times because of more
complete utilization of nutrients at high latitudes, where much of the nutrient supply currently goes unused. We present a version of
the latter hypothesis that focuses on the open ocean surrounding Antarctica, involving both the biology and physics of that region.
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of these mechanisms with data from the recent geological and
glaciological record has been a challenging and controversial task,
leading as yet to no consensus on a fundamental mechanism. It is
possible that many factors contribute comparably to the observed
changes. However, the regularity of the CO2 variations and the
consistency of the upper and lower limits of atmospheric CO2
through multiple 100-kyr cycles (Fig. 1) are suggestive of a wellordered set of dominant mechanisms, the `holy grail' of glacial/
interglacial CO2 research.
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he past two million years have been characterized by
large cyclic variations in climate and glaciation. During
cold `ice age' periods, large continental ice sheets cover
much of the polar Northern Hemisphere. During intervening warm periods, or `interglacials', Northern Hemisphere glaciation wanes drastically. The ultimate pacing of these
glacial cycles is statistically linked to cyclic changes in the orbital
parameters of the Earth, with characteristic frequencies of roughly
100, 41 and 23 kyr (refs 1, 2). These orbitally driven variations in the
seasonal and spatial distribution of solar radiation incident on the
Earth's surface, known as the `Milankovitch cycles' after their
discoverer, are thought to be the fundamental drivers of glacial/
interglacial oscillations. However, the direct energy budget effects of
the orbital variations are insuf®cient to drive the large amplitude of
the glacial cycles that are observed, and orbital variations alone do
not provide an obvious cause of the rapid climate transitions
evident in palaeoclimatic and palaeoceanographic records. Positive
feedbacks within the Earth's climate system must amplify orbital
forcing to produce glacial cycles, but the operation of these internal
feedbacks is poorly understood. One of the central goals of
Earth science is to develop a mechanistic understanding of the
Earth's climate feedbacks, the roles that they have played over glacial
cycles, and the roles that we should expect them to play in the
future.
The concentration of carbon dioxide (CO2) in the atmosphere has
varied in step with glacial/interglacial cycles3,4 (Fig. 1). During
interglacial times, such as the Holocene (roughly the past 10,000
years), the atmospheric partial pressure of CO2 (pCO2) is typically near
280 parts per million by volume (p.p.m.v.). During peak glacial times,
such as the Last Glacial Maximum about 18,000 years ago, atmospheric pCO2 is 180±200 p.p.m.v., or roughly 80±100 p.p.m.v. lower.
CO2 is a greenhouse gas, and model calculations suggest that its
changes play a signi®cant role in the energetics of glacial/interglacial
climate change5. However, we have not yet identi®ed the cause of
these variations in CO2. How do the orbitally driven cycles in solar
radiation set this particular positive feedback into motion?
This question has persisted for two decades, motivating intensive
research by palaeoclimatologists and palaeoceanographers. From
this research, we now recognize many processes that could regulate
atmospheric CO2 on the timescales of glacial/interglacial transitions, and it may well be that the actual cause of glacial/interglacial
CO2 change is among them. However, evaluating the importance
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Figure 1 The history of atmospheric CO2 back to 420 kyr ago as recorded by the gas
content in the Vostok ice core from Antarctica4. The ratio of deuterium to hydrogen in
ice (expressed as the term dD) provides a record of air temperature over Antarctica,
with more negative dD values corresponding to colder conditions. The history of global
ice volume based on benthic foraminiferal oxygen isotope data from deep-sea
sediment cores96 is plotted as relative sea level, so that ice ages (peaks in continental
ice volume) appear as sea level minima, with a full glacial/interglacial amplitude for
sea level change of about 120 m (ref. 18). During peak glacial periods, atmospheric
CO2 is 80±100 p.p.m.v. lower than during peak interglacial periods, with upper and
lower limits that are reproduced in each of the 100-kyr cycles. Ice core records,
including the Vostok record shown here, indicate that atmospheric CO2 was among
the early parameters to change at the termination of glacial maxima, roughly in step
with Southern Hemisphere warming and preceding the decline in Northern
Hemisphere ice volume.
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Atmosphere: CO2 = 600 Pg C

Terrestrial: Corg = 2,100 Pg C
τ(atm.-terr.) = 18 yr

τ(atm.-surf.) = 10 yr; τ(atm-terr.) = 6 yr

Surface ocean: DIC = 700 Pg C
τ(surf.-deep) = 25 yr
Export: Corg = 4 Pg C yr –1

River input of dissolved CaCO3:
0.2 Pg C yr –1

CaCO3 = 1 Pg C yr –1
Sediments and crust:
(Ca,Mg)CO3 = 48,000,000 Pg C
τ(weathering) = 240 Myr

Deep ocean: DIC = 38,000 Pg C
τ(surf.-deep) = 1,250 yr

Corg = 15,000,000 Pg C
τ(weathering) = 300 Myr

CaCO3 burial: 0.2 Pg C yr –1

Figure 2 A simpli®ed view of the Holocene (pre-industrial) carbon cycle. Data is largely based on ref. 97 and includes only the reservoirs and ¯uxes thought to be most relevant for
glacial/interglacial variations in atmospheric CO2. Carbon that exchanges with atmospheric CO2 on the timescale of glacial/interglacial transitions is stored in a number of reservoirs
(given in units of Pg C, or 1015 g C), as dissolved inorganic carbon (DIC), calcium carbonate (CaCO3), and organic carbon (Corg). For each of the carbon reservoirs, a residence time
(t, reservoir size divided by input or output) is given in relation to important exchange terms among reservoirs, which are indicated by double arrows. Relevant ¯uxes of Corg and
CaCO3 (including `dissolved' CaCO3) are indicated by single arrows. It is also informative to consider the ¯uxes that are excluded from this diagram. For instance, organic carbon
burial (which occurs mostly along ocean margins), organic carbon weathering on land and volcanic/hydrothermal CO2 release are generally thought to occur too slowly or to have
the wrong sensitivities to play a major role in the consistent variation of atmospheric CO2 over glacial/interglacial cycles.

The modern carbon cycle provides our ®rst basis for discerning
the processes that may have played an important role in glacial/
interglacial CO2 change (Fig. 2). Excluding recent anthropogenic
changes, the atmospheric CO2 reservoir is one-third to one-quarter of
the size of the terrestrial biosphere and soil carbon reservoir, and is
comparable to the amount of inorganic carbon stored in the warm
upper ocean. However, all of these pools together are less than 10% of
the inorganic carbon stored in the deep ocean. Deep water is exposed
at the ocean surface roughly every 1,000 years, so that a change in
atmospheric CO2 driven by something other than oceanic processes
would be diluted into the large reservoir of deep ocean inorganic
carbon, greatly attenuating such CO2 changes on the timescale of ice
ages and interglacial periods. In addition, over thousands of years,
the deep ocean regulates the exchange of inorganic carbon between
the geosphere and the hydrosphere/atmosphere system through its
control of the burial of calcium carbonate on the sea ¯oor. From
these facts, Broecker6 concluded that oceanic changes must underlie
the glacial/interglacial cycle in atmospheric CO2.
Here, we review the potential causes of glacial/interglacial CO2
change that have been recognized as well as the evidence for and
against them. We will start with the relatively well-studied hypotheses and end with subjects of greater conjecture. Given that we
still lack a proven mechanism for glacial/interglacial CO2 changes,
this approach is tantamount to ®rst describing the processes that
we believe cannot explain glacial/interglacial CO2 changes (changes
in terrestrial carbon storage and in ocean temperature, simple
changes in the marine calcium carbonate budget) and then shifting
to those processes that might (such as changes in the oceanic
nutrient reservoir size) and ®nally to a hypothesis that is currently
receiving special attention (changes in the completeness of nutrient
consumption in high-latitude surface waters).
860

Carbon storage on land

With currently forested or vegetated regions covered under kilometres of ice, an increase in the extent of deserts, apparent conversion of tropical forest to grassland, and exposure of organic-rich
sediments on continental shelves, it seems likely that the continental
reservoir of organic carbon decreased during the last ice age,
contributing CO2 to the ocean/atmosphere system (ref. 7 and
references therein). Based on reconstructions of biome distributions
for the glacial world and information on carbon storage by different
biomes, estimates7,8 of the glacial/interglacial change in terrestrial
carbon storage range between 700 and 1,350 Pg C (1015 g of carbon).
An integrative indicator of the transfer of carbon from terrestrial
sources during the last ice age is thought to be provided by the
13 12
C/ C ratio of the calcitic shells of benthic foraminifera from deep
sea sediments. The 13C/12C ratio of glacial-age shells is on average
0.3±0.4½ lower than that of Holocene shells, a shift that has been
interpreted as re¯ecting a transfer of continental organic carbon,
which has a low 13C/12C ratio, to the ocean/atmosphere inorganic
carbon reservoir during ice ages9±11. If this interpretation is correct,
the 13C/12C change of 0.3±0.4½ indicates that roughly 300±700 Pg
of additional carbon were distributed throughout the ocean/
atmosphere system during the last ice age12. While other possible
explanations13 have been raised for the observed decrease in foraminiferal 13C/12C, the foraminiferal estimate of terrestrial carbon
loss during the last ice age is already at the lower bound of values
inferred from the terrestrial palaeoecological data, making it seem
likely that changes in the terrestrial carbon pool dominated the
benthic foraminiferal 13C/12C shift.
Given no other processes, a 500 Pg C addition, when distributed
throughout the ocean/atmosphere system, would have raised atmospheric CO2 by 45 p.p.m.v. However, this increase in inorganic
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CO2 storage in the ocean

The exchange of CO2 between the atmosphere and the surface ocean
would reach completion over the course of six to twelve months if
there were no other processes redistributing inorganic carbon in the
ocean. However, the pCO2 of surface waters is continuously being
reset by its interaction with the deep ocean reservoir of inorganic
carbon, which is more than 25 times that of the atmosphere and
surface ocean combined (Fig. 2).
Excluding the effect of anthropogenic additions of CO2 to the
atmosphere, we can consider the ocean and atmosphere to be in
approximate steady state with respect to CO2 exchange, with CO2
uptake in some regions of the ocean balanced by CO2 release in
others. The air±sea exchange of CO2 is determined largely by the
pCO2 of surface waters, with CO2 transfer into the ocean occurring
where the pCO2 of surface waters is lower than that of the atmosphere, and transfer out of the ocean where it is higher. Surface water
pCO2, in turn, is controlled by temperature and ocean chemical
composition, which are separable in their responses to glacial/
interglacial changes. CO2 is more soluble in cold water, causing
CO2 invasion into cold surface waters and CO2 evasion out of warm
surface waters. The role of ocean chemical composition is more
complicated, involving the dependence of surface water pCO2 on its
inorganic carbon content and acid/base chemistry, which are greatly
affected by biological processes.

Ocean temperature

As ocean temperature was lower during ice ages, it is an obvious
®rst step to consider its effect on atmospheric CO2. The lower
temperatures of the glacial ocean would have reduced the concentration of CO2 in the atmosphere by drawing more of it into
the ocean. The deep ocean, which is the dominant volume of
ocean water, has a mean temperature of 2 8C. Sea water begins to
freeze at about -2 8C, producing buoyant ice. As a result, deep
ocean water could not have been more than 4 8C colder during the
last ice age, placing an upper bound on how much additional CO2
this water could have sequestered simply by cooling. The potential
cooling of surface waters in polar regions such as the Antarctic is
also constrained by the freezing point of sea water. The temperature of the lower-latitude (equatorial, tropical and subtropical)
surface ocean is far from the freezing point and thus lacks this
constraint, and the pattern of low-latitude cooling is a subject of
continuing research. The CLIMAP project14 estimated that the
tropical and subtropical sea surface was cooler by 3 8C or less
during the last ice age. However, estimates from the continents
and some of the more recent paleoceanographic work suggest
greater cooling, for example, as much as 5 8C in the tropical
Atlantic15.
The cooling of different regions of the ocean surface affected ice
age CO2 levels to the degree that they altered the volume-averaged
temperature of the ocean, the critical parameter for the mean
solubility of CO2 in the ocean. The similarity in temperature
between the large volume of the deep ocean and polar surface
waters implies that most of the ocean interior is ventilated in polar
environments, so we expect a given temperature change in polar
surface waters to have a greater in¯uence on atmospheric CO2 than
would the same temperature change in the low-latitude surface. For
instance, in the CYCLOPS ocean box model16, a given cooling of the
high-latitude surface causes roughly twice the CO2 decrease that is
NATURE | VOL 407 | 19 OCTOBER 2000 | www.nature.com

2,400
250

Surface water pCO2 (µatm)
2,380

ALK (µeq kg–1)

carbon would have driven a temporary increase in the dissolution of
deep sea sedimentary calcite (see below), which would have reduced
the effective CO2 increase to 15 p.p.m.v. over about 5±10 kyr. Thus,
while the terrestrial carbon reservoir was smaller during the last ice
age, its effect on atmospheric CO2 was probably modest because of
buffering by the ocean carbon reservoir and the ocean CaCO3
balance. Details aside, terrestrial carbon represents a source of
CO2 to the atmosphere, not a sink, during ice ages.
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Figure 3 The pCO2 of surface sea water at 20 8C and a salinity of 35 parts per
thousand, as set by its dissolved inorganic carbon (DIC) content and alkalinity (ALK).
The pCO2 decreases as DIC decreases and/or ALK increases. The dashed arrows show
the relative effects on ALK and DIC of imbalances in the CaCO3 budget of the ocean. If
CaCO3 burial is less than the continental input of dissolved CaCO3, then the ALK and
DIC of the whole ocean increase in a 2:1 ratio. This lowers the pCO2 of surface waters
and transfers CO2 from the atmosphere into the ocean. The solid arrows show the
effect of the rain of biogenic materials out of the surface ocean (`export production'),
for the cases that this rain is organic carbon (Corg) only and that it is a 4:1 molar ratio
of Corg and CaCO3. In general, the former composition applies to high nutrient polar
surface ocean ecosystems, while the latter applies to the warm low-latitude ocean
(references in ref. 98). Export production removes DIC from the surface ocean,
sequestering it in the ocean interior. The modest ALK increase associated with Corg
export only is due to the associated uptake of nitrate by phytoplankton. Export
production also affects the DIC and ALK of the deep ocean, because Corg produced in
the surface ocean and oxidized by bacteria in the ocean interior releases DIC and
lowers the carbonate ion concentration of deep water. This affects the burial rate of
CaCO3 in the sea¯oor sediments, which further modi®es the pCO2 of surface waters
through its effect on the whole-ocean CaCO3 balance (dashed arrows).

caused by an identical cooling of the low-latitude surface. A reasonable estimate for ice age ocean cooling of 2.5 8C in the polar surface
and 5 8C in the low-latitude surface leads to a CO2 decrease of 30
p.p.m.v., with the low-latitude and polar temperature changes
playing roughly equivalent roles in this decrease. It has recently
been noted that ocean general circulation models predict a greater
sensitivity of CO2 to low-latitude surface conditions than do simple
ocean box models like CYCLOPS17. However, the signi®cance of this
observation is a matter of intense debate.
An opposing effect on atmospheric CO2 to that of glacial/
interglacial temperature change is provided by the increased
salinity of the glacial ocean, due to the storage of fresh water on
land in extensive Northern Hemisphere ice sheets. Based on the
approximately 120 m depression of sea level during the last ice
age18, the whole ocean was about 3% saltier than it is today. All
else being constant, this increase would have reduced the solubility
of CO2 in sea water and raised atmospheric CO2 by 6.5 p.p.m.v.
Taking the estimated temperature and salinity effects together, we
would expect the atmospheric CO2 concentration of the ice age
world to have been 23.5 p.p.m.v. lower. Folding in the effect of a
500 Pg C transfer from the continents to the ocean/atmosphere
system, we are left with an 8.5 p.p.m.v. decrease in CO2 (Table 1).
There are uncertainties in each of these effects, but it seems that
most of the 80±100 p.p.m.v. CO2 change across the last glacial/
interglacial transition must be explained by other processes. We
must move on to the more complex aspects of the ocean carbon
cycle.
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Ocean carbon cycle

Upon dissolution in sea water, inorganic carbon maintains an acid/
base equilibrium:
CO2 gas $ CO2 aqueous
$ H2 CO3 $ H  HCO32 $ 2H  CO23 2
Dissolved inorganic carbon (DIC) is de®ned as the sum of these
different inorganic carbon species, excluding gas phase CO2. The
distribution of inorganic carbon among the above species depends
on both the DIC concentration and the acid-titrating capacity of sea
water, which we refer to as `alkalinity' (ALK), the total equivalence
of ions that must be protonated in order to lower the pH of sea water
to the pKa of carbonic acid (Fig. 3). If DIC increases while ALK
remains constant, the proportion of the DIC pool present as
carbonic acid and aqueous CO2 increases. In addition, there is
more inorganic carbon to partition among the different inorganic
carbon species. Hence, pCO2 increases as DIC increases. As ALK
increases, the inorganic carbon reservoir is shifted away from
aqueous CO2, resulting in a lower pCO2.
The DIC and ALK of surface water are determined by two types of
carbon cycle responses to oceanographic change, which can be
referred to as `closed-system' and `open-system' responses. Closedsystem responses redistribute DIC and ALK among the different
volumes of the ocean. Open-system responses change the sizes of
the whole-ocean reservoirs of DIC and ALK, through temporary
imbalances between their input from weathering of calcium carbonate (CaCO3) on the continents and their output by the burial of
biogenic calcium carbonate in the ocean. The ®rst geochemical
hypotheses for the cause of glacial/interglacial CO2 changes generally fell into two categories, based on whether they elicited a
closed-system or open-system carbon-cycle response. Closedsystem hypotheses focused on the `biological pump', the sequestration of inorganic carbon in the deep ocean by photosynthesis in the
sunlit surface and the subsequent rain of organic carbon out of the
upper ocean19. Open-system hypotheses focussed on carbonate
weathering and coral reef growth20. We have come to recognize
that many geochemical changes, especially those involving the
biological pump, would affect both the gradients and the reservoir
sizes of ALK and DIC in the ocean, so that both closed- and opensystem responses must be considered21.

Ocean alkalinity

Alkalinity is added to the ocean largely by the weathering of
emergent carbonates on land, and it is removed largely by the
biogenic precipitation and burial of CaCO3, in shallow coral reefs
and carbonate banks, and in deep-sea sediments22. A complete
treatment of ocean alkalinity would also include the input of
alkalinity by the weathering of silicates on land and the consumption of alkalinity in the ocean by hydrothermal activity23 and `reverse
weathering'24. However, on the timescales of glacial/interglacial
transitions, it is believed that our view can be restricted to the
input/output balance of CaCO3. In reef environments, much of the
buried CaCO3 is precipitated in situ by corals and benthic algae as
the mineral aragonite. In the open ocean, most CaCO3 is precipitated as the mineral calcite in the microfossils of two groups of
marine plankton, coccolithophorids and planktonic foraminifera.
This CaCO3 subsequently rains out of the surface ocean along with
Table 1 Atmospheric CO2 effects of known changes
Condition during the last ice age
(as different from Holocene)

CO2 change
(p.p.m.v.)

.........................................................................................................................................................................

Terrestrial carbon decrease (500 Pg C)
Ocean cooling (58 low latitude, 2.58 high latitude)
Ocean salinity increase (3%)

15
-30
6.5

.........................................................................................................................................................................

Total CO2 change

-8.5

.........................................................................................................................................................................
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sinking organic matter. Roughly 75% of the CaCO3 rain dissolves in
the deep sea, while the remaining 25% is buried in deep sea
sediment and is thus removed from the ocean reservoir (Fig. 2).
When weathered or buried, CaCO3 adds or removes two equivalents
of ALK per mole of DIC.
The balance between the input of alkalinity from the continents
and the removal of alkalinity in sediments is maintained by the
distribution of CaCO3 burial in the deep sea, and this distribution
also provides us with a powerful constraint on ocean alkalinity
changes over glacial/interglacial cycles. Deep sea CaCO3 burial is
mediated by the depth of the `calcite lysocline,' the transition
separating shallower sea¯oor sediments where some calcite is
preserved from deeper sea¯oor sediments where almost all of the
calcite rain dissolves25,26. One of the primary controls on the depth
of the lysocline is the calcite saturation depth, the depth at which
the carbonate ion concentration of bottom water, [CO23 ]bw, equals
the carbonate ion concentration at calcite saturation, [CO23 ]sat,
occurring on average at 3.5 km depth27. Because calcite solubility
increases with depth (a pressure effect), the water bathing the sea
¯oor above the saturation depth is supersaturated, causing the
preservation and eventual burial of CaCO3 on the shallow sea ¯oor,
while water deeper than the saturation depth is undersaturated,
dissolving the calcite rain and thus preventing CaCO3 burial on the
deeper sea ¯oor.
Because of its effect on the calcite burial rate, the response of the
lysocline to a change in [CO23 ]bw represents a negative feedback
which drives deep-sea calcite burial towards a balance with the input
of alkalinity from the continents28. For example, an increase in the
weathering of limestone and other carbonate-bearing rocks on land
(or similarly a decrease in coral reef growth in the shallow ocean)
increases the whole ocean inventories of ALK and DIC in a 2:1 ratio.
This inventory change causes a decrease in atmospheric CO2 (Fig. 3).
However, this increase in oceanic alkalinity also causes an increase
2in deep ocean [CO23 ] (according to the relation D[CO3 ] <
0.6D(ALK - DIC)), which in turn deepens the calcite saturation
horizon. This deepening of the saturation horizon deepens the
lysocline, which increases the area of sea ¯oor where CaCO3 is
buried, so that the CaCO3 burial rate once again comes into balance
with the rate of alkalinity input from rivers, and atmospheric pCO2
stabilizes at a lower value.
Thus, the history of the mean lysocline depth provides a palaeoceanographic constraint on ocean alkalinity changes. An increase in
carbonate weathering on land would deepen the lysocline by 1 km
for every ,25 p.p.m. decrease in atmospheric pCO2 that it would
cause. This requires that the lysocline must have been deeper by
more than 2 km during the last ice age for a change in the input of
alkalinity to have played a dominant role in glacial/interglacial CO2
changes. Data on sea¯oor CaCO3 content suggest that the oceanaverage lysocline of the last ice age was less than 1 km deeper than
that of the Holocene29. This ®nding invalidates hypotheses that call
upon increased weathering or decreased coral reef growth as the
primary driver of lower ice age levels of atmospheric CO2 (ref. 30).
An alternative mechanism for changes in ocean alkalinity involves
the biological production of CaCO3 microfossils. The low-latitude
ocean (the combined equatorial, tropical, and subtropical regions),
where the CaCO3/Corg ratio of the biogenic rain is roughly 1:4, is
responsible for most deep-sea calcite burial29. We might expect the
CaCO3/Corg rain ratio of the low-latitude ocean to have been lower
during the last ice age if organic carbon export production rates
were higher or more sporadic, amongst other possibilities31.
Decreasing the CaCO3/Corg rain ratio of the low-latitude ocean
drives a decrease in atmospheric CO2, partly by leaving a larger
fraction of the ocean's alkalinity reservoir in the surface ocean,
where it enhances CO2 solubility (a closed-system effect)31, and
partly by decreasing deep-sea CaCO3 burial, which causes the whole
ocean alkalinity reservoir to increase (an open-system effect)32. In
the CYCLOPS ocean geochemistry model16, assuming that only
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bottom water undersaturation causes calcite dissolution on the sea
¯oor27, a halving of the CaCO3/Corg rain ratio causes atmospheric
CO2 to decrease by about 55 p.p.m.v., with 35 p.p.m. of this change
arising from an increase in whole ocean alkalinity (Fig. 4)33. This
whole ocean alkalinity change can be parsed into two separate
effects. The ®rst is `CaCO3 compensation'21, in which the closedsystem redistribution of ALK and DIC by the change in rain ratio
causes a `dissolution event' in the deep sea, reducing the depth of the
lysocline (and thus the whole-ocean burial rate of CaCO3) for a
transient period (Fig. 4). The second open-system effect, which we
call the `steady-state lysocline shift'33, is that the decrease in the rain
rate of CaCO3 to the sea ¯oor in itself causes the burial rate of
CaCO3 to fall below the continental input rate of dissolved CaCO3.
This, in turn, causes ocean alkalinity to increase until the lysocline
has deepened enough to allow for CaCO3 burial to once again
balance the continental input of alkalinity.
The 55 p.p.m.v. decrease in CO2 due to this rain ratio change is
signi®cant relative to the observed glacial/interglacial variability of
atmospheric CO2. However, the record of deep sea calcite preservation provides a critical sticking point, just as it did with respect to
an increase in the continental sources of alkalinity. The CO2
decrease is associated with an ocean-average 1.1-km deepening of
the calcite saturation horizon (Fig. 4) owing to the decrease in the

Figure 4 The time-dependent response of the CYCLOPS model to a sudden halving in
the CaCO3/Corg ratio of the export ¯ux out of the low-latitude surface ocean33. The lowlatitude surface ocean comprises the equatorial, tropical and subtropical oceans. a,
Atmospheric CO2, for both `closed' and `open' system cases. b, Depth of calcite
saturation (and the lysocline) in the open-system case. In the closed-system case, all
of the CaCO3 rain is dissolved in the ocean subsurface, with no burial, and there is no
continental source of dissolved CaCO3. In the open-system case, which is more
realistic, CaCO3 is buried on the deep sea ¯oor, and there is a continental input of
dissolved CaCO3. The closed-system output has been offset to start at the same initial
pCO2 as the open-system case (280 p.p.m.v.). The closed-system effect of the CaCO3/
Corg rain ratio decrease is to extract less alkalinity from the surface ocean, which
causes a 20 p.p.m.v. decrease in atmospheric CO2 within hundreds of years. In the
open-system case, the CaCO3/Corg rain ratio decrease causes CaCO3 burial to
decrease below the input rate of alkalinity from the continents, both because of a
transient dissolution event (evident as the early shoaling of the calcite saturation
horizon, b) and because of a permanent decrease in the CaCO3 rain rate onto the sea
¯oor. Due to both of these effects, ocean alkalinity increases, which causes the pCO2 of
surface water to decrease, so that atmospheric CO2 decreases more in the opensystem case than in the closed-system case (a). The whole-ocean alkalinity increase
associated with the permanent decrease in the CaCO3 rain rate, while contributing to
the decrease in atmospheric CO2, also causes the deep-ocean carbonate ion
concentration to increase through time, so that the calcite saturation horizon deepens.
This deepening increases the area of sea ¯oor on which CaCO3 is preserved and
buried so that global-ocean CaCO3 burial increases back to equality with the river
input of alkalinity, resulting in a new steady state with a deeper saturation horizon and
lysocline. The model used here assumes that the carbonate ion concentration of deep
water is the dominant control on the depth distribution of calcium carbonate burial in
sea¯oor sediments (see text).
NATURE | VOL 407 | 19 OCTOBER 2000 | www.nature.com

CaCO3 rain rate to the sea ¯oor. The compiled data indicating a
smaller difference in the ocean-average lysocline depth between the
modern and glacial oceans29 argue against a glacial decrease in the
CaCO3/Corg ratio as the sole driver of lower glacial CO2 levels. What
is needed to explain glacial/interglacial CO2 variability is a mechanism to lower atmospheric CO2 without causing a large deepening of
the steady-state lysocline.
Early research demonstrated that the degree of seawater saturation with respect to calcite is a dominant control on sea¯oor CaCO3
preservation. The observed correspondence of the lysocline depth
with the depth of calcite saturation helped lead to this conclusion27.
However, continued studies of sea¯oor dissolution have indicated
that pore water undersaturation due to oxidation of organic matter
within the sediments is also a signi®cant driver of calcite dissolution
(ref. 34 and references in ref. 35). The effect of sedimentary
respiration on sea¯oor calcite dissolution ampli®es the capacity of
a decrease in the CaCO3/Corg ratio of low-latitude biological
production to lower atmospheric CO2 (ref. 30). When this `respiratory dissolution' is included in an ocean geochemistry model,
halving the CaCO3/Corg ratio causes an atmospheric CO2 decrease
comparable to the glacial/interglacial change. The greater CO2
decrease is due to enhancement of the whole ocean alkalinity
increase when respiratory dissolution is included in the sea¯oor
dissolution model. One of the recognized requirements of this
mechanism as a hypothesis for glacial/interglacial CO2 changes is
that the deepening of the calcite saturation horizon associated with
this alkalinity increase would not be evident in the record of the
glacial lysocline. In other words, it requires that the depth of
lysocline did not correspond to the calcite saturation depth
during glacial times. Instead, the lysocline must have occurred in
supersaturated waters, representing the transition point at which
bottom water supersaturation was low enough for respired CO2 in
sedimentary pore waters to drive almost complete dissolution of the
calcite in the sediment.
When the CaCO3/Corg rain ratio is lowered in a range of models of
sea¯oor calcite dissolution, however, respiratory dissolution does
not effectively decouple the lysocline from the saturation depth
until both are quite deep, so that a major deepening in the calcite
saturation horizon would have been accompanied by a deepening of
the lysocline33. The strong coupling between the lysocline and the
saturation horizon results from the weak depth dependence of
respiratory dissolution, relative to that of dissolution driven by
bottom water undersaturation. With enhanced respiratory dissolution, calcite burial rates become less depth-dependent, with proportionally more dissolution occurring on the shallow sea ¯oor.
With less CaCO3 burial on the sea ¯oor of the shallow and middepth ocean, there must be an increase in CaCO3 burial rates in the
deeper ocean, and thus a deepening of the lysocline, to balance the
river input of alkalinity. Thus, the relatively constant ocean-average
lysocline depth remains as evidence against a glacial decrease in the
CaCO3/Corg ratio as the sole driver of lower ice age CO2 levels.
Although sea¯oor CaCO3 dynamics may have surprises in store for
us, there are reasons to doubt the role of whole-ocean alkalinity
changes as the sole driver of glacial/interglacial CO2 change.
Nevertheless, most biological pump mechanisms for lowering
atmospheric CO2 also drive a change in whole-ocean alkalinity (see
below), and in some cases, this contributes signi®cantly to their
capacity to lower atmospheric CO2. The alkalinity changes which
are most `helpful' in this regard are due to CaCO3 compensation21,
in which the oceanic redistribution of ALK and DIC causes a
transient dissolution event, rather than a shift in the steady-state
depth of the lysocline. This prevents violation of the palaeoceanographic constraint on the steady-state depth of the lysocline.

The ocean nutrient reservoir and low-latitude productivity

Broecker19 ®rst hypothesized a glacial increase in the strength of the
biological pump as the driver of lower glacial CO2 levels. This
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hypothesis has spawned many variants. These mechanisms can be
separated into two groups: (1) those involving changes in the lowand mid-latitude surface ocean, where the major nutrients nitrate
and phosphate ultimately limit the extraction of CO2 by biological
production; and (2) those involving changes in the polar and
subpolar ocean regions, where the major nutrients are currently
not completely consumed. In either case, the relevant quantity is
`export production', the organic matter produced by phytoplankton
that is exported from the surface ocean, resulting in the sequestration of its degradation products (inorganic carbon and nutrients) in
the ocean interior.
Biological production in the ocean tends to incorporate phosphate, nitrate, and inorganic carbon into biomass in the ratios of
1:16:106 (the `Red®eld ratios'36). These ratios determine the amount
of inorganic carbon sequestered in the deep sea when the supply of
nutrients to the surface is completely converted to export production, as is the case in the low- and mid-latitude ocean. For lowlatitude carbon export to extract more CO2 from the surface ocean
and atmosphere, it must be driven by an increase in the deep-ocean
nutrient reservoir and/or a change in the composition of the export
production.
Broecker19 and McElroy37 described possible mechanisms by
which the reservoirs of phosphate and nitrate might increase
during glacial times, which would allow enhanced low-latitude
biological production to lower atmospheric CO2. However, it was
recognized that large changes in nutrient reservoirs would be
required to produce the entire observed amplitude of CO2
change. In the modern polar oceans, biological production is
limited by parameters other than the supply of phosphate or
nitrate38. Therefore, it seems most reasonable to assume that highlatitude production would not respond to an increase in these
nutrients. Making this assumption, box model calculations33 indicate that the immediate effect of 30% increase in the oceanic
nutrient reservoir, enhanced extraction of CO2 from the surface
ocean and its sequestration in the deep sea, lowers atmospheric CO2
by 30±45 p.p.m.v. (Table 2).
The longer-term effect on CO2 from the ocean alkalinity balance
depends greatly on whether CaCO3 export increases in step with
Corg export33. If CaCO3 export increases proportionately with Corg
export, the increase in the CaCO3 ¯ux to the sea ¯oor causes a loss
of alkalinity from the ocean over 5±10 kyr, which works to raise
atmospheric CO2. As a result, the net drop in CO2 from a 30%
increase in the oceanic major nutrient reservoir would be only 15±
25 p.p.m.v. (Table 2)33. However, if CaCO3 production remains
constant as Corg production increases, an increase in the oceanic
nutrient reservoir is much more effective at lowering atmospheric
CO2. In this case, a 30% increase in the oceanic nutrient reservoir
lowers atmospheric CO2 by approximately 50 p.p.m.v. (Table 2),
and an increase of more than 50% could lower atmospheric CO2 by
80 p.p.m.v.33. The increase in the ocean nutrient reservoir required
for an 80 p.p.m.v. decrease in CO2 could be lowered from 50% to
perhaps 30±40% by a coincident decrease in CaCO3 export that was
modest enough not to violate observations of the glacial-age
lysocline depth33. Nevertheless, even a 30% increase in oceanic
nutrients and in low- and mid-latitude export production would
be a dramatic change.
Table 2 Atmospheric CO2 effects of a 30% increase in the ocean nutrient
inventory
CaCO3 production
Carbon cycle effect

Proportional

Constant

Closed system effects
Open system effects
CaCO3 compensation
Steady state lysocline shift

-34

-43

6
11

-3
0

Total CO2 change (p.p.m.v.)

-17

-46
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.........................................................................................................................................................................
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Given a residence time of 16 kyr or more for oceanic phosphate
and few appropriate mechanisms for phosphate addition and
removal39, it is dif®cult to imagine how oceanic phosphate could
vary so as to cause the observed amplitude, rate and phasing of
atmospheric CO2 change40. On the other hand, there is growing
evidence that the nitrogen cycle is adequately dynamic to allow for a
large change in the oceanic nitrate reservoir on glacial/interglacial
timescales41. Nitrogen isotope studies in currently active regions of
denitri®cation42±44 indicate that water column denitri®cation was
reduced in these regions during glacial periods. In addition,
Falkowski45 has suggested that N2 ®xation rates were greater
during glacial periods because of increased airborne supply of
iron-bearing dust to the open ocean (iron being an important
requirement for N2 ®xation). Both of these hypothesized changes, a
decrease in water column denitri®cation and an increase in N2
®xation, would have increased the oceanic nitrate reservoir. It has
been suggested that such a nitrate reservoir increase would lead to
signi®cantly higher export production in the open ocean during
glacial periods, potentially explaining glacial/interglacial atmospheric CO2 changes37,40,42,45.
The major questions associated with this hypothesis involve the
oceanic reservoir of phosphate, the feedbacks of the nitrogen cycle,
and the strictness with which marine organisms must adhere to the
Red®eld ratios, both N/P and C/N. Oceanic N2 ®xation provides a
mechanism to add ®xed nitrogen to the ocean when the other
nutrients are present in adequate supply. By contrast, riverine input
of phosphorus, the major source of phosphate to the ocean, is not
directly controlled by marine phytoplankton. As a result, geochemists have traditionally considered phosphate to be the fundamentally limiting major nutrient on glacial/interglacial timescales46. For
a nitrate reservoir increase to be the sole driver of an increase in lowlatitude biological production, the nutrient requirements of the
upper-ocean biota must be able to deviate from Red®eld stoichiometry to adjust to changes in the N/P ratio of nutrient supply, so as
to use the added nitrate fully in the absence of added phosphate. On
the other hand, if this compensatory shift in biomass composition is
incomplete, the surface ocean will tend to shift toward phosphate
limitation.
It was originally suggested by Red®eld36, based on analogy with
freshwater systems, that N2 ®xers in the open ocean will enjoy
greater competitive success under conditions of nitrate limitation
but will be discouraged in the case of phosphate limitation. If this
sensitivity exists, then one would expect N2 ®xation to act as a
negative feedback on the nitrate reservoir, varying so as to prevent
large changes in the nitrate reservoir that are not associated with a
coincident change in the phosphate reservoir47. On the grand scale,
this feedback must occur to prevent drastic swings in the oceanic
nitrate reservoir. However, the quantitative constraint that this
negative feedback places on the global nitrate reservoir is not yet
known, with one suggested possibility being that iron is so important to N2 ®xers that changes in its supply can, within some limits,
overpower the nitrate/phosphate sensitivity described by Red®eld,
leading to signi®cant variations in the nitrate reservoir over time45.
Biogeochemical studies of the modern ocean48 and the palaeoceanographic record49 are both likely to play a role in the evaluation of
these questions regarding Red®eld stoichiometry and N2 ®xation,
which are, in turn, critical for the hypothesis of the low-latitude
biological pump as the driver of glacial/interglacial CO2 change.
A number of palaeoceanographic studies suggest that export
production was greater in low-latitude regions during ice ages50,51.
However, proxy data for nutrient utilization52 and pH53 suggest that
these changes were driven at least partially by enhanced upwelling,
masking any potential sign of a change in the oceanic nutrient
reservoir. Nutrient consumption is eventually complete in the
modern low-latitude surface ocean, so that inorganic carbon is
already stripped to the greatest possible degree, given the oceanic
nutrient reservoir and the Red®eld ratios. Vertical mixing and
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upwelling supply excess inorganic carbon to the surface ocean in
approximately Red®eld proportions with the major nutrients, so
that an increase in upwelling would increase the rate of export
production from the surface ocean but would not enhance the
extraction of DIC from the surface ocean. Increased export production driven by higher rates of vertical mixing or upwelling would
only play a role in lowering atmospheric CO2 if it caused a change in
the chemical composition of the exported organic material (such as
a decrease in its CaCO3/Corg ratio, as described above).

Nutrient utilization and high latitudes

Soon after Broecker's19 low-latitude-based hypothesis, several
groups54±56 recognized the potential importance of the high-latitude
surface ocean for glacial/interglacial CO2 change, through its effect
on the global ef®ciency of the biological pump. The thermocline of
the world ocean outcrops at subpolar latitudes, allowing deep
waters more ready access to the surface in the polar regions. In
these regions, the nutrient-rich and CO2-charged waters of the deep
ocean are exposed to the atmosphere and returned to the subsurface
before the available nutrients are fully utilized by phytoplankton for
carbon ®xation. This incomplete use of upwelled nutrients allows
for the leakage of deeply sequestered CO2 back into the atmosphere,
raising the atmospheric pCO2 (Fig. 5). On this basis, increased
nutrient utilization in the high-latitude surface ocean has been
invoked as the cause of the lower atmospheric pCO2 of glacial
times16,54±58.
With regard to their nutrient status, it can be shown that surface
ocean regions that ventilate the ocean subsurface have particular
importance for atmospheric CO2 (Fig. 5). Brie¯y, this involves the
integrated potential of global ocean nutrient stocks to drive carbon
sequestration as the water holding these nutrients cycles through
the surface ocean and drives biological export production. The
`Southern Ocean' (the high-latitude ocean of the Southern Hemisphere) ventilates large volumes of the ocean interior, making its
variations in nutrient utilization a potentially important driver of
glacial/interglacial CO2 change (Fig. 6a). The Antarctic zone, the
most polar region in the Southern Ocean, is central in the formation
of deep and intermediate-depth waters (Fig. 6b), making this region
important to the atmosphere/ocean CO2 balance. The subantarctic
zone (to the north of the Antarctic) has a less clear effect on
atmospheric CO2, depending on the degree to which the nutrient
status of the subantarctic surface in¯uences the preformed nutrient
concentration of newly formed subsurface water (Antarctic intermediate water and subantarctic mode water, Fig. 6b). In contrast to
polar surface waters, the importance of the nutrient status of the
low-latitude upwelling systems to atmospheric CO2 does not extend
to glacial/interglacial timescales because these regions do not
ventilate the ocean interior. Put another way, nutrients upwelled
in these environments are eventually consumed before the water
holding them is folded back into the ocean interior, so nutrient
utilization is complete today and would have been so during the last
ice age as well.
In hypotheses of a change in Southern Ocean nutrient utilization,
two causes have been considered: an increase in biological export
production and a decrease in the exposure rate of deep waters at the
polar surface. We might consider the ®rst mechanism `biological'
and the second `physical'. However, an increase in nutrient utilization by either mechanism requires certain sensitivities of the
biological productivity in Southern Ocean surface waters. Speci®cally, both mechanisms would require that export production in the
modern Southern Ocean is limited by something other than the
major nutrients nitrate and phosphate that are supplied by the
upwelling of deep water. Indeed, both light and trace metals such as
iron are scarce commodities in the Southern Ocean38. We can easily
imagine processes that would have increased Southern Ocean
nutrient utilization by either of the two mechanisms mentioned
above. For instance, an increase in the input of dust and its
NATURE | VOL 407 | 19 OCTOBER 2000 | www.nature.com

associated trace metals to the Southern Ocean might have driven
an increase in the rate of nutrient and carbon uptake by
phytoplankton58. Alternatively, a strengthening of salinity-driven
strati®cation in the Antarctic or a decrease in wind-driven upwelling
in this region could have lowered the rate of nutrient and CO2
transport to the surface59.
With respect to rates of biological export production, palaeoceanographic work in the Southern Ocean indicates that the Antarctic and
subantarctic have responded very differently to glacial/interglacial
cycles. In the modern Antarctic, export production is dominated by
diatoms, a group of phytoplankton that precipitate tests of hydrated
silica, and these microfossils are frequently the dominant component
of the underlying sediments. The accumulation of diatomaceous
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Figure 5 The effect on atmospheric CO2 of the biological pump in a region of deepocean ventilation. Deep water is nutrient- and CO2-rich because of the lower-latitude
biological pump, which sequesters both nutrients and inorganic carbon in the ocean
interior; the major nutrients nitrate and phosphate are represented here as nitrate
(NO-3 ) only. In high-latitude regions such as the Antarctic, the exposure of deep water
at the surface releases this sequestered CO2 to the atmosphere. However, the uptake
of nutrients and CO2 in the formation of phytoplankton biomass and the eventual
export of organic matter subsequently lowers the pCO2 of surface waters, causing the
surface layer to reabsorb a portion of the CO2 that was originally lost from the
upwelled water. Thus, the ratio between export production and the ventilation of
CO2-rich subsurface water, not the absolute rate of either process alone, controls the
exchange of CO2 between the atmosphere and high-latitude surface ocean. The
nutrient concentration of water at the time that it enters the subsurface is referred to
as its `preformed' nutrient concentration. The preformed nutrient concentration of
subsurface water provides an indicator of the cumulative nutrient utilization that this
water underwent while at the surface, with a higher preformed nutrient concentration
indicating lower cumulative nutrient utilization at the surface and thus a greater `leak'
in the biological carbon pump. The global ef®ciency of the biological pump can be
evaluated in terms of the global mean preformed nutrient concentration of the ocean
interior. In the calculation of this mean preformed nutrient concentration, each
subsurface water formation term is weighted according to the volume of the ocean
that it ventilates, because this corresponds to the amount of CO2 that could be
sequestered in a given portion of the ocean interior. As a result, surface ocean regions
that are important in the ventilation of the ocean interior, such as the Antarctic, have
particular importance for atmospheric CO2. This simple view overlooks some
important facts. For instance, ocean/atmosphere CO2 exchange is not instantaneous68, and variations in the chemical composition of export production also affects
the pCO2 of surface waters, as does sea surface temperature.
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sediments in the Antarctic was clearly lower during the last ice age60,
and palaeoceanographic indicators also suggest that the biological
export of carbon was lower in general59,61.62. However, given a
possible bias in the proxies to record preferentially the carbon
export associated with diatoms, it remains possible that the biological export of carbon from the glacial Antarctic surface was as high
as or higher than export during interglacial times but that it
occurred in a form that was poorly preserved in the sediment
record64,65. In the subantarctic, there is very strong evidence for
higher export production during glacial times and an associated
increase in the relative importance of diatom production59±61. While
these changes in export production are critical to the workings of
the ice age Southern Ocean, they do not directly address the effect
on atmospheric CO2, which is largely determined by the history of
nutrient utilization (Fig. 5).
In the Antarctic, nitrogen isotope data suggest that nitrate
utilization during the last ice age was twice or more its current
value59,66. These results seem to support the longstanding hypothesis
that nutrient utilization changes in Antarctic waters are a fundamental driver of glacial/interglacial changes in atmospheric pCO2. A
box model calculation predicts that 25±40% higher nitrate utilization (that is, 50±65% during the last ice age compared to 25%
during the present interglacial) could lower atmospheric CO2 by the
full glacial/interglacial amplitude66. According to the model calculation, a signi®cant part of this CO2 change is due to an increase in
ocean alkalinity, and this model calculation may underestimate its
importance67. In addition, a glacial increase in wintertime sea ice
coverage may have worked to lower atmospheric CO2 by preventing
gas exchange during this season68, when Antarctic surface water is
more likely to be supersaturated with CO2. Because palaeoceanographic proxy data suggest that Antarctic export production was
lower during the last ice age, we infer that more complete nitrate
utilization in the Antarctic was due to a lower rate of nitrate supply
from the subsurface, implying that the fundamental driver of the
CO2 change was an ice age decrease in the ventilation of deep waters
at the surface of the Antarctic59.
The interpretation from nitrogen isotopes of higher nitrate
utilization in the Antarctic faces a number of apparent disagreements with other proxies of nutrient status, in particular, the Cd/Ca
(refs 69, 70) and 13C/12C (ref. 71) of planktonic foraminiferal calcite.
The Cd/Ca of surface water varies predictably with its nutrient
content69,72. The same is roughly true of the 13C/12C of surface DIC,
although with the additional in¯uence of gas exchange73. Measurements of these ratios in planktonic foraminifera indicate no clear
decrease in the nutrient concentration of Antarctic surface water
during the last ice age, while such a decrease would have been
expected on the basis of the nitrogen isotope data, assuming no
major changes in the nutrient concentration of the Antarctic
subsurface (Fig. 5). Unfortunately, each of the palaeochemical
proxies has signi®cant uncertainties. In the case of nitrogen isotopes, concerns currently revolve around the controls on the isotope
fractionation of nitrate uptake by phytoplankton74,75. Foraminiferal
proxies for surface conditions also have potential complications13,72,76, with the water depth of shell growth77 being one of
the greatest concerns for the Antarctic, a region with the potential
for very sharp vertical gradients within the upper water column.
Dissolved silicate is a major nutrient for diatom growth because
of the silica tests that these phytoplankton precipitate. Much like
nitrate and phosphate, silicate is nearly completely depleted in the
low-latitude surface ocean but is found at higher concentrations in
the Antarctic. The silicon isotopic composition of diatom microfossils implies that there was a reduction in Antarctic silicate
utilization during the last ice age78, in contrast to the evidence for
enhanced nitrate utilization. While this may indicate a disagreement
among proxies, the alternative is that the difference signals a real
oceanographic change. Field observations, incubations and culture
studies79,80 indicate that iron-replete conditions (such as may have
866

resulted from the dustiness of the ice age atmosphere81) favour a
higher nitrate/silicate uptake ratio in diatoms. Taking both the
nitrogen and silicon isotope data at face value implies that the
nitrate/silicate uptake ratio of phytoplankton was higher during the
last ice age, leading to lower nitrate but higher silicate concentrations in the glacial Antarctic surface relative to modern times78. If
the change in uptake ratio was great enough, it may actually have
removed the tendency for preferential depletion of silicate relative
to nitrate that is observed in the modern Southern Ocean surface.
In the subantarctic, planktonic foraminiferal Cd/Ca and the
13 12
C/ C of diatom-bound organic matter both show changes that
are consistent with an ice age state of higher nutrient utilization62,82.
However, the consideration of proxy complications may argue
against such a change72. The signi®cance of the nitrogen isotope
data for the glacial subantarctic is uncertain. On the one hand, bulk
sediment nitrogen isotope records from the subantarctic can be
interpreted as suggesting lower utilization during the last ice age,
perhaps due to an increase in the supply of nutrients from below59.
On the other hand, isotopic measurements of nitrate in the modern
Southern Ocean indicate that downcore nitrogen isotope changes in
the subantarctic may instead represent a shift in the nitrate source to
the subantarctic surface, with the Antarctic surface providing most
of this nitrate during interglacial times, but the subantarctic
thermocline becoming the dominant nitrate source during glacial
periods75. This latter interpretation has some merit in its consistency
with the Antarctic nitrogen isotope data. If Antarctic nitrate
utilization was higher during glacial times as suggested above,
then the Antarctic surface would have had less nitrate to transport
into the subantarctic surface, making other sources of nitrate
proportionally more important.
In spite of the many uncertainties and con¯icts, we propose a
hypothesis for the Southern Ocean during the last ice age which
would explain lower glacial atmospheric CO2 concentrations
through reduced deep-water ventilation and enhanced nutrient
utilization (Fig. 6c and d). In this hypothesis, a cooler climate
caused a northward shift in the belt of eastward winds that drives
upwelling and northward surface ¯ow in the modern Antarctic.
This shift caused a decrease in the upwelling of deep water into the
Antarctic surface83, replacing it with upwelling of intermediatedepth water into the subantarctic surface. The hypothetical glacial
Antarctic, because of reduced wind-driven upwelling, was able to
develop a stable, fresh, frequently ice-covered surface layer84, further
reducing deep-ocean ventilation in the open Antarctic. These
changes in circulation resulted in a lower rate of nutrient supply
to the Antarctic surface59 and reduced CO2 outgassing67,68.
From interglacial to glacial times, export production in the
Antarctic decreased less than did the supply of nitrate and phosphate from below, that is, nutrient utilization increased during
glacial times66. This response may indicate that the iron limitation of
modern Antarctic phytoplankton was alleviated during glacial times
by the increase in dust deposition from the continents58,81. Dissolved
silicate may have been decoupled from nitrate and phosphate
changes78, owing to more frugal use of silicate by diatoms79,80 and
the possible importance of non-diatom phytoplankton in the glacial
Antarctic64.
The hypothetical glacial subantarctic was more productive,
perhaps also because of an increased supply of iron from dust61.
Subantarctic utilization of nitrate and phosphate may have
increased62,82 due to a combination of higher export production
and a reduction in the supply of these nutrients from the Antarctic
surface. However, increased nutrient supply from the thermocline
below the subantarctic surface may have worked against such a
change59.
Higher utilization of nitrate and phosphate across the Antarctic
and perhaps also the subantarctic lowered atmospheric pCO2, with
the Antarctic dominating this effect because of the large volume of
the ocean that it currently ventilates67. The reduced supply of nitrate
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and phosphate from the Antarctic to the subantarctic represented a
decrease in one of the most important routes by which these
nutrients are fed from the cold, deep ocean into the mid-depth
and upper ocean. In addition, the high export production of the
glacial subantarctic may have worked to pump nutrients and DIC
out of upper and mid-depth ocean by producing rapidly sinking
particles that persist into the deep ocean (Fig. 6d). As a result, the
nutrient content of the mid-depth ocean decreased while its oxygen
content increased16,42±44,85±87. This change was balanced by an
increase in nutrient content and a decrease in oxygen content in
the abyssal ocean59,85, as well as a calcite dissolution event in the
abyssal ocean at the onset of ice ages, which further reduced the
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atmospheric pCO2 (refs 66, 67, 88). Since North Atlantic Deep Water
formation and Antarctic upwelling are coupled in the modern
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with the evidence for less North Atlantic Deep Water formation
during the last ice age91. The proposed upwelling of intermediatedepth waters into the glacial subantarctic surface is akin to a
shoaling of modern Southern Ocean overturning, with new intermediate-depth waters being supplied from the North Atlantic99 and/
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Figure 6 The modern ocean (a, b) and a Southern Ocean-based hypothesis for reduced levels of atmospheric CO2 during glacial times (c, d). The ®gure shows a generalized depth
section running from north to south (a, c) with an expanded view of the Southern Ocean (b, d). The north±south and vertical components of ocean circulation are shown (black ¯ow
lines in a and c, blue in b and d). The blue shading in a and c indicates changes in the intensity of circulation between modern and ice-age times, with the lighter shade
representing more vigorous circulation, illustrating the hypothesis that ice-age circulation was less vigorous in the cold, dense, deep ocean but more vigorous in the warmer, less
dense, upper ocean. In the modern ocean (a, b), circulation of the interior can be characterized as follows. New deep water forms in the high-latitude North Atlantic (North Atlantic
Deep Water, NADW). NADW ¯ows south and mixes with other deep waters (including Antarctic Bottom Water, AABW) to generate Circumpolar Deep Water (CDW). Eastward winds
(orange circled cross) over the Polar Frontal Zone (PFZ) drive upwelling of CDW into the Antarctic surface, releasing deep-sequestered CO2 to the atmosphere (upward red arrow in
a). Antarctic surface water ¯ows northward to the PFZ, where it sinks into the subsurface as Antarctic Intermediate Water (AAIW) or mixes with subantarctic surface water, some of
which forms Subantarctic Mode Water (SAMW). The biological production and export of organic matter (green arrows) extracts nutrients and inorganic carbon from surface waters,
causing the nitrate concentration ([NO-3 ]) of the Antarctic surface (, 25 mM), the subantarctic surface (0±20 mM), and newly formed AAIW and SAMW (, 30 and , 15 mM,
respectively) to be lower than that of the CDW that was originally upwelled (, 35 mM). AAIW and SAMW ventilate the mid-depth ocean and supply nutrients to the lower-latitude
surface. This nutrient supply fuels biological export production, the degradation of which causes a subsurface de®cit in dissolved oxygen which is most intense at intermediate
depths (the O2 minimum in a). The hypothetical ice-age Southern Ocean described in the text includes the following changes (c, d). Upwelling into the Antarctic surface decreased,
possibly due to an equatorward shift in the belt of eastward winds, and/or a freshening of the surface (`salinity-strati®cation') related to an increase in sea ice. In the subantarctic,
the winds may have driven the upwelling of intermediate-depth waters, which formed in the North Atlantic and/or North Paci®c. The supply of iron from dust was high (broad
downward arrows and red stippling). Organic carbon export was higher in the subantarctic but lower in the Antarctic (green arrows). Possibly due to the greater supply of dust-borne
iron, the degree of nitrate utilization was higher in both regions, leading to lower surface [NO-3 ] and less nutrient transport to the lower latitudes. This pattern of nutrient supply and
export production caused the O2 minimum to migrate into the abyssal ocean and reduced the release of CO2 from the Southern Ocean.
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ocean nutrient status and export production. However, more global
properties such as the 13C/12C ratio of atmospheric CO2 (refs 92, 93),
the O2 content of the ocean subsurface, and the relative timing of
geochemical and climatic changes40 are also important constraints
on this and other hypotheses for glacial/interglacial CO2 change. For
instance, atmospheric CO2 is among the early parameters to change
going into an interglacial period, nearly coincident with the warming of high southern latitudes94, which supports a Southern Hemisphere origin for glacial/interglacial CO2 change.

Conclusion

The most viable hypotheses for the cause of glacial/interglacial CO2
change involve the extraction of carbon from the surface ocean by
biological production, either at low or high latitudes, necessarily
allied with changes in the marine calcium carbonate budget. Much
work remains to be done before a consensus can emerge on the
speci®c driver of glacial/interglacial CO2 changes. While our ability
to reconstruct past environmental conditions requires continued
effort, there also remain fundamental uncertainties about the
sensitivity of atmospheric CO2 to the oceanic changes discussed
above17. Nevertheless, our understanding of the potential causes is
much greater than when the CO2 changes were ®rst discovered.
Lessons learned from the investigation of glacial/interglacial CO2
change inform our thinking on the critical issues of the modern
carbon cycle. Several of the hypotheses for glacial/interglacial CO2
change relate directly to considerations for purposeful mitigation of
the anthropogenic CO2 increase45,58. Other hypothetical causes for
glacial/interglacial CO2 change have been recognized as potentially
important factors in possible situations of anthropogenic CO2
increase and global warming95. More generally, the mystery of
glacial/interglacial CO2 change has provided a focus for study of
the interaction among the diverse processes operating in the natural
environment, resulting in real progress toward a science of the Earth
system.
M
1.
2.
3.
4.
5.
6.
7.
8.
9.
10.

11.
12.
13.
14.
15.
16.
17.
18.
19.
20.
21.

Hays, J. D., Imbrie, J. & Shackleton, N. J. Variations in the Earth's orbit: Pacemaker of the Ice Ages.
Science 194, 1121±1132 (1976).
Berger, A., Imbrie, J., Hays, J., Kukla, G. & Saltzman, B. (eds) Milankovitch and Climate (Reidel,
Boston, 1984).
Barnola, J. M., Raynaud, D., Korotkevich, Y. S. & Lorius, C. Vostok ice core provides 160,000-year
record of atmospheric CO2. Nature 329, 408±414 (1987).
Petit, J. R. et al. Climate and atmospheric history of the past 420,000 years from the Vostok ice core,
Antarctica. Nature 399, 429±436 (1999).
Webb, R. S., Lehman, S. J., Rind, D. H., Healy, R. J. & Sigman, D. M. In¯uence of ocean heat transport
on the climate of the Last Glacial Maximum. Nature 385, 695±699 (1997).
Broecker, W. S. Glacial to interglacial changes in oceanchemistry. Progr. Oceanogr. 2, 151±197
(1982).
Adams, J. M., Faure, H., Faure-Denard, L., McGlade, J. M. & Woodward, F. I. Increases in terrestrial
carbon storage from the Last Glacial Maximum to the present. Nature 348, 711±714 (1990).
Crowley, T. J. Ice-Age terrestrial carbon changes revisited. Glob. Biogeochem. Cycles 9, 377±389
(1995).
Shackleton, N. J. in The Fate of Fossil Fuel CO2 in the Oceans (eds Sundquist, E. T. & Broecker, W. S.)
401±427 (American Geophysical Union, Washington DC, 1977).
Curry, W. B., Duplessy, J. C., Labeyrie, L. D. & Shackleton, N. J. Changes in the distribution of
d13C of deep water TCO2 between the last glaciation and the Holocene. Paleoceanography 3, 317±
341 (1988).
Duplessy, J. C. et al. Deepwater source variations during the last climatic cycle and their impact on the
global deepwater circulation. Paleoceanography 3, 343±360 (1988).
Bird, M. I., Lloyd, J. & Farquhar, G. D. Terrestrial carbon storage at the LGM. Nature 371, 566
(1994).
Spero, H., Bijma, J., Lea, D. & Bemis, B. Effect of seawater carbonate concentration on foraminiferal
carbon and oxygen isotopes. Nature 390, 497±500 (1997).
CLIMAP. The surface of the ice-age earth. Science 191, 1131±1144 (1976).
Guilderson, T. P., Fairbanks, R. G. & Rubenstone, J. L. Tropical temperature variations since 20,000
years ago: modulating interhemispheric climate change. Science 263, 663±665 (1994).
Keir, R. S. On the late Pleistocene ocean geochemistry and circulation. Paleoceanography 3, 413±445
(1988).
Broecker, W. S. et al. How strong is the Harvardton-Bear constraint? Glob. Biogeochem. Cycles 13,
817±820 (1999).
Fairbanks, R. G. A 17,000-year glacio-eustatic sea level record: In¯uence of glacial melting rates on
the Younger Dryas event and deep-ocean circulation. Nature 342, 637±642 (1989).
Broecker, W. S. Ocean chemistry during glacial time. Geochim. Cosmochim. Acta 46, 1689±1706
(1982).
Berger, W. H. Increase of carbon dioxide in the atmosphere during deglaciation: The coral reef
hypothesis. Naturwissenschaften 69, 87±88 (1982).
Broecker, W. S. & Peng, T.-H. The role of CaCO3 compensation in the glacial to interglacial

868

atmospheric CO2 change. Glob. Biogeochem. Cycles 1, 15±29 (1987).
22. Milliman, J. D. Marine Carbonates (Springer, New York, 1974).
23. Edmond, J. M. et al. Ridge crest hydrothermal activity and the balances of the major and minor
elements in the ocean: The Galapagos data. Earth Planet. Sci. Lett. 46, 1±18 (1979).
24. Sayles, F. L. & Mangelsdorf, P. C. Jr The equilibration of clay minerals with seawater: exchange
reactions. Geochim. Cosmochim. Acta 41, 951±960 (1977).
25. Berger, W. H. Planktonic foraminifera: selective solution and the lysocline. Mar. Geol. 8, 111±138
(1970).
26. Archer, D. Modeling the calcite lysocline. J. Geophys. Res. 96, 17037±17050 (1991).
27. Broecker, W. S. & Takahashi, T. The relationship between lysocline depth and in situ carbonate ion
concentration. Deep-Sea Res. 25, 65±95 (1978).
28. Broecker, W. S. in The Late Cenozoic Glacial Ages (ed. Turekian, K. K.) 239±265 (Yale Univ. Press, New
Haven, Connecticut, 1971).
29. Catubig, N. et al. Global deep-sea burial rate of calcium carbonate during the last glacial maximum.
Paleoceanography 13, 298±310 (1998).
30. Archer, D. & Maier-Raimer, E. Effect of deep-sea sedimentary calcite preservation on atmospheric
CO2 concentration. Nature 367, 260±263 (1994).
31. Dymond, J. & Lyle, M. Flux comparisons between sediments and sediment traps in the eastern
tropical Paci®c: Implications for atmospheric CO2 variations during the Pleistocene. Limnol.
Oceanogr. 30, 699±712 (1985).
32. Keir, R. S. Is there a component of Pleistocene CO2 change associated with carbonate dissolution
cycles? Paleoceanography 10, 871±880 (1995).
33. Sigman, D. M., McCorkle, D. C. & Martin, W. R. The calcite lysocline as a constraint on glacial/
interglacial low-latitude production changes. Glob. Biogeochem. Cycles 12, 409±427 (1998).
34. Emerson, S. & Bender, M. L. Carbon ¯uxes at the sediment-water interface of the deep sea: calcium
carbonate preservation. J. Mar. Res. 39, 139±162 (1981).
35. Hales, B. & Emerson, S. Calcite dissolution in sediments of the Ceara Rise: In situ measurements of
porewater O2, pH, and CO2(aq). Geochim. Cosmochim. Acta 61, 501±514 (1997).
36. Red®eld, A. C., Ketchum, B. H. & Richards, F. A. in The Sea (ed. Hill, M. N.) Vol. 2, 26±77
(Interscience, New York, 1963).
37. McElroy, M. B. Marine biological controls on atmospheric CO2 and climate. Nature 302, 328±329
(1983).
38. Chisholm, S. W. & Morel, F. M. M. (eds) What controls phytoplankton production in nutrient-rich
areas of the open sea? Limnol. Oceanogr. 36(8) (special volume) 1507±1970 (1991).
39. Ruttenberg, K. C. Reassessment of the oceanic residence time of phosphorous. Chem. Geol. 107, 405±
409 (1993).
40. Broecker, W. S. & Henderson, G. M. The sequence of events surrounding Termination II and their
implications for the cause of glacial-interglacial CO2 changes. Paleoceanography 13, 352±364 (1998).
41. Gruber, N. & Sarmiento, J. L. Global patterns of marine nitrogen ®xation and denitri®cation. Glob.
Biogeochem. Cycles 11, 235±266 (1997).
42. Ganeshram, R. S., Pedersen, T. F., Calvert, S. E. & Murray, J. W. Large changes in oceanic nutrient
inventories from glacial to interglacial periods. Nature 376, 755±758 (1995).
43. Altabet, M. A., Francois, R., Murray, D. W. & Prell, W. L. Climate-related variations in denitri®cation
in the Arabian Sea from sediment 15N/14N ratios. Nature 373, 506±509 (1995).
44. Pride, C. et al. Nitrogen isotopic variations in the Gulf of California since the last deglaciation:
Response to global climate change. Paleoceanography 14, 397±409 (1999).
45. Falkowski, P. G. Evolution of the nitrogen cycle and its in¯uence on the biological sequestration of
CO2 in the ocean. Nature 387, 272±275 (1997).
46. Broecker, W. S. & Peng, T.-H. Tracers in the Sea (Eldigio, Palisades, New York, 1982).
47. Tyrrel, T. The relative in¯uences of nitrogen and phosphorus on oceanic primary production. Nature
400, 525±531 (1999).
48. Karl, D. et al. The role of nitrogen ®xation in biogeochemical cycling in the subtropical North Paci®c
Ocean. Nature 388, 533±538 (1997).
49. Haug, G. H. et al. Glacial/interglacial variations in productivity and nitrogen ®xation in the Cariaco
Basin during the last 550 ka. Paleoceanography 13, 427±432 (1998).
50. Pedersen, T. F. Increased productivity in the eastern equatorial Paci®c during the last glacial
maximum (19,000 to 14,000 yr B. P.). Geology 11, 16±19 (1983).
51. Berger, W. H., Herguera, J. C., Lange, C. B. & Schneider, R. in Carbon Cycling in the Glacial Ocean:
Constraints on the Ocean's Role in Global Change (eds Zahn, R., Kaminski, M., Labeyrie, L. &
Pederson, T. F.) 385±412 (Springer, New York, 1994).
52. Farrell, J. W., Pedersen, T. F., Calvert, S. E. & Nielsen, B. Glacial±interglacial changes in nutrient
utilization in the equatorial Paci®c Ocean. Nature 377, 514±517 (1995).
53. Sanyal, A., Hemming, N. G., Broecker, W. S. & Hanson, G. N. Changes in pH in the eastern equatorial
Paci®c across stage 5-6 boundary based on boron isotopes in foraminifera. Glob. Biogeochem. Cycles
11, 125±133 (1997).
54. Knox, F. & McElroy, M. Changes in atmospheric CO2 in¯uence of the marine biota at high latitude.
J. Geophys. Res. 89, 4629±4637 (1984).
55. Sarmiento, J. L. & Toggweiler, J. R. A new model for the role of the oceans in determining atmospheric
pCO2. Nature 308, 621±624 (1984).
56. Siegenthaler, U. & Wenk, T. Rapid atmospheric CO2 variations and ocean circulation. Nature 308,
624±626 (1984).
57. Broecker, W. S. & Peng, T.-H. The cause of the glacial to interglacial atmospheric CO2 change: A polar
alkalinity hypothesis. Glob. Biogeochem. Cycles 3, 215±239 (1989).
58. Martin, J. H. Glacial-interglacial CO2 change: The iron hypothesis. Paleoceanography 5, 1±13 (1990).
59. Francois, R. F. et al. Water column strati®cation in the Southern Ocean contributed to the lowering of
glacial atmospheric CO2. Nature 389, 929±935 (1997).
60. Mortlock, R. A. et al. Evidence for lower productivity in the Antarctic during the last glaciation.
Nature 351, 220±223 (1991).
61. Kumar, N. et al. Increased biological productivity and export production in the glacial Southern
Ocean. Nature 378, 675±680 (1995).
62. Rosenthal, Y., Dahan, M. & Shemesh, A. Southern Ocean contributions to glacial-interglacial changes
of atmospheric CO2: Evidence from carbon isotope records in diatoms. Paleoceanography 15, 65±75
(2000).
63. Smith, H. J., Fischer, H., Wahlen, M., Mastroianni, D. & Deck, B. Dual modes of the carbon cycle
since the Last Glacial Maximum. Nature 400, 248±250 (1999).

© 2000 Macmillan Magazines Ltd

NATURE | VOL 407 | 19 OCTOBER 2000 | www.nature.com

review article
64. Di Tullio, G. R. et al. Rapid and early export of Phaeocystis antarctica blooms in the Ross Sea,
Antarctica. Nature 404, 595±598 (2000).
65. Moore, J. K., Abbott, M. R., Richman, J. G. & Nelson, D. M. The Southern Ocean at the last glacial
maximum: A strong sink for atmospheric carbon dioxide. Glob. Biogeochem. Cycles 14, 455±475 (2000).
66. Sigman, D. M., Altabet, M. A., Francois, R., McCorkle, D. C. & Gaillard, J.-F. The isotopic
composition of diatom-bound nitrogen in Southern Ocean sediments. Paleoceanography 14, 118±
134 (1999).
67. Toggweiler, J. R. Variations in atmospheric CO2 driven by ventilation of the ocean's deepest water.
Paleoceanography 14, 571±588 (1999).
68. Stephens, B. B. & Keeling, R. F. The in¯uence of Antarctic sea ice on glacial/interglacial CO2
variations. Nature 404, 171±174 (2000).
69. Boyle, E. A. Cadmium: Chemical tracer of deepwater paleoceanography. Paleoceanography 3, 471±
489 (1988).
70. Keigwin, L. D. & Boyle, E. A. Late quaternary paleochemistry of high-latitude surface waters.
Paleogeogr. Palaeoclim. Paleoecol. 73, 85±106 (1989).
71. Charles, C. D. & Fairbanks, R. G. in Geological History of the Polar Oceans: Arctic versus Antarctic (eds
Bleil, U. & Thiede, J.) 519±538 (Kluwer Academic, Boston, 1988).
72. Elder®eld, H. & Rickaby, R. E. M. Oceanic Cd/P ratio and nutrient utilization in the glacial Southern
Ocean. Nature 405, 305±310 (2000).
73. Broecker, W. S. & Maier-Reimer, E. The in¯uence of air and sea exchange on the carbon isotope
distribution in the sea. Glob. Biogeochem. Cycles 6, 315±320 (1992)..
74. Altabet, M. A. & Francois, R. Sedimentary nitrogen isotopic ratio as a recorder for surface ocean
nitrate utilization. Glob. Biogeochem. Cycles 8, 103±116 (1994).
75. Sigman, D. M., Altabet, M. A., Francois, R., McCorkle, D. C. & Fischer, G. The d15N of nitrate in the
Southern Ocean: Consumption of nitrate in surface waters. Glob. Biogeochem. Cycles 13, 1149±1166
(1999).
76. McCorkle, D. C., Martin, P. A., Lea, D. W. & Klinkhammer, G. P. Evidence of a dissolution effect on
benthic foraminiferal shell chemistry: delta C-13, Cd/Ca, Ba/Ca, and Sr/Ca results from the Ontong
Java plateau. Paleoceanography 10, 699±714 (1995).
77. Kohfeld, K. E., Fairbanks, R. G., Smith, S. L. & Walsh, I. D. Neogloboquadrina pachyderma (sinistral
coiling) as paleoceanographic tracers in polar oceans: Evidence from northeast water polynya
plankton tows, sediment traps, and surface sediments. Paleoceanography 11, 679±699 (1996).
78. De La Rocha, C. L., Brzezinski, M. A., DeNiro, M. J. & Shemesh, A. Silicon-isotope composition of
diatoms as an indicator of past oceanic change. Nature 395, 680±683 (1998).
79. Hutchins, D. A. & Bruland, K. W. Iron-limited diatom growth and Si:N uptake ratios in a coastal
upwelling regime. Nature 393, 561±564 (1998).
80. Takeda, S. In¯uence of iron availability on nutrient consumption ratio of diatoms in oceanic waters.
Nature 393, 774±777 (1998).
81. Mahowald, N. et al. Dust sources and deposition during the last glacial maximum and current
climate: A comparison of model results with paleodata from ice cores and marine sediments. J.
Geophys. Res. Atmos. 104, 15895±15916 (1998).
82. Rosenthal, Y., Boyle, E. A. & Labeyrie, L. Last glacial maximum paleochemistry and deepwater
circulation in the Southern Ocean: evidence from foraminiferal cadmium. Paleoceanography 12,
787±796 (1997).

NATURE | VOL 407 | 19 OCTOBER 2000 | www.nature.com

83. Toggweiler, J. R., Carson, S. & Bjornsson, H. Response of the ACC and the Antarctic pycnocline to a
meridional shift in the southern hemisphere westerlies. Eos 80, OS286 (1999).
84. Morley, J. J. & Hays, J. D. Oceanographic conditions associated with high abundances of the
radiolarian Cycladophora davisiana. Earth Planet. Sci. Lett. 66, 63±72 (1983).
85. Sarmiento, J. L. & Orr, J. C. Three-dimensional simulations of the impact of Southern Ocean nutrient
depletion on atmospheric CO2 and ocean chemistry. Limnol. Oceanogr. 36, 1928±1950 (1991).
86. Herguera, J. C., Jansen, E. & Berger, W. H. Evidence for a bathyal front at 2000 m depth in the glacial
Paci®c, based on a depth transect on Ontong Java Plateau. Paleoceanography 7, 273±288 (1992).
87. Behl, R. J. & Kennett, J. P. Brief interstadial events in the Santa Barbara basin, NE Paci®c, during the
past 60 kyr. Nature 379, 243±246 (1996).
88. Boyle, E. A. The role of vertical chemical fractionation in controlling late quaternary atmospheric
carbon dioxide. J. Geophys. Res. 93, 15701±15714 (1988).
89. Toggweiler, J. R. & Samuels, B. Effect of Drake Passage on the global thermohaline circulation. DeepSea Res. I 42, 477±500 (1998).
90. Gnanadesikan, A. A simple predictive model for the structure of the oceanic pycnocline. Science 283,
2077±2079 (1999).
91. Boyle, E. A. & Keigwin, L. D. Deep circulation of the North Atlantic for the last 200,000 years:
geochemical evidence. Science 218, 784±787 (1982).
92. Leuenberger, M., Siegenthaler, U. & Langway, C. C. Carbon isotope composition of atmospheric CO2
during the last Ice Age from an Antarctic ice core. Nature 357, 488±490 (1992).
93. Marino, B. D. & McElroy, M. B. Isotopic composition of atmospheric CO2 inferred from carbon in C4
plant cellulose. Nature 349, 127±131 (1991).
94. Sowers, T. & Bender, M. Climate records covering the last deglaciation. Science 269, 210±214 (1995).
95. Sarmiento, J. L., Hughes, T. M. C., Stouffer, R. J. & Manabe, S. Response of the ocean carbon cycle to
anthropogenic climate warming. Nature 393, 245±249 (1998).
96. Bassinot, F. C. et al. The astronomical theory of climate and the age of the Brunhes-Matuyama
magnetic reversal. Earth Planet. Sci. Lett. 126, 91±108 (1994).
97. Holmen, K. in Global Biogeochemical Cycles (eds Butcher, S. S., Charlson, R. J., Orians, G. H. & Wolfe,
G. V.) 239±262 (Academic, New York, 1992).
98. Honjo, S. in Particle Flux in the Ocean (eds Ittekkot, V., Schafer, P., Honjo, S. & Depetris, P. J.) (Wiley
Interscience, Munich, 1996).
99. Oppo, D. W. & Lehman, S. J. Mid-depth circulation of the subpolar North Atlantic during the last
glacial maximum. Science 259, 1148±1152 (1993).
100. Keigwin, L. D. Glacial-age hydrography of the far northwest Paci®c Ocean. Paleoceanography 13,
323±339 (1998).

Acknowledgements
We thank R. F. Anderson, M. L. Bender, M. A. Brzezinski and J. R. Toggweiler for
discussions. We are indebted to P. G. Falkowski, G.M. Henderson and C. Prentice for
comments on the manuscript.
Correspondence and requests for materials should be addressed to D.M.S.
(e-mail: sigman@princeton.edu).

© 2000 Macmillan Magazines Ltd

869

