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Abstract The National Center for Atmospheric Re-
search-Community Climate System Model (NCAR-
CCSM) is used in a coupled atmosphere–ocean–sea-ice
simulation of the Last Glacial Maximum (LGM, around
21,000 years ago) climate. In the tropics, the simulation
shows a moderate cooling of 3 �C over land and 2 �C in
the ocean in zonal average. This cooling is about 1 �C
cooler than the CLIMAP sea surface temperatures
(SSTs) but consistent with recent estimates of both land
and sea surface temperature changes. Subtropical waters
are cooled by 2–2.5 �C, also in agreement with recent
estimates. The simulated oceanic thermohaline circula-
tion at the LGM is not only shallower but also weaker
than the modern with a migration of deep-water for-
mation site in the North Atlantic as suggested by the
paleoceanographic evidences. The simulated northward
flow of Antarctic Bottom Water (AABW) is enhanced.
These deep circulation changes are attributable to the
increased surface density flux in the Southern Ocean
caused by sea-ice expansion at the LGM. Both the Gulf
Stream and the Kuroshio are intensified due to the
overall increase of wind stress over the subtropical
oceans. The intensified zonal wind stress and southward
shift of its maximum in the Southern Ocean effectively
enhances the transport of the Antarctic Circumpolar
Current (ACC) by more than 50%. Simulated SSTs are
lowered by up to 8 �C in the midlatitudes. Simulated

conditions in the North Atlantic are warmer and with
less sea-ice than indicated by CLIMAP again, in agree-
ment with more recent estimates. The increased merid-
ional SST gradient at the LGM results in an enhanced
Hadley Circulation and increased midlatitude storm
track precipitation. The increased baroclinic storm ac-
tivity also intensifies the meridional atmospheric heat
transport. A sensitivity experiment shows that about
half of the simulated tropical cooling at the LGM
originates from reduced atmospheric concentrations of
greenhouse gases.

1 Introduction

Since the pioneering efforts of the CLIMAP project
members (1976, 1981), the understanding of the climate
of the LGM has been an important challenge con-
fronting the climate community. With ongoing concerns
about climate change due to increasing greenhouse gases
(IPCC WG-I 1996), the study of past climate plays a
unique role in understanding both the natural variability
of the climate system and model sensitivity to climatic
perturbations.

Most simulations of the LGM climate to date have
been made with stand-alone atmospheric or oceanic
general circulation models. In these simulations, the
lower (upper) boundary of the atmosphere (ocean) is
prescribed. Two approaches are usually adopted in
atmospheric general circulation models. One is pre-
scribing global observed or reconstructed SSTs (Gates
1976; Manabe and Hahn 1977; Kutzbach and Wright
1985; Rind and Peteet 1985; Kutzbach and Guetter
1986; Hall et al. 1996; Crowley and Baum 1997; Dong
and Valdes 1998), the other is prescribing oceanic heat
transport with a mixed-layer ocean to mimic the effect
of SST feedback on the climate system (Hewitt and
Mitchell 1997; Webb et al. 1997; Dong and Valdes
1998; Broccoli 2000).
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Despite a major increase in the number of marine
records available over the last two decades, CLIMAP
(1981) remains the only data set describing SST patterns
on a global grid. However, recent work shows that there
are substantial problems with this gridded data set both
in the tropics and in the North Atlantic. Specifically,
CLIMAP estimates of tropical SSTs are too warm in the
Coral Sea (Anderson et al. 1989), the tropical Atlantic
Ocean (Guilderson et al. 1994; Zhao et al. 1995; Chap-
man et al. 1996; Wolff et al. 1998; Mix et al. 1999), the
subtropical and tropical Pacific Ocean (Ohkouchi et al.
1994; Prahl et al. 1995; Patrick and Thunell 1997; Lee
and Slowey 1999) and the tropical Indian Ocean (Bard
et al. 1997; Sonzogni et al. 1997). Atmosphere-only
simulations using prescribed CLIMAP SSTs are intrin-
sically constrained by the imposed boundary conditions
and this results in substantial discrepancies between
simulated and observed temperature changes over the
land in the tropics (see e.g., Pinot et al. 1999a). A large
part of this disagreement between simulated and ob-
served tropical climates results from the interpolation
techniques used by CLIMAP (1981) in regions of the
tropical oceans where the ocean data coverage was poor
(Broccoli and Marciniak 1996). Simulations in which the
CLIMAP SSTs are globally lowered by 2 �C (e.g., Rind
and Peteet 1985) result in a tropical cooling that is more
consistent with data-based estimates of the LGM cool-
ing. Similarly, at least some simulations made with a
mixed-layer ocean within the Palaeoclimate Modelling
Intercomparison Project (PMIP: Pinot et al. 1999a) ap-
pear to be able to produce tropical cooling consistent
with both marine and terrestrial observations.

The discrepancies between CLIMAP and more recent
reconstructions of ocean conditions in the North Atlan-
tic pose a more fundamental problem. Reconstructions
based on foraminiferal test (Weinelt et al. 1996) and di-
noflagellate cyst (de Vernal et al. 1997, 2000; Rochon
et al. 1998) assemblages suggest that the seasonal cycle of
SSTs in the North Atlantic was considerably larger than
shown by CLIMAP (1981), and that large areas of
the Greenland–Iceland–Norwegian (GIN) seas assumed
to have been ice-covered throughout the year in the
CLIMAP data set were ice-free in summer. Sensitivity
experiments made using the Weinelt et al. (1996) data set
indicate that the reduced sea-ice cover and warmer SSTs
in summer weaken the zonal circulation over Europe and
northern Eurasia (Joussaume et al. 1999; Pinot et al.
1999b). Simulations that only take into account the
thermal response of the ocean and neglect dynamical
changes cannot reproduce the large seasonal shifts in sea-
ice limits and ocean temperatures in the North Atlantic
shown by the most recent reconstructions of ocean con-
ditions (see e.g., Kageyama et al. 2001). This provides a
strong motivation, in the absence of a revised global data
set of SSTs, to use dynamical ocean models.

Ocean-only simulations of the LGM are driven by
prescribing the momentum, heat, and freshwater fluxes
into the ocean. Global reconstructions of these fluxes do
not exist, and therefore the ocean simulations made to

date have either used estimates derived from atmo-
spheric simulations or have used restoration techniques
to mimic the fluxes. Thus, the majority of the LGM
ocean simulations have used momentum flux (wind
stress) estimates based upon the output of atmospheric
simulations of the LGM (Lautenschlager et al. 1992;
Seidov et al. 1996; Seidov and Haupt 1997; Bigg et al.
1998; Winguth et al. 1999). Most ocean models have
used CLIMAP SSTs as a restoring boundary condition
for heat flux. Freshwater fluxes have been derived
from the output of LGM atmospheric simulations
(Lautenschlager et al. 1992). Alternatively, in limited
regions where there are data-based reconstructions of
LGM salinity (e.g., Duplessy et al. 1991), surface salinity
is restored to mimic the freshwater flux (Seidov et al.
1996; Seidov and Haupt 1997). Inverse methods have
also been used to infer the global salinity pattern of the
LGM based on reconstructed paleonutrient distribu-
tions linked to the LGM overturning circulation in the
ocean (Winguth et al. 1999). None of these methods is
entirely reliable. The known problems with the CLI-
MAP data set mean that use of these SST reconstruc-
tions either directly as a restoring boundary condition or
indirectly through prescribing ocean conditions in the
atmospheric simulations is problematic. The alternative
approaches of using sea surface salinity (SSS) or pale-
onutrient reconstructions are based on relatively little
data and are therefore poorly constrained.

The use of coupled atmosphere–ocean models pro-
vides a way to avoid the deficiencies in the LGM sim-
ulations of atmosphere or ocean alone (e.g., Ganopolski
et al. 1998; Weaver et al. 1998; Bush and Philander 1998;
1999; Hewitt et al. 2001; Kitoh et al. 2001). In this study,
we use a coupled atmosphere–ocean–sea-ice model, the
NCAR-CCSM (Boville and Gent 1998), integrated for
a long enough period (110 years, after a long spin-up
of each component) to ensure statistical reliability, to
investigate the climate and the tendency of the oceanic
overturning circulation at the LGM.

2 The NCAR-CCSM model

The NCAR-CCSM version 1.4 is used to simulate the climate of
the LGM without any flux adjustment. The coupled model consists
of four independent components representing the atmosphere,
ocean, sea-ice, and land surface. Each component of the model
communicates with each other part through a flux coupler. While
the ocean component communicates at a daily interval, the atmo-
sphere, land surface, and sea-ice components communicate at an
hourly interval.

The atmospheric component of the model, the Community
Climate Model (CCM; Kiehl et al. 1998) version 3.6, employs
spectrally truncated T31 grid resolution (�3.75�) in the horizontal
with 18 vertical levels. Besides CO2, the model includes the radia-
tive effects of CH4, N2O, CFC-11 and CFC-12. The radiative
forcing contributions of various greenhouse gases to the LGM
climate will be discussed later. The land surface model (LSM;
Bonan 1998) calculates surface fluxes and soil moisture content but
employs prescribed vegetation types.

The ocean component, the NCAR-CCSM Ocean Model
(NCOM; Gent et al. 1998), has non-uniform horizontal and
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vertical grid resolutions (hereafter referred to as ·3¢ resolution).
The horizontal grid increases from 0.8� latitude on the equator to
1.85� at the poles, although the grid is a uniform 3.6� in longitude.
There are 25 non-uniform grid boxes vertically, with the smallest
(12 m thick) at the surface and the largest (450 m thick) at depth.
The Gent-McWilliams eddy mixing parameterization (Gent and
McWilliams 1990; Gent et al. 1995) is used in the horizontal tracer
equations. Vertically, the non-local K-profile boundary layer mix-
ing parameterization of Large et al. (1994) is incorporated with a
background-mixing coefficient of 1.5 · 10–5 m2Æs–1. A deep ocean
acceleration technique (Bryan 1984) is applied during the ocean
spin-up integrations to obtain a quasi-equilibrium state of oceanic
overturning circulation.

The sea-ice component, the NCAR-CCSM Sea-Ice Model
(CSIM; Weatherly et al. 1998), consists of a three-layer thermo-
dynamic sea-ice model, based upon Semtner (1976), and a cavi-
tating fluid dynamic sea-ice model (Flato and Hilber 1992) applied
at the same resolution as NCOM.

Instead of using a river runoff model, due to the uncertainty of
river systems at the LGM, we incorporate a simple precipitation-
scaling scheme (Boville and Gent 1998) to ensure the conservation
of freshwater in the coupled model.

3 Experimental design and coupling procedures

3.1 Boundary conditions

The orbital parameters, eccentricity, obliquity and the longitude of
perihelion are set to the LGM values (Berger 1978; Table 1). The
height and the extent of ice-sheets are interpolated from the pale-
otopography map of Peltier (1994). The ocean depth is uniformly
reduced by 105 m so that modern continental shelves shallower
than 105 m are exposed. Currently available maps of vegetation
distribution at the LGM (e.g., Adams and Faure 1997; Crowley
and Baum 1997) are not consistent with site-based vegetation
reconstructions based on pollen and/or plant macrofossil data
(Prentice et al. 2000). We simply used the modern vegetation dis-
tributions (except in the regions covered by ice-sheets). The vege-
tation of the continental shelf freshly exposed at the LGM is
assigned by averaging the modern vegetation types of the nearest
points. The change of ocean salinity due to the presence of the large
fresh-water ice-sheets is taken into account by increasing the sa-
linity in the ocean by 1 psu (practical salinity unit). The concen-
trations of CO2, CH4, and N2O are lowered to the values
reconstructed from Greenland and Antarctic ice cores (Table 1;
Raynaud et al. 1993). The reduction of CO2 from 280 ppmv (pre-
industrial concentration) to 200 ppmv results in a radiative forcing
change of –1.8 WÆm–2 compared to the pre-industrial era (Fig. 1).
The change in CH4 and N2O results in a further –0.7 WÆm–2 change
in forcing. Thus, the total LGM radiative forcing change due to
reduction of greenhouse gases is –2.5 WÆm–2, which is comparable

to previous calculations (Hoffert and Covey 1992; Hansen et al.
1993). In addition to the reduced greenhouse gases, it is also sug-
gested that the presence of ice-sheets also causes the radiative
forcing change comparable to the reduced greenhouse gas forcing
at the LGM (Hewitt and Mitchell 1997; Broccoli 2000).

3.2 Coupling procedures

Combinations of the model components are integrated separately
to obtain an appropriate initial state of the coupled system prior to
full coupling (Fig. 2, Table 2). The atmospheric model, CCM3/
LSM, with thermodynamic sea-ice (CISM) is integrated for 10
model years with observed SSTs (Shea et al. 1990) for the modern
atmosphere control (A-CTL) and with CLIMAP SSTs (CLIMAP

Table 1 Orbital parameters (Berger 1978) and greenhouse gas
concentrations (Raynaud et al. 1993) used for the modern and the
LGM simulations. The numbers in parentheses represent the pre-
industrial concentrations of greenhouse gases

MODERN LGM

Orbital parameters
Eccentricity 0.016724 0.018994
Obliquity 23.446� 22.949�
Longitude of perihelion 102.04� 114.42�

Greenhouse gases (ppm)
CO2 354.4(280.0) 200
CH4 1.722(0.800) 0.35
N2O 0.308(0.288) 0.19
CFC-11 0.51·10–3(0) 0
CFC-12 0.46·10–3(0) 0

Fig. 1 The radiative forcing (WÆm–2) of greenhouse gases, CO2,
CH4, N2O, CFC-11 and CFC-12, today and at the LGM relative to
pre-industrial levels. The calculations of radiative forcing follow
IPCC WG-I (1996), i.e. the radiative forcing of CO2, CH4, N2O,
CFC-11 and CFC-12 are

CO2 ¼ 5:35� ln
C

C0

CH4 ¼ 0:036�
ffiffiffiffiffi

M
p

�
ffiffiffiffiffiffiffi

M0

p

� �

� vðM;N0Þ � vðM0;N0Þð Þ
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ffiffiffiffi
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ffiffiffiffiffiffi
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CFC� 11 ¼ 0:22�X

CFC� 12 ¼ 0:28�Y

where C, M, N, X and Y are the concentrations of CO2, CH4, N2O,
CFC-11 and CFC-12 respectively; C0, M0 and N0 are the
equivalent pre-industrial concentrations of CO2, CH4 and N2O,
and

vða;bÞ¼ 0:47� ln 1þ2:01� e�5�ða�bÞ
0:75

þ5:31� e�15�a�ða�bÞ
1:53

� �

:

Radiative forcing inferred from proxy data at the LGM (Hoffert
and Covey 1992; Hansen et al. 1993) are also plotted for
comparison

Shin et al.: A Simulation of the Last Glacial Maximum climate using the NCAR-CCSM 129



project members 1981) for the LGM atmosphere (A-LGM). The
heat, freshwater, and momentum fluxes from the last five-year re-
sults of A-CTL and A-LGM are used to drive the oceanic com-
ponent of the model. The ocean model, NCOM, with CISM (both
thermodynamic and dynamic sea-ice components) is spun-up for 20
and 40 surface model years for the modern ocean (O-CTL) and the
LGM ocean (O-LGM) respectively. The 20 and 40 surface model
years are equivalent to 1000 and 2000 model years in the deep
ocean respectively because of the use of a deep acceleration tech-
nique (Bryan 1984) during spin-up. The coupled integrations
(coupled control, C-CTL, and coupled LGM, C-LGM) are per-
formed for 110 model years without any flux adjustment or deep
acceleration. The convergence issue of the coupled LGM simula-
tion will be discussed in Appendix 1.

An alternative LGM simulation started from the modern ocean
state (initial state of C-CTL ocean) is also integrated for 300 sur-
face model years with a deep-ocean acceleration, equivalent to
15,000 abyssal model years. The simulated results of two LGM
simulations are remarkably close to each other. The comparisons of
two LGM simulations will be discussed in Appendix 1.

The sensitivity of the coupled climate model to lowered
greenhouse gases alone was also tested (C-LGHG). This inte-
gration starts from the initial state of C-CTL and proceeds for 40
model years with the LGM concentrations of greenhouse gases
(Table 1).

The results presented here are averaged over the last 50 years in
the coupled modern and LGM runs (C-CTL and C-LGM) and
over the last 20 years in coupled sensitivity test (C-LGHG).

4 Results

4.1 Sea surface conditions

4.1.1 Temperature and salinity

Despite the fact that the LGM tropical ocean surface
gains more heat than the modern (Table 3), a zonal

Fig. 2 Schematic diagram of the spin-up and coupling procedures

Table 2 The experiments and boundary conditions. The numbers in parentheses are the averaging periods for the analysis

Experiment name Land/sea
configuration

Orbital
parameters

Greenhouse
gases

Vegetation
types

Integration period
(years) (averaging
period; years)

Atmospheric spin-up
A-CTL Modern Modern Modern Modern 10(5)a

A-LGM LGM LGM LGM Modern + glaciers 10(5)a

Oceanic spin-up
O-CTL Modern – – – 20b

O-LGM LGM – – – 40b

Coupled experiments
C-CTL Modern Modern Modern Modern 110(50)
C-LGM LGM LGM LGM Modern + glaciers 110(50)
C-LGHG Modern Modern LGM Modern 40(20)c

aThe atmospheric spin-up integration is forced with SSTs from
Shea et al. (1990) climatology in A-CTL and from CLIMAP (1981)
in A-LGM
bThe O-CTL (O-LGM) is spun-up using the surface fluxes from the
A-CTL (A-LGM) with the deep acceleration technique (Bryan
1984)

cThe coupled sensitivity test, C-LGHG, starts from a modern ocean
state with the deep acceleration technique in the first 10 model
years. Then, 30-year integration is performed without the deep
acceleration technique
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cooling of 2 �C is simulated in the tropics (Fig. 3a),
which is about 1 �C cooler than the CLIMAP SSTs. The
largest differences with CLIMAP estimates occur in the
tropical Indo-Pacific (Fig. 3b). In the tropical Atlantic,
the average of the simulated SST change agrees with the
CLIMAP estimates (Fig. 3c), although differences exist
in the north–south structure (Fig. 3c). About half of the
simulated tropical cooling is caused by reduced green-
house gases (Fig. 3a–c). In addition to the reduced
greenhouse effect, the positive water-vapor feedback
contributes to the simulated tropical cooling (Broecker
1995). Figure 4 shows the zonally averaged surface rel-
ative humidity, and zonally and vertically averaged
specific humidity change in the simulations. Whereas the
specific humidity (water content of the atmosphere) is
decreased in all latitudinal bands with the largest de-
crease in the tropics at the LGM (Fig. 4b; see also
Fig. 18d), the surface relative humidity shows little
change at the LGM, only about 1% decrease in the

tropics (Fig. 4a). These humidity changes induce the
positive water-vapor feedback in the atmosphere and, in
turn, SST cooling in the ocean. Furthermore, it is shown
that the LGM cooling in the Southern Ocean by
the positive sea-ice-albedo feedback also contributes to
the tropical cooling by enhanced ocean ventilation of the
thermocline and the intermediate waters (Liu et al.
2001).

The simulations are significantly different from CLI-
MAP estimates in the subtropics, where the small cool-
ing (or even slight warming in the Indo-Pacific) shown
by CLIMAP estimates is replaced by 2–2.5 �C cooling.
This cooling is due partly to lowered greenhouse gases
and partly to atmosphere–ocean interaction including
the export of cold air from the continents, which cools
the western oceans. The largest simulated ocean cooling
occurs in the mid- and high latitudes near the sea-ice
margin, with 5 �C in the North Pacific, 6 �C in the
North Atlantic and 5 �C in the Southern Ocean. In the

Table 3 The glacial-modern
changes in the surface heat flux
(WÆm–2) and the freshwater flux
(mÆyr–1) over the ocean

>45�S 45�S–15�S 15�S–15�N 15�N–45�N 45�N<

Heat flux change
(WÆm–2)

–4.0 0.9 1.4 –0.1 –13.1

Freshwater flux change (mÆyr–1)
P-E 16.3 8.3 –6.3 11.6 –8.1
Ice effect –25.0 –9.9

Fig. 3 The differences of zon-
ally averaged annual SST (�C)
in the a global Ocean, b Indo-
Pacific Ocean and c Atlantic
Ocean including the Arctic, for
the LGM minus control (C-
LGM-C-CTL, black lines) and
for the LGM greenhouse gas
forcing minus control (C-
LGHG-C-CTL, gray lines).
d–f are the same as a–c, but for
the SSS (psu). The dots in a–c
represent the SST differences
inferred by CLIMAP (1981)
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mid- and high latitudes, the contribution from reduced
greenhouse gases is small except between 50–60�N.

Globally, the latitudinal variation of simulated SST
approximately follows CLIMAP reconstructions except
between 40–60�N where the simulated cooling is much
smaller than CLIMAP estimates. The north–south SST
gradient in the tropics is increased slightly in the
Southern Hemisphere during the LGM, but remains the
same or slightly reduced in the Northern Hemisphere
(Fig. 3a). The SST gradient in the midlatitudes in
C-LGM is increased compared to C-CTL in both
hemispheres (Fig. 3a). These changes in the thermal
gradient of the ocean surface impact on atmospheric
eddy activity and meridional atmospheric heat transport
(as discussed later).

Sea surface salinity, excluding the 1 psu increase due
to the presence of ice-sheets (discussed previously), is
characterized by ubiquitous freshening (i.e., changes
<1 psu) due to overall increase of freshwater flux
(precipitation minus evaporation, P-E) anomaly at the
LGM (Table 3), except in the sea-ice covered regions
(Fig. 3d). The increase in salinity under sea-ice is mainly
due to the release of brine during the sea-ice formation
in C-LGM (Table 3). In contrast to the SST changes, the
contributions of greenhouse gases to the SSS changes
are small and even of opposite sign in ice-free regions. In
C-LGHG, the SSS is increased in the Indo-Pacific and
decreased in the North Atlantic Ocean. But, the opposite
change is observable in C-LGM as a zonal average, i.e.,
a saltier North Atlantic (north of 40�N) and a fresher
Indo-Pacific Ocean. This implies that changes of LGM
atmospheric circulation caused by something other than
greenhouse gases alter the atmospheric hydrological

cycle and the interbasin moisture transport. This saltier
North Atlantic (north of 40�N) is mainly because of the
salinity increase in the south of Greenland and in the
Arctic Ocean (see Fig. 5b) by decrease of P-E (figure not
shown) and the sea-ice thickening (see Fig. 20 and
Table 3) respectively. SSS in the North Atlantic between
60–70�N, spanning the part of GIN Seas, is lower than
modern (Figs. 3c, 5b). This freshening is caused, in part,
by seasonal melting of sea-ice (see Fig. 21). Since this
region is one of the formation sites of North Atlantic
Deep Water (NADW), it is conceivable that a substan-
tial change of deep-water formation is in progress in the
coupled LGM simulations.

Maps of the SST changes (Fig. 5a) confirm the exis-
tence of strong north–south SST gradients, with large
cooling in mid- to high latitudes and smaller cooling in
the tropics, but show that the anomalous east–west SST
gradients are relatively weak. For instance, a near uni-
form cooling of 2 �C is apparent in the equatorial Pa-
cific, although there is a tendency for larger (3 �C)
cooling in the far western and smaller (1 �C) cooling in
the far eastern equatorial Pacific.

The widespread freshening in the ocean is also evi-
dent in the SSS anomaly patterns (Fig. 5b). Away from
the sea-ice covered region, the SSS is increased by 2 psu
only in the south of Greenland. The freshening is also
shown in the modern NADW formation areas, i.e., the
Nordic seas. The migration of salty waters indicates that
deep-water is being formed south of Greenland at the
LGM, and the oceanic mixed-layer depth is increased in
this region (see Sect. 4.2.2; Fig. 11a, b). Salinity is also
increased in the Antarctic due to increased sea-ice for-
mation at the LGM.

4.1.2 Wind stress

The surface zonal wind stress is generally strengthened
at the LGM (Fig. 6). In addition to local increase, the
wind stress is further enhanced by southward shift of
maximum stress in the North Atlantic (Fig. 6c) and in
the Southern Ocean (Fig. 6a). In contrast to the small
changes in the Indo-Pacific Ocean, the wind stress in the
North Atlantic Ocean shows an increase of over
0.05 NÆm–2 near 30–60�N (Fig. 6c) mainly due to the
southward shift of the core of westerlies. In the Southern
Ocean, the stress is increased about 25% with a 3–4�
poleward shift of maximum stress (Fig. 6a). These
changes in surface wind stress have a significant impact
on surface ocean circulation (see Sect. 4.2.1).

4.1.3 Comparisons with paleodata

The simulated SST differences (C-LGM-C-CTL and
C-LGHG-C-CTL) are compared with four data-based
reconstructions: the grided (2� · 2�) CLIMAP SSTs
(CLIMAP project members 1981) based on the trans-
fer function method with planktonic foraminiferal

Fig. 4 a Zonally averaged glacial-modern surface relative humidity
change (%). b Zonally and vertically averaged glacial-modern
specific humidity change (10–6 gÆkg–1)
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assemblages, the TEMPUS data set (Rosell-Melé et al.
1998) based on alkenones, the BLGM data set (Trend-
Staid 1999) based on the modern analogue method with
planktonic foraminiferal assemblages, and reconstruc-
tions based on dinocyst assemblages (de Vernal et al.
2000). The locations where these data were collected are
shown in Fig. 7.

Generally speaking, the standard error of SST esti-
mations based on planktonic foraminiferal assemblages
is ±1.5 �C for summer and ±1.9 �C for winter (Moore
et al. 1980). The alkenone-based reconstructions are
associated with a standard error of ±1.5 �C (Müller
et al. 1998). The assessments using dinocyst assemblages
are assigned standard errors of ±1.6 �C and ±1.2 �C
for summer and winter respectively (de Vernal et al.
2000). An error range for the modern analogue tech-
nique can be estimated from the range of ‘‘closest
analogues’’ identified. For a dissimilarity cutoff of 0.25,
the range is typically about ±5 �C (Fig 12 of Trend-
Staid 1999).

The comparisons with CLIMAP estimates indicate
two major features: (1) the absence of subtropical
warming in the simulation, and (2) the simulation of
conditions warmer than shown by CLIMAP in some

regions of the northern midlatitude ocean (Fig. 8). The
warm SST anomalies shown by CLIMAP estimates in
the subtropical Pacific are replaced by 2–2.5 �C cooling
in the coupled simulations. This simulated cooling is
consistent, however, with temperature reconstructions
using d18O in the subtropical North Pacific (Lee and
Slowey 1999) and with alkenone-based SST reconstruc-
tions from the subtropics (Rosell-Melé et al. 1998). The
simulation that conditions warmer than shown by
CLIMAP estimates in the northern midlatitudes is
consistent with dinocyst-based SST reconstructions
from the North Atlantic (de Vernal et al. 2000).

In the tropics, the simulation is broadly consistent
with alkenone data. In the high-latitude northern
oceans, near 50�N, the simulations underestimate the
cooling shown by the foraminiferal data sets, but are
broadly in agreement with the reconstruction of smaller
cooling based on the dinoflagellate data. There are also
robust east–west features of the tropical SST anomaly,
shown by alkenones as well as foraminifera. These fea-
tures are not captured in our simulation.

Reconstructions of SSS at the LGM are only avail-
able for the northern North Atlantic Ocean (Duplessy
et al. 1991; de Vernal et al. 2000). The simulated salinity

Fig. 5 Spatial patterns of
annual glacial-modern differ-
ences of a SST (�C) and b SSS
(psu). Contour intervals are
1 �C and 0.25 psu for a and
b respectively. The positive
values are gray-shaded
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changes at the LGM (Fig. 5b) are consistent with
d18O-based reconstructions (Duplessy et al. 1991)
showing that the largest freshening occurs in the Nordic
Sea, where NADW is formed at present. However, SSS
estimates based on dinocyst assemblages (de Vernal et
al. 2000) indicate fresher conditions along the east coast
of North America and on the margin of the Fenno-
scandian Ice-Sheet than shown either by the d18O re-
constructions or in our simulation. These discrepancies
probably reflect the importance of correctly incorpo-
rating the impact of sea-ice on salinity, both in making
SSS reconstructions and in the simulations.

4.2 Ocean circulation

4.2.1 Wind-driven circulation

The ocean circulation at the LGM is changed in many
respects relative to the modern situation. Both the
transports of the Gulf Stream and the Kuroshio are
enhanced (Fig. 9b) because of the overall increase of
surface wind, thereby wind stress curl, in the subtrop-
ical oceans (see Fig. 6a). The Gulf Stream transport is
enhanced by up to 10 Sv (�30% above modern
strength) with a southward shift of its flow path
(Fig. 9b) due to the strengthened and southward shift
of westerlies in the North Atlantic (see Fig. 6c). The
Kuroshio transport is also slightly enhanced at the
LGM, �4 Sv.

There is very little evidence which can be used to
evaluate the simulated changes in wind-driven (surface)
circulation patterns at the LGM. Although density
contrasts inferred from d18O imply a reduction in
transport through the Florida Straits (Lynch-Stieglitz
et al. 1999), both paleonutrient measurements and in-
ferred ventilation rates based on d13C and d18O mea-
surements (Slowey and Curry 1992) suggest that the
subtropical gyre in the North Atlantic was strength-
ened at the LGM. This is in good agreement with the

Fig. 6 The annual zonally averaged zonal wind stress (NÆm–2) for
the control (C-CTL, thick black line), LGM (C-LGM, thick gray
line) and the difference, LGM minus control (C-LGM-C-CTL, thin
black line) in the a global Ocean, b Indo-Pacific Ocean, and
c Atlantic Ocean including the Arctic. The control and the LGM
wind stress scales are given on the left-hand side of figures. The
anomalous wind stress (LGM minus control) scale is given on the
right-hand side of figures. The positive sign indicates westerlies

Fig. 7 The sites of SST estima-
tions in the ocean
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simulated strengthening of the Gulf Stream (about
30% greater than modern, an increase that is statisti-
cally significant at the 95% level; Fig. 9b). On the basis
of latitudinal variations between surface temperatures
and the seasonal thermocline, it has been suggested
that the Kuroshio was slightly enhanced at the LGM
than today (Sawada and Handa 1998). The simulated
Kuroshio is about 4 Sv stronger at the LGM than the
modern, again in agreement with paleoceanographic
data.

The transport of the ACC increased over 50%
(�60 Sv) at the LGM compared to modern (Fig. 9b),
primarily because of both the enhanced strength and
the southward shift of maximum wind stress (see
Fig. 6a). This southward shift appears to be due, at
least in part, to enhanced low-level baroclinicity and
stronger low-level wind at the LGM sea-ice front. In
the Southern Ocean, the zonal wind stress is increased
about 25% with a 3–4� poleward shift of maximum
stress (see Fig. 6a). Klinck and Smith (1993) show that
both the strength and the position of wind stress are
closely tied to the transport of the ACC; the transport
of the ACC increases linearly with zonal wind stress
and diminished blocking effect by the South American

Continent. The strength of ACC is also affected by the
strength of the thernohaline circulation off the Ant-
arctic shelf. The sensitivity experiments using NCOM,
the same ocean model as present study, show that the
strength of ACC increases with meridional overturning
strength off the Antarctic shelf (Gent et al. 2001).
The LGM meridional overturning circulation in the
Antarctic Ocean enhanced by 2 Sv (Fig. 10a, d). This
enhanced overturning circulation also contributes to
the ACC increase at the LGM. In C-CTL, the maxi-
mum transport of the ACC (120 Sv) occurs in the
Drake Passage, which is consistent with hydrographic
data (Whitworth 1983).

The various throughflows at the LGM and the
modern are diagnosed using the island circulation rule
(Godfrey 1989), equivalent to a maximum transport
through straits (Table 4). The Indonesian throughflow
during the LGM decreased by 20% (�5 Sv). The cir-
culation through the Tasman Sea increased by 100%
(�14 Sv) and the Agulhas current decreased about 7 Sv.
Enhanced palaeoproductivity in the Timor Straits
(Müller and Opdyke 2000) implies decreased Indonesian
throughflow during the LGM, consistent with the sim-
ulated decrease.

Fig. 8 The glacial-modern changes in zonally averaged annual SST
(�C) from a TEMPUS (open circle) and dinocyst assemblages
(closed circle), b BLGM (open circle), c CLIMAP (line) and d the
simulations (line and dots represent LGM minus control, C-LGM-

C-CTL, and LGM greenhouse gas forcing minus control, C-
LGHG-C-CTL, respectively). e–h and i–l are the same as a–d, but
for February and August respectively
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4.2.2 Thermohaline circulation

Due to the substantial changes of SST and SSS (the
surface buoyancy forcing), the oceanic overturning cir-
culation is in a different mode of operation at the LGM
(Broecker et al. 1985; Broecker and Denton 1989). Al-
though the coupled models (C-CTL and C-LGM) are
integrated for only 110 years, they started from more
glacial-like ocean state than the modern control because
of a deep-ocean acceleration used during ocean spin-up.
Although small changes in the thermohaline circulation
are still occurring (see Fig. 24b) the general tendency is
clear. Furthermore, an LGM simulation started from
modern ocean state (same initial state of C-CTL ocean)
integrated for 300 surface model years using a deep-
ocean acceleration, which is equivalent to 15,000 years in
the deep-ocean, shows the same final overturning cir-
culation patterns and strength as in the present study
(see Fig. 24b).

There is a weakened meridional overturning circula-
tion at the LGM compared to the modern control as
suggested by paleoceanographic data (Duplessy et al.
1988; Broecker and Denton 1989; Lea and Boyle 1990).
In the region of deep-water formation in the Northern
Hemisphere (Fig. 10a, d) the flow is 30 Sv in C-CTL and
24 Sv in C-LGM. The same tendency appears in the
North Atlantic, 30 Sv in C-CTL and 24 Sv in C-LGM
(Fig. 10c, f). Furthermore, both the global and the

North Atlantic overturning cells are significantly shal-
lower in the LGM simulation than in the modern con-
trol. The simulated glacial overturning cell in the North
Atlantic shallower by about 1000–2000 m than the
modern, and is accompanied by an enhanced intrusion
of bottom water from the Southern Ocean into the
North Atlantic, which is consistent with paleoceano-
graphic evidences (Duplessy et al. 1988; Broecker and
Denton 1989; Lea and Boyle 1990).

The deep-water formation site can be traced by using
the oceanic mixed-layer depth. In this study, we use a
definition of the oceanic mixed-layer depth of Large et al.
(1997). The formation site of the NADW at the LGM,
as indicated by the deep oceanic mixed-layer depth,
migrates from the Labrador Sea, south of Iceland and
the Nordic Seas at modern control (Fig. 11a) to mainly
south of Greenland at the LGM (Fig. 11b). As inferred
from the paleoceanographic data, deep-water also forms
in the seasonally ice-free Nordic Seas at the LGM
(Weinelt et al. 1996; Rosell-Melé and Koc 1997). The
remarkable enhancement of the deep-water formation in
the Weddell Sea at the LGM is also apparent in the
oceanic mixed-layer depth analysis (Fig. 11c, d).

Since the surface density anomaly, a combination of
the thermal and the haline density anomalies, can pro-
duce thermohaline circulation change, we diagnose the
surface density flux (kgÆm–2Æs–1) (Schmitt et al. 1989;
Speer and Tziperman 1992; Doney et al. 1998). The

Fig. 9 The annual oceanic
barotropic stream function
(Sv = 106 m3Æs) of the a control
(C-CTL) and the difference,
b LGM minus control
(C-LGM-C-CTL). Contour
intervals are 20 Sv and 10 Sv
for a and b respectively.
Negative values are dashed
and gray-shaded
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density flux is divided into thermal and haline density
flux components to evaluate the relative contribution of
two surface buoyancy forces on the LGM thermohaline
circulation change. The surface density flux is defined as,

Fq ¼� aFT þ bFS ¼ �a � Q
Cp

þ b � qð0; T Þ � ðE � P � IÞ � S
1� S

;

ð1Þ

with the thermal expansion ða ¼ � 1
q
@q
@T jp;SÞ and haline

contraction coefficients ðb ¼ 1
q
@q
@Sjp;T Þ.

In these expressions, Cp, q(S, T ), p, T and S are
specific heat, density, pressure, sea surface temperature
and sea surface salinity respectively. Q, E, P and I

represent net heat flux, evaporation, precipitation, and
water flux by sea-ice melting and growth respectively.

Figure 12 shows the surface density flux changes at
the LGM. While the thermal density flux change dom-
inates in the North Atlantic, the haline density flux
change dominates in the Southern Ocean. As in the
modern climate, the NADW formation rate at the LGM
is primarily controlled by the thermal density flux, i.e.,
the export of cold air from the North American conti-
nent. Although the haline density flux is also increased at
the LGM mainly in the Nordic Seas, an intense surface
cooling over 8 �C (see Fig. 5a) makes the surface waters
dense enough to form the NADW in the south of
Greenland at the LGM. The density flux change in the
North Atlantic, however, does not indicate a reduced
NADW formation at the LGM, but rather indicates a
migration of deep-water formation site. On the contrary,
the Southern Ocean shows a significant increase of
density flux at the LGM (Fig. 12f). Furthermore, this
density flux change in the Southern Ocean is attributable
to the haline density flux change under the regions of
year round sea-ice cover at the LGM (Figs. 12d, 20).
The water formation rate diagnosed by only using
the surface density flux in the North Atlantic shows
similar NADW formation rate, but significant increase
of AABW formation rate in the Southern Ocean by

Fig. 10 The annual meridional
overturning stream function
(Sv) in the a global Ocean,
b Indo-Pacific Ocean and
c Atlantic Ocean including the
Arctic of the modern control
(C-CTL); d–f are the same as
a–c but for the simulation of the
LGM (C-LGM). Contour
interval is 2 Sv. Negative values
are dashed and gray-shaded

Table 4 The strength of the various throughflows (Sv) in the ocean
at the modern and at the LGM. The numbers in parentheses
epresent the ±1 standard deviation over the last 50 years in the
simulations

C-CTL C-LGM

Indonesian Throughflow 26.1(1.5) 19.7(0.9)
Tasman Sea 12.3(3.3) 26.9(3.7)
Mozambique Channel
(Agulhas current)

34.9(1.4) 28.2(1.3)
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enhanced salt pump (Broecker and Peng 1987) at the
LGM compared to the modern (Shin 2002). It implies
that the enhanced AABW formation by sea-ice change
controls the depth and strength of NADW at the LGM.
A more complete analysis on the cause of LGM ther-
mohaline circulation will be presented elsewhere.

4.3 Atmospheric circulation

4.3.1 Surface circulation

The maximum surface cooling (about 20 �C) occurs in
the high latitudes of the Northern and the Southern

Fig. 11 The annual oceanic mixed-layer depth of the a modern control (C-CTL) and b LGM (C-LGM) in the North Atlantic; c, d are the
same as a, b but for the Southern Ocean

Fig. 12 The annual glacial-modern change in a thermal density flux, b haline density flux, and c total (thermal plus haline) density flux in
the North Atlantic; d–f are the same as a–c but for the Southern Ocean
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Hemispheres during winter because of the presence of
ice-sheets and expanded sea-ice (Fig. 13). The average
cooling over land in the tropics is 3 �C (Fig. 13) and is
spatially rather uniform (Fig. 14). Greenhouse gases

explain only half of the glacial-age temperature change
in the tropics. As discussed in Sect. 4.1.1, the positive
water-vapor feedback also contributes to the simulated
tropical cooling at the LGM.

The changes of precipitation at the LGM are mainly
concentrated near the Intertropical Convergence Zone
(ITCZ) with a maximum decrease of over 200 cmÆyear–1

(‡50%) in the Pacific Ocean (Fig. 15). The precipitation
in monsoon regions is also significantly decreased, e.g.,
in India, North Africa, southwest US/Mexico and
southeastern China (Fig. 15d). Increased precipitation
occurs over the subtropical ocean (20�–30�) of the winter
hemisphere due to the enhanced subtropical to midlati-
tude storms at the LGM (Fig. 15b, d). The precipitation
is increased over the eastern portion of the North At-
lantic Ocean between 30–50�N due to the well-developed
anomalous cyclonic circulation during winter (Fig. 16b).

The reduced monsoon strength during the LGM is
also apparent in the 850 hPa wind difference between
C-CTL and C-LGM during boreal summer (Fig. 16d).
The surface wind in the Arabian Sea, supplying the
major moisture source of monsoon rainfall to India, is
reduced due to reduced land-ocean temperature con-
trast. This reduction of the low-level Arabian Sea wind

Fig. 13 The zonally averaged annual surface temperature differ-
ences (�C) for the LGMminus control (C-LGM-C-CTL, black line)
and for the LGM greenhouse gas forcing minus control (C-LGHG-
C-CTL, gray line). The thick and thin lines represent the differences
computed over all surface points and land points only respectively

Fig. 14 LGM changes
(C-LGM-C-CTL) of surface
temperature (�C) during the
Northern Hemisphere a winter
(DJF) and b summer (JJA).
Contour interval is 2 �C
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Fig. 15 The precipitation (cmÆyr–1) of the a control (C-CTL) and b
difference between LGM and control (C-LGM-C-CTL) during the
Northern Hemisphere winter (DJF); c, d show the same variables as

a, b, but for the Northern Hemisphere summer (JJA). Regions
where statistical significance is less than 95% are dotted in b and d

Fig. 16 The maps of the 850 hPa wind velocity (mÆs–1) and the
surface pressure (hPa) in the Northern Hemisphere of the a control
(C-CTL) and difference, b LGM minus control (C-LGM-C-CTL),
during the Northern Hemisphere winter (DJF); c, d are the same as

a, b, but for the Northern Hemisphere summer (JJA). The reference
wind vectors are shown in the upper left corner of each map.
Contour intervals are 5 hPa in a and c, 2.5 hPa in b and d. Negative
values in b and d are dashed and gray-shaded

140 Shin et al.: A Simulation of the Last Glacial Maximum climate using the NCAR-CCSM



during the summer monsoon is less than shown in earlier
simulations with prescribed CLIMAP SSTs (e.g.,
COHMAP Members 1988).

A well-developed anticyclonic circulation is evident in
the vicinity of ice-sheets during boreal winter due to the
cooling and associated divergent outflow (Fig. 16b). In
comparison with earlier simulations with prescribed
CLIMAP SSTs (e.g., COHMAP Members 1988) where
the wintertime Aleutian Low was greatly deepened, our
simulation shows a small increase. In conjunction with
the southward-shifted westerlies in the North Atlantic, a
very strong cyclonic circulation develops in the midlat-
itude eastern North Atlantic Ocean during winter. This
enhanced westerly flow advects a warm maritime air
mass into the western European continent.

In the tropics of the Northern Hemisphere, the trade
winds are strengthened in both winter and summer
season in the Atlantic and weakened in the Pacific basin.
The enhanced trade wind during the glacial period over
the North Atlantic is consistent with the paleowind re-
constructions inferred from dust deposits (Sarnthein
et al. 1981) and the grain size distribution of eolian
sediments (Rea 1994). On the contrary, the decrease in
trade wind in the Pacific Ocean seems to contradict the
eolian sediment analysis (Janecek and Rea 1985; Rea
1994) and the oceanic thermocline changes (Andreasen
and Ravelo 1997; Trend-Staid 1999; Liu et al. 2000).

4.3.2 Zonally averaged circulation

The seasonally reversing cross-equatorial flow associat-
ed with the Hadley circulation during the LGM is

increased over 10% compared to the C-CTL (Fig. 17d, e).
In the C-CTL, the maximum overturning strength is 220
· 109 and 200 · 109 kgÆs–1 during boreal winter and
summer respectively (Fig. 17a, b), which agrees well
with climatological calculations (Peixoto and Oort
1992). In conjunction with the small change of SST
gradient in the tropics (Fig. 8h, i), the seasonal increase
of the Hadley cell can be attributed to increased me-
ridional SST gradient in the midlatitudes as noticed in a
coupled model by Bush and Philander (1999). The an-
nual mean Hadley circulation, however, remains little
changed (Fig. 17f).

The zonally averaged vertical atmospheric structures,
temperature and specific humidity (Fig. 18) indicate that
tropospheric cooling extends beyond 200 hPa in the
tropics with a maximum cooling of 5 �C in the upper
troposphere (Fig. 18b). Baroclinicity is increased in the
mid-troposphere during the LGM. The cooling anomaly
of 4 � 5 �C in the tropics is increased meridionally up to
16 �C at both poles. The atmospheric moisture content
(specific humidity) is reduced in the entire atmospheric
column with a maximum reduction in the lower tropo-
sphere (Fig. 18d). This indicates that not only are con-
ditions colder and drier during the glacial-age, but also
that positive water-vapor feedback enhances the cooling
(Broecker 1995; see Sect. 4.1.1).

4.4 Meridional heat transport

Changes in the atmospheric and oceanic circulations
have resulted in changes of meridional heat transport in
the coupled simulations. The total heat transport of the

Fig. 17 The atmospheric meridional overturning circulation
(109 kgÆs–1) during the a Northern Hemispheric winter (DJF),
b Northern Hemispheric summer (JJA), and c annual mean of
the modern control (C-CTL). Contour intervals are 20 · 109 kgÆs–1;

d–f are the same as a–c, but for the difference, LGM minus control
(C-LGM-C-CTL. Contour interval is 5 · 109 kgÆs–1). Negative
values are dashed and gray-shaded
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atmosphere-ocean system in each latitudinal band is
diagnosed from the difference between the net solar flux
and outgoing long wave radiative flux at the top-of-the-
atmosphere,

TTOTAL ¼ TATM þ TOCN ¼ 2pa2

�
Z

u

�p=2

ðSTOA � LTOAÞ � cosu � du ; ð2Þ

where, TTOTAL, TATM, and TOCN are the total, atmo-
spheric, and oceanic heat transport respectively, a is
radius of the Earth, u is latitude starting from South
Pole, STOA is net solar flux at the top of the atmosphere,
and LTOA is outgoing long wave radiative flux at the
top-of-the-atmosphere. Any imbalance of energy in
Eq. (2) is removed by a constant correction applied
uniformly over the globe.

The oceanic heat transport in each latitudinal circle,
TOCN, is calculated by zonal and vertical integration of
the meridional temperature flux, i.e.,

TOCN ¼ qc0a
Z Z

vT � cosu � dk � dz ; ð3Þ

where, TOCN is the oceanic heat transport, q is the
density of the ocean water (1000 kgÆm–3), c0 is the
specific heat of the ocean water (4187 JÆkg–1ÆK–1), k is
longitude, v is the north–south component of the ocean
current, and T is the ocean temperature. The atmo-
spheric heat transport, TATM, can be diagnosed as a
residual, TTOTAL – TOCN.

The simulated atmospheric heat transport in C-CTL
(Fig. 19a) is comparable to the calculations using
climatological data (Peixoto and Oort 1992). The
maximum atmospheric heat transport appears at 40� in

both hemispheres with a maximum of 5 PW (PW =
1015 W). At the LGM, the atmospheric heat transport is
increased in both hemispheres except in the tropics of
the Southern Hemisphere (10–30�S; Fig. 19b). On the
other hand, the atmospheric heat transport by the LGM
greenhouse gas reduction is decreased in the Northern
Hemisphere and increased in the Southern Hemisphere
(Fig. 19c). This implies that the enhanced Northern
Hemispheric atmospheric heat transport at the LGM is
caused by the presence of large ice-sheets, very likely
through the increased baroclinic eddy activity in the
atmosphere.

Globally, the oceanic heat transport change at the
LGM follows that of the Indo-Pacific Ocean except in
the northern midlatitudes where the oceanic heat
transport is increased mainly due to the increase in the
North Atlantic by enhanced Gulf Stream (Fig. 19b). In
the Southern Hemisphere, the heat transport of both
C-LGM and C-LGHG are increased in the subtropics.
In C-LGM, the increase is over 30%. Beyond 50�S, the
strengthened ACC prohibits southward heat transport
in LGM simulations. The heat transport is decreased in
the Indo-Pacific Ocean and increased in the Atlantic
Ocean at the LGM (Fig. 19b), which is the opposite
partitioning of the oceanic heat transport to that shown
both in earlier simulations (Ganopolski et al. 1998;
Weaver et al. 1998) and C-LGHG (Fig. 19c). The causes
of this difference may be related to differences in the
change of strength of the meridional overturning circu-
lation. Despite the differences in heat transport of indi-
vidual ocean basins, the coupled experiments
consistently show a change of maximum northward
oceanic heat transport at the LGM (+30% in the
Southern Hemisphere and –15% in the Northern
Hemisphere in this simulation).

Fig. 18 The zonally averaged
annual air temperature (�C) for
the a control (C-CTL. Contour
interval is 5 �C) and difference,
b LGM minus control (C-
LGM-C-CTL. Contour interval
is 1 �C); c, d are the same as
a, b, but for the specific hu-
midity (10–6 gÆkg–1). Contour
interval is 1 · 10–6 gÆkg–1 for
c. For d, contour interval is
0.25 · 10–6 gÆkg–1

142 Shin et al.: A Simulation of the Last Glacial Maximum climate using the NCAR-CCSM



4.5 Sea-ice

Sea-ice cover changes significantly at the LGM. In
C-LGM, the thin ice ( £ 1 m) in both the North Pacific
and the North Atlantic expands farther southward
compared to the modern. Thick (‡4 m) ice covers the
entire Arctic during both winter and summer (Fig. 20e,
g). However, the maximum sea-ice thickness during the
austral winter in C-LGM is similar to C-CTL in
the Southern Ocean. Thin ice advances 10� equatorward
in the Atlantic and in the Pacific Ocean and 5� in the
Indian Ocean during austral winter at the LGM com-
pared to the modern control (C-CTL) (Fig. 20b, f). The
seasonal fluctuation of the sea-ice margin in C-LGM is

ca 10� larger than C-CTL in the Southern Ocean. This
large movement of the sea-ice margin is not consistent
with the CLIMAP reconstructions but is consistent with
the recent reevaluation of sea-ice margin in the Southern
Ocean (Crosta et al. 1998). The results may be influenced
by biases in the control. For example, in C-CTL, the sea-
ice cover in the North Pacific is overestimated compared
to the observation during boreal winter (Fig. 20a).

There are continuing uncertainties about the seasonal
extent of sea-ice in the North Atlantic at the LGM.
Recent work (e.g., de Vernal et al. 2000) suggests the
North Atlantic was more open, at least seasonally, than
indicated by CLIMAP (1981). Figure 21 compares
the number of months of sea-ice cover as depicted in
the CLIMAP reconstruction and the simulation. In
CLIMAP reconstructions, the fractional sea-ice cover is
not estimated. Therefore, the sea-ice fraction in CLI-
MAP data is either 0% or 100%. Since the CSIM cal-
culates the fractional sea-ice cover, the comparisons are
performed for two cases: ice fraction larger than 0% and
larger than 75%. When the months of sea-ice cover are
calculated with a strict criterion, >0%, the simulated
sea-ice cover is overestimated compared to CLIMAP.
But with a criterion of >75%, much less monthly sea-
ice cover results with the seasonal openings in the
Norwegian Sea. The seasonal opening of sea-ice in the
Norwegian Sea at the LGM is suggested by recent
studies (Weinelt et al. 1996; Rosell-Melé and Koc 1997).
But compared to the reconstructions based upon dino-
cyst assemblages (de Vernal et al. 2000), the simulated
openings in the Nordic seas are less than the estimates
suggested by paleodata.

5 Climate change over land surface: comparisons
with paleodata

5.1 Tropics

The Farrera et al. (1999) data set provides quantitative
estimates of the LGM changes in mean temperature of
the coldest month (MTCO), based on records of vege-
tation changes, and mean annual surface temperature
(MAT), based on noble gas paleothermometry and iso-
tope measurements on speleothems, for the region be-
tween 32�N and 33�S. The changes in MTCO and MAT
are broadly similar in the low latitudes because the low
seasonality of insolation in the tropics offers little scope
for seasonal changes in temperature. Both variables in-
dicate that land temperatures in the tropics were on
average 2.5 to 3 �C cooler than today at modern sea
level. The simulated change in tropical temperatures
over land (3 �C) is thus in good agreement with the data-
based estimate. However, the data indicate that the
magnitude of this cooling is not spatially uniform:
Central America and northern South America cooled
by 5–6 �C, regions peripheral to the Indian Ocean
(southern and eastern Africa, India and Indonesia)
cooled by 2–3 �C, and the low-elevation cooling in

Fig. 19 The annual meridional heat transport (PW) for the
a control (C-CTL), and differences, b LGM minus control
(C-LGM-C-CTL) and c LGM greenhouse gas forcing minus
control (C-LGHG-C-CTL). The thick black and gray lines
represent the oceanic and atmospheric heat transport respectively.
The thin black and gray lines represent the oceanic heat transport in
the Indo-Pacific and in the Atlantic Ocean respectively
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Fig. 20 Sea-ice thickness (m) in
a February for the Northern
Hemisphere, b August for the
Southern Hemisphere, c August
for the Northern Hemisphere
and d February for the South-
ern Hemisphere of the control
(C-CTL); e–h show the same
variables as a–d, but for the
LGM simulation (C-LGM)
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Papua New Guinea and the islands of the western Pacific
Ocean was no more than about 1–2 �C (Fig. 22). By
contrast, the spatial structure of the tropical cooling in
our simulations is relatively uniform. Also, the recon-
structed change in MTCO at low-elevation sites in
subtropical southeastern North America and southern
China was substantially larger than simulated (Table 5).

The Farrera et al. (1999) data set also provides re-
constructions of the changes in lapse rate at the LGM.

The average change in lapse rate is –0.8 KÆkm–1. The
simulated change in lapse rate (–0.2 KÆkm–1, figure not
shown) is thus about 25% of the changes estimated from
data. The data show the largest changes in lapse rate in
the western Pacific Ocean (about –2 KÆkm–1). The sim-
ulation, however, shows the largest steepening in the
eastern Pacific Ocean and a shallowing of lapse rates in
the western Pacific. Thus the spatial patterning shown
by the simulation is not consistent with the observed
spatial variations in lapse rate within the tropics.

Paleo-environmental data, including vegetation-
based estimates of plant-available moisture (PAM)
(Farrera et al. 1999) and lake status data indicating
changes in runoff (Farrera et al. 1999; Kohfeld and
Harrison 2000), show that most of the tropics and
subtropics were very considerably drier at the LGM
than today. This evidence is consistent with the reduc-
tion of precipitation associated with the ITCZ and the
reduction of the strength of monsoonal circulations
shown in the LGM simulation. The weakening of the
surface winds over the Arabian Sea, which results in a
reduction in monsoonal precipitation over India in our
LGM simulation, is supported by evidence for weaker
upwelling (Overpeck et al. 1996).

5.2 Europe and western Siberia

The coupled model results are also compared with
the paleoclimate reconstructions from pollen records
(Peyron et al. 1998; Tarasov et al. 1999) and the PMIP
simulations (Kageyama et al. 2001) in Europe and
western Siberia. The warmer climate over Western
Europe, than indicated by both the pollen estimates
and the PMIP simulations, is obtained by coupled
LGM simulation during winter (Fig. 23a) mainly be-
cause the simulated SSTs in the North Atlantic at the
LGM is warmer than that in the PMIP simulations.
The anomalous cyclonic circulation that develops in the
midlatitude eastern North Atlantic during winter
(Fig. 16b) also contributes to the simulated warmer
condition in Western Europe. This enhanced westerly
flow advects a warm maritime air mass into Western
Europe. The annual surface temperature change over
Western Europe, however, shows a better agreement

Fig. 21 The counts of monthly sea-ice cover in the North Atlantic
from the a CLIMAP estimates, b LGM (C-LGM, sea-ice fraction
> 0%) and c LGM (C-LGM, sea-ice fraction > 75%)

Fig. 22 Reconstructed changes
in temperature at sea level,
based on lowland sites and the
application of regionally spe-
cific lapse rates, across the
tropics at the LGM. The data
are derived from Farrera et al.
(1999). Alkenone-based recon-
structions of SST changes in the
tropics, derived from the
TEMPUS data set (Rosell-Melé
et al. 1998) are also plotted for
comparison with the land-based
estimates
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with both the pollen records and the PMIP simulations
(Fig. 23b). The coupled simulations underestimate the
annual precipitation change over Western Europe
compared to both the pollen estimates and the PMIP
simulations (Fig. 23c). In Central Europe (Fig. 23d–f),

the same disagreement appears with much improve-
ment than that of Western Europe. In western Siberia,
the simulated climate shows good agreement with both
the paleoreconstructions and the PMIP simulations
(Fig. 23g–i).

Table 5 Glacial-age changes in mean temperature of the coldest
month (DMTCO, �C) over key regions defined by Pinot et al.
(1999a). The regions are: equatorial South America (50–75�W,
10�N–2�S), equatorial East Africa (25–45�E, 10�N–10�S), New
Guinea (130–150�E, 0–10�S), subtropical South Africa (15–35�E,
15–30�S) and subtropical eastern North America (75–85�W, 30–
35�N). The changes in coldest month temperature are inferred from
vegetation data at selected locations within the regions mentioned
(Farrera et al. 1999). The Minimum and Maximum of paleodata

represent the minimum and maximum DMTCO within the regions
respectively. The results of PMIP simulations (Pinot et al. 1999a)
are average of eight PMIP models with prescribed SSTs and eight
PMIP models with mixed-layer ocean. The simulated ranges of
DMTCO are also given in parentheses. Detailed descriptions of
PMIP models are in Pinot et al. (1999a). The coupled model,
NCAR-CCSM, results are area-averaged DMTCO of regions
mentioned

DMTCO PALEODATA PMIP SIMULATIONS NCAR-CCSM

(Farrera et al. 1999) (average and range of 8 models) (area-average)

Minimum Maximum CLIMAP SSTs Mixed-layer ocean Coupled model

Equatorial
South America

–3.0 –8.0 –2.0 (–1.0 to –3.0) –3.0 (–1.0 to –4.5) –3.5

Equatorial East
Africa

–3.0 –5.0 –3.0 (–2.0 to –4.0) –3.0 (–1.0 to –5.0) –3.5

New Guinea –2.0 –7.0 –2.0 (–0.5 to –5.0) –3.0 (–1.0 to –5.5) –3.6
Subtropical South
Africa

–3.7 –6.5 –3.0 (–2.0 to –3.5) –2.5 (–0.5 to –5.0) –5.0

Subtropical eastern
North America

–7.5 –15.5 –7.0 (–4.0 to –10.0) –10.5 (–7.0 to –15.0) –4.4

Fig. 23 The glacial-modern changes in zonally averaged a land
surface temperature in the coldest month (�C), b annual land
surface temperature (�C), and c annual precipitation change
(cmÆyr–1) over Western Europe (10�W–15�E); d–f and g–i are the
same as a-b, but for Central Europe (15–50�E) and western Siberia
(60–90�E) respectively. The line represents the coupled model

results, C-LGM C-CTL. The available pollen records over each
region are also plotted (closed circles and squares represent the data
from Peyron et al. 1998 and Tarasov et al. 1999 respectively). The
ranges of LGM climate change from PMIP simulations (Kageyama
et al. 2001) are also indicated by gray shading
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6 Concluding remarks

The NCAR-CCSM, a coupled dynamical model of the
atmosphere, ocean, and sea-ice, is used to simulate the
climate of the LGM in response to changes in the height
and extent of glaciers, land–sea distributions, green-
house gas concentrations and orbital parameters. The
results show a cooling of about 3 �C over the tropical
land surface and about 2 �C in the tropical ocean, with
half of the changes contributed by reduced greenhouse
gases at the LGM. In addition to greenhouse gas re-
duction, the positive water-vapor feedback and the en-
hanced ocean ventilation of the thermocline and the
intermediate waters mainly from the Southern Ocean
(Liu et al. 2001) may explain the other half of tropical
cooling. In contrast to CLIMAP SSTs, cooling
also occurs in the subtropical ocean, which is, in part,
due to lowered greenhouse gases and atmosphere-
ocean interaction. SSTs are cooled by up to 8 �C in the
midlatitudes.

The simulation provides the estimates of the coupled
dynamical response of the ocean to the LGM boundary
conditions. The oceanic overturning circulation at the
LGM appears not only shallower, but also weaker than
the modern condition. These deep circulation changes
are attributable to the increased surface density flux in
the Southern Ocean caused by sea-ice expansion at the
LGM. The intensified zonal wind stress along with the
poleward shift of maximum stress in the Southern Ocean
enhances the transport of ACC up to 50%. Both the
Gulf Stream and the Kuroshio are intensified due to the
overall increase of wind stress and, in turn, wind stress
curl in the subtropical oceans. The changes of SSS are
characterized by ubiquitous freshening relative to the
salinity increase imposed as a boundary condition, ex-
cept in the sea-ice covered regions. The increase in sa-
linity under the sea-ice is mainly due to the release of
brine during sea-ice formation. The simulated SSS in the
Nordic seas at LGM is less than present but is more than
present in the south of Greenland; this is where NADW
forms in the LGM simulation.

Due to the sharp SST gradient that develops in the
midlatitudes, the subtropical to midlatitude storm track
precipitation is increased. The largest land surface
cooling, over 20 �C, appears on the major ice-sheets
during winter. The water content of the entire atmo-
spheric column is decreased with maximum changes in
the lower troposphere. The monsoon rainfall during the
LGM is reduced in all monsoon regions including India,
North Africa, southwest US/Mexico and southeastern
China.

In zonal average, the simulated climate accords fairly
well with most reconstructed climate changes within
estimation uncertainties. The simulation shows two im-
portant differences from the CLIMAP reconstructions
of SSTs. One is the absence of subtropical oceanic
warming in the simulations. The warm SST anomalies
estimated from foraminiferal data in the subtropical

Pacific are replaced by 2–2.5 �C cooling in the coupled
simulations. The second difference is the simulation of
warmer conditions than CLIMAP in the northern
midlatitude oceans, associated with reduced sea-ice
cover. In both cases, more recent reconstructions (based
on alkenones for the subtropics and dinoflagellate as-
semablges for the North Atlantic) are broadly consistent
with the simulation and in conflict with CLIMAP.
Similarly, land-based reconstructions of low-elevation
changes in the tropics and subtropics support the zonally
averaged changes shown in the simulation. In Europe
and western Siberia, the simulated results underestimate
the wintertime cooling and the annual precipitation
change in the regions of oceanic influence, but better
agreement in the inland areas. The simulated seasonal
extent of sea-ice in the North Atlantic lies between two
extreme reconstructions, the extensive sea-ice shown
by CLIMAP and the more open condition shown by
dinoflagellate assemblages. In the Southern Ocean, the
simulated seasonal fluctuation of the sea-ice margin is
increased compared to the CLIMAP reconstructions but
broadly consistent with more recent reconstructions
based on diatoms.

East–west patterns in both sea and land temperatures
are less successfully simulated; the simulation tends to
produce a zonal cooling that is too uniform. This sug-
gests that other unconsidered factors with potentially
regionally heterogeneous climatic effects, such as vege-
tation feedbacks and aerosol forcing, may be at work.
Pollen and plant macrofossil data (e.g., Prentice et al.
2000) indicate a substantial decrease in forest cover at
the LGM and a corresponding increase in high-albedo
desert, steppe and tundra vegetation. Such vegetation
changes would significantly impact on the LGM cli-
mates (Levis et al. 1999). These changes have been im-
plicated (e.g., Mahowald et al. 1999) as the major cause
of the observed increase in atmospheric dust loading (2–
5 fold increase globally, with up to 20-fold increase in
high latitudes: Kohfeld and Harrison 2000; Kohfeld and
Harrison in press). Radiative calculations using realistic
LGM dust fields (Mahowald et al. 1999) and optical
properties suggest that a change in atmospheric dust
loading of this magnitude could have produced a change
in top-of-the-atmosphere forcing of about –2 to
–3 WÆm–2 in the tropics (Harrison et al. in press; Claquin
et al. submitted), with large regional heterogeneity due
to the uneven distribution of dust and the differing ra-
diative effect of absorbing aerosols over land and ocean.
Further investigations on the direct and indirect impacts
of land-surface changes are thus required to improve our
understanding of LGM climates. The ability to perform
fully prognostic simulations of the major observed fea-
tures of glacial-interglacial changes in the coupled
ocean-atmosphere system, as demonstrated here, is the
essential first step in this direction.
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Appendix 1

Convergence of the coupled LGM simulation

The time series of the volume averaged ocean temperature in
C-LGM is shown in Fig. 24a. Although the temperature change is
still occurring, the rate of temperature change is very small over the
last 50 years, 0.002 �CÆyr–1. This change is mainly because of the
large adjustment time-scale of the deep-ocean state.

To investigate the sensitivity of coupled LGM simulations to the
initial ocean states we integrated another coupled LGM simulation
(C-LGM2) started from the modern ocean state (initial ocean
state of C-CTL) for 300 surface model years with a deep-ocean

acceleration technique (Bryan 1984) equivalent to the 15,000
abyssal years. Two LGM simulations, C-LGM and C-LGM2,
produced a remarkably similar climate both in the ocean and in the
atmosphere (Liu et al. 2002; Shin 2002). For example, two LGM
simulations converge to a remarkably similar final meridional
overturning strength (about 20 Sv of NADW and about 4 Sv of
AABW) (Fig. 24b). This similarity between two LGM simulations,
C-LGM and C-LGM2, including the meridional overturning
strength regardless to the initial ocean state indicates the robustness
of our coupling procedures used in this study.
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Rosell-Melé A, Koc N (1997) Paleoclimatic significance of the
stratigraphic occurrence of phytosynthetic biomarker pigments
in the Nordic Seas. Geology 49–52
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